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ABSTRACT 21 

Melting relations in the MgSiO3–SiO2 system have been investigated at 13.5 22 

GPa using a Kawai-type multianvil apparatus. The system displays eutectic melting with 23 

the eutectic point located at SiO2/(SiO2+MgO) = 0.61 (in mol; which is denoted by XSi 24 

hereafter) and at 2350 ± 50 ℃. Taking into account the eutectic compositions at lower 25 

pressures shown in previous studies, i.e., 0.556 at 1 GPa (Hudon et al., 2005) and 0.60 at 26 

5 GPa (Dalton and Presnall, 1997), the eutectic composition is slightly enriched in SiO2 27 

with increasing pressure. The silica-rich eutectic composition is not consistent with the 28 

present peridotitic mantle composition (XSi = 0.43). Considering Si incorporation into iron 29 

alloys in a magma ocean, however, mass-balance calculations based on an E-chondrite 30 

model demonstrate that the silicate magma ocean could have XSi consistent with the 31 

present peridotitic mantle. 32 

 33 

 34 

Keywords: Melting; High pressure; MgSiO3–SiO2 system; Mantle; Enstatite chondrite 35 
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INTRODUCTION 38 

Understanding the melting behavior of silicates is essential for modeling the 39 

chemical differentiation in a deep magma ocean in the early stages of Earth’s history. 40 

Therefore, melting relations in the MgO–SiO2 system as a representative of the mantle 41 

have been extensively studied since the pioneering work by Bowen and Anderson (1914). 42 

Furthermore, many scenarios of chemical differentiation in a magma ocean have been 43 

proposed based on the results of high-pressure melting experiments (e.g., Kato and 44 

Kumazawa, 1985; Presnall and Gasparik, 1990; Ito and Katsura, 1992; Presnall et al., 45 

1998). However, almost all of these works have been carried out on bulk compositions 46 

ranging from MgO to MgSiO3, assuming that the bulk mantle composition is peridotitic 47 

or close to that derived from CI chondrites (e.g., Ringwood, 1966; Jagoutz et al., 1979; 48 

Takahashi, 1986; McDonough and Sun, 1995). Because the chemical compositions of CI 49 

chondrites are close to the composition of the solar composition, the bulk composition of 50 

the Earth is considered to be similar to that of CI chondrites. (e.g., Anders and Grevesse, 51 

1989; Allègre et al., 1995). However, the isotope compositions cannot be explained by 52 

the CI chondrite model. Highly precise isotope analyses (O, N, Mo, Ru, Os, Cr, and Ti) 53 

show that the Earth, Moon, and enstatite chondrites (E-chondrites) have almost 54 

indistinguishable isotopic compositions (e.g., Qin et al., 2010; Javoy et al., 2010; Warren, 55 

2011; Dauphas and Schauble, 2016). Therefore, the E-chondrite model has been 56 

postulated as a viable the Earth composition model (e.g., Javoy et al., 2010; Dauphas, 57 

2017; Piani et al., 2020). Contrary to the similar isotope compositions between E-58 

chondrites and the Earth, the XSi (= SiO2/(SiO2+MgO) (in mol)) of E-chondrites (0.53 to 59 

0.58; Wasson and Kallemeyn, 1988) is substantially higher than that of peridotitic mantle 60 
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(0.43; Takahashi, 1986). This has been argued as one of the major obstacles to the E-61 

chondrite model (e.g., Fitoussi and Bourdon, 2012). 62 

To understand mantle differentiation in the E-chondrite model and to evaluate 63 

the model, it is indispensable to clarify the melting relations in the MgSiO3–SiO2 system 64 

at high pressures. Nevertheless, there have been limited studies on the melting behavior 65 

of the MgSiO3–SiO2 system at high pressures: e.g., at 1 GPa using the piston cylinder 66 

(Hudon et al., 2005) and at 5 GPa using the Kawai-type multianvil apparatus (KMAA) 67 

(Dalton and Presnall, 1997). On the other hand, using a diamond anvil cell (DAC), 68 

melting experiments in the MgO–SiO2 system were carried out up to 139 GPa (Baron et 69 

al., 2017; Ozawa et al., 2018). According to these studies, the MgSiO3–SiO2 system 70 

displays eutectic melting and the XSi of the eutectic compositions systematically increases 71 

with increased pressure. 72 

In comparison with the DAC, the KMAA has remarkable advantages in 73 

investigating the high-pressure phase equilibria of silicates because a much larger sample 74 

volume is available under stable temperature conditions (e.g., Ito et al., 2007, Xie et al., 75 

2020). In this study, we determine the melting relations in the MgSiO3–SiO2 system at 76 

13.5 GPa as precisely as possible using the KMAA. In addition, we evaluate the E-77 

chondrite model based on the melting relations in the MgSiO3–SiO2 system determined 78 

in the present study combined with those determined in previous studies. 79 

In a multianvil apparatus, the sample pressure can be substantially altered upon 80 

heating due to the thermal expansion and the mechanical weakening of the pressure 81 

medium. As shown in previous studies conducted at high temperatures (e.g., Ito and 82 

Takahashi, 1989; Fei et al., 2004; Leinenweber et al., 2012), the effects of temperature at 83 

> 1000 ℃ on the generated pressure are not negligible. In this study, the sample heating 84 
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was conducted from 2250 to around 3000 ℃. Therefore, we also evaluate the effects of 85 

the generated pressure at such high temperatures. 86 

 87 

EXPERIMENTAL METHODS 88 

Seven starting materials with XSi = 0.55, 0.60, 0.61, 0.70, 0.80, 0.90, and 1.00 89 

were prepared (Table 1). The starting materials were prepared by mixing synthetic 90 

enstatite glass with high purity SiO2 glass (Kojundo Chemical Laboratory, Japan, 91 

99.999% purity) by weighing in the prescribed proportions. The glasses were weighed to 92 

have the prescribed compositions. Subsequently, they were mixed and ground using an 93 

alumina ceramic mortar to achieve homogeneity, and the grain size was less than 3 µm. 94 

High-pressure and high-temperature experiments at 13.5 GPa and up to ca. 95 

3000 ℃ were undertaken using the KMAA, USSA-1000, installed at the Institute for 96 

Planetary Materials, Okayama University. Tungsten carbide (WC) cubes with a 32 mm 97 

edge length and 4 mm truncated edge were employed as the second anvil. The specimen 98 

configuration is schematically illustrated in Fig. 1, similar to that employed by Ito and 99 

Katsura (1992). Octahedral pressure media were made of magnesia +5% Cr2O3 with a 10 100 

mm edge length. The powdered sample was directly loaded into a cylindrical rhenium 101 

heater placed inside a lanthanum chromite sleeve for thermal insulation. The sample 102 

temperature was monitored by a W25Re/W3Re thermocouple. The thermocouple 103 

junction was located at the midpoint of the Re-cylindrical heater (Fig. 1). To remove 104 

moisture, the octahedral pressure medium was heated at 1000 ℃ for 1 h. The whole 105 

assembly was dried at 200 ℃ for 1 h immediately before compression in every 106 

experimental run. No correction was made for the pressure effect on the emf of the 107 
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thermocouple. The pressure calibration was carried out at 2500 and 2850 ℃ based on the 108 

coesite–stishovite transition in SiO2 determined by Zhang et al. (1996). 109 

First, the sample was compressed to 13.5 GPa at room temperature and then 110 

heated to the prescribed temperature at a rate of 100 ℃/min. The sample was kept at the 111 

prescribed temperature for 5 min and was subsequently quenched by shutting off the 112 

electric power supply. Pressure was released at a rate of about 3 GPa/h. In Fig. 2, examples 113 

of the thermocouple temperature are plotted against the input power for typical runs. The 114 

relation between the temperature and the input power can be approximated by a quadratic 115 

relationship. When the thermocouple was accidentally broken during heating, the 116 

temperature was estimated by extrapolating the quadratic relationship obtained until just 117 

before thermocouple breakdown. The heating temperature was controlled to ± 20 ℃ at 118 

peak temperature in each experimental run. In the case that the thermocouple was broken, 119 

the uncertainties in temperature determination are estimated to be ± 50 ℃ at ≤2500 ℃ 120 

and ± 120 ℃ at >2500 ℃ based on the differences between the measured temperature 121 

and the estimated temperature using the fitting curve which were observed when the 122 

thermocouple survived. 123 

The recovered run product was mounted on glass with the longitudinal axis of 124 

the heater and the thermocouple wires parallel to the glass surface, and the product was 125 

subsequently embedded in epoxy resin. Afterward, the run product was ground and 126 

polished until the surface of the central region of the sample appeared together with the 127 

thermocouple. 128 

To observe the variation of phases along the temperature gradient through the 129 

sample, run products were observed using a field-emission scanning electron microscope 130 
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(FE-SEM: JEOL JSM-7001F) with an acceleration voltage and probe current of 15 kV 131 

and 15 nA, respectively. 132 

Phases in the run products were identified by micro-focused X-ray 133 

diffractometry (MF-XRD: Rigaku RINT RAPID II – CMF) with a Cu source. The applied 134 

voltage and the current were 40 kV and 30 mA, respectively. The detector was a curved 135 

imaging plate detector (camera length: 127.30 mm). 136 

The chemical compositions of the quenched glasses and solids present in the run 137 

products were determined using an electron probe microanalyzer (EPMA: JEOL JXA-138 

8800). In both the quantitative analysis and the elemental mapping, the accelerating 139 

voltage and the beam current were 15 kV and 12 nA, respectively. For quantitative 140 

analysis, the spot sizes were £10 µm with the standards of MgO and CaSiO3/SiO2 for Mg 141 

and Si, respectively. The analytical uncertainty was less than 0.7% (2s) in XSi. For 142 

elemental mapping, the beam size was 2 µm. 143 

 144 

RESULTS AND DISCUSSION 145 

Pressure calibration 146 

The generated pressure was assessed to be 13.5 GPa based on the pressure 147 

calibration described below. The pressure calibration was based on the phase relations of 148 

coesite–stishovite determined from the in situ X-ray diffraction observations by Zhang et 149 

al. (1996) in which the dP/dT slope of the coesite–stishovite phase boundary was 150 

determined at 500–1530 ℃, given by the following equation: 151 

P (GPa) = 6.1(4) + 0.0026(2) T (℃)                    (1). 152 

As described in Zhang et al. (1996), the estimated pressure of the coesite–stishovite–153 

liquid triple point was 13.3 GPa, obtained by assuming a linear extrapolation of the slope 154 
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to the melting temperature of coesite and stishovite (2800 ℃) determined by Zhang et al. 155 

(1993) in which the phase boundary was determined from quench experimental studies. 156 

The estimated pressure (13.3 GPa in Zhang et al., 1996) is close to the 13.7 GPa at 157 

2800 ℃ reported in the study by Zhang et al. (1993). Based on the adequate consistency, 158 

the dP/dT slope of the phase boundary of coesite–stishovite determined by Zhang et al. 159 

(1996) was extrapolated linearly for the pressure calibration in the present study 160 

conducted at ³2250 ℃. 161 

Using high purity quartz glass (99.999%) as a starting material in the present 162 

study, the coesite–stishovite transition temperature was investigated at 2.4 MN. As shown 163 

in the results of experiments 1K3204 and 1K3207 (Table 1), the analyses of these run 164 

products by MF-XRD indicated that the phases of SiO2 were stishovite and coesite at 165 

2800 and 2900 ℃, respectively, at the central high-temperature region in the run products. 166 

Based on these results and the following discussion, it is concluded that 2850 ℃ is the 167 

transition temperature of coesite–stishovite at 2.4 MN in the present study. Using 168 

Equation 1, the transition pressure of the coesite–stishovite transition at 2850 ℃ was 13.5 169 

± 1.3 GPa, at a press load of 2.4 MN. The uncertainty was estimated from the uncertainties 170 

in both of Equation 1 and the temperature determination in this study. Zhang et al. (1993) 171 

showed that the melting temperature of coesite did not change much (2750 to 2800 ℃) 172 

when the pressure increased from 11 to 13.7 GPa. The transition temperature determined 173 

in the present study is slightly higher than the melting temperature of coesite determined 174 

by Zhang et al. (1993). Considering the uncertainties in the determinations of temperature 175 

in Zhang et al. (1993) and the present study, ± 50 ℃ and ± 120 ℃, respectively, Equation 176 

1 can be extrapolated to 2850 ℃ to determine the generated pressure in the present study. 177 
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At room temperature, the pressure calibration was made by detecting abrupt 178 

changes in electrical resistance associated with the following phase transitions: Bi I–II 179 

(2.55 GPa), Bi III–V (7.7 GPa), metallic transitions in GaAs (18.2 GPa) and GaP (23 180 

GPa). Compared with the sample pressure, 10.5 GPa, which corresponds to 2.4 MN 181 

calibrated at room temperature, the generated pressure (13.5 GPa) at 2850 ℃ is 3.0 GPa 182 

higher (Fig. 3). 183 

We conducted a further investigation to evaluate the difference in pressure 184 

calibration between room temperature and another high temperature, 2500 ℃. In this 185 

investigation, seven samples (high purity quartz glass, 99.999%) were compressed at the 186 

following press load conditions, 1.6, 2.0, 2.2, 2.3, 2,4, 2.8, and 3.2 MN and heated at 187 

2500 ℃. In the run products recovered from ³2.3 MN, stishovite was observed at the 188 

central high-temperature region. In the run products compressed at £2.2 MN, coesite was 189 

observed at the central high-temperature region. These results indicate that the coesite–190 

stishovite transition occurs between 2.2 and 2.3 MN at 2500 ℃. It is concluded, therefore, 191 

that the press load of coesite–stishovite transition is 2.25 MN (mean of 2.2 and 2.3 MN) 192 

at 2500 ℃. Based on Equation 1, the generated pressure was calculated to be 12.6 ± 1.0 193 

GPa, which corresponds to a press load of 2.25 MN at 2500 ℃, indicating that the sample 194 

pressure is 2.7 GPa higher than that determined at room temperature (Fig. 3). 195 

The evaluation of the effect of temperature on the sample pressure has been 196 

undertaken in previous studies (e.g., Gasparik, 1989; Ito and Takahashi, 1989). Based on 197 

the results of pressure calibration carried out at room temperature, 1000 and 1600 ℃, Ito 198 

and Takahashi (1989) suggested that the differences observed in calibration curves at each 199 

temperature were due to the transformation effect of the constituents in the experimental 200 

cell assembly accompanied by volume contraction (e.g., the zirconia sleeve for an 201 
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insulator in their study) and due to the thermal expansion of the assembly, which was 202 

pronounced at higher temperature. In the present study, the increase of sample pressures 203 

can be dominantly caused by thermal pressure due to expansion of the cell assembly at 204 

high temperature. The observed increases in generated pressure were 2.7 GPa at 2.25 MN 205 

and 2500 ℃, and 3.0 GPa at 2.4 MN and 2850 ℃ (Fig. 3). 206 

The maximum temperature in the present study was 2900 ℃, quite close to 207 

2850 ℃ at which the pressure calibration was conducted at 2.4 MN. Therefore, we 208 

concluded that the press load at 2.4 MN corresponds to the generated pressure of 13.5 209 

GPa also at 2900 ℃. On the other hand, the minimum temperature (2250 ℃) is 250 ℃ 210 

lower than 2500 ℃ at which the above-mentioned experiments were conducted. The 211 

difference of the generated pressures between room temperature and 2500 ℃ was 2.7 212 

GPa at 2.25 MN. Thus, we assumed that the difference of 2.7 GPa was maintained at 2.4 213 

MN at 2500 ℃. If so, the generated pressure corresponding to a press load of 2.4 MN at 214 

2500 ℃ is estimated to be 13.2 GPa because 10.5 GPa corresponds to 2.4 MN calibrated 215 

at room temperature. Consequently, the difference of the generated pressure between 216 

2500 and 2850 ℃ (350 ℃ difference) is 0.3 GPa (= 13.5 – 13.2 GPa). The temperature 217 

difference between the minimum temperature (2250 ℃) and 2500 ℃ is 250 ℃, smaller 218 

than the difference of 350 ℃ between 2500 and 2850 ℃. Therefore, we assumed that the 219 

difference in the generated pressures between 2250 and 2500 ℃ at 2.4 MN was less than 220 

0.3 GPa. At 2250 ℃, the uncertainty in the determination of the generated pressure using 221 

Equation 1 was estimated to be +0.9/-1.0 GPa. Considering those uncertainties in the 222 

determination of the generated pressure at 2250, 2500 and 2850 ℃ with the differences 223 

in the generated pressures at those temperatures, it is concluded that the generated 224 
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pressure corresponds to 13.5 GPa at the press load of 2.4 MN at temperatures ranging 225 

from 2250 to 2900 ℃ in the present study. 226 

 227 

Observation of the run products 228 

The experimental results are summarized in Table 1 together with the 229 

experimental conditions, observed phases at the central high-temperature region in each 230 

run product, the XSi values of liquid coexisting with liquidus phases, and that of the 231 

liquidus phase. Observations in various compositions were as follows. 232 

 233 

Starting material compositions: XSi £ 0.61 234 

Sample 1K2987 (XSi = 0.61) was heated at 2500 ℃. Figure 4 is a Si image map 235 

of the cross section of run product 1K2987 from the center (the highest T region) to the 236 

end (the lowest T region). At the low-temperature side, an arched Si-rich zone was 237 

observed that contained stishovite and liquid. At the further low-temperature side, 238 

stishovite and enstatite were observed. In the area from the center to the Si-rich zone, 239 

quenched textures were observed, indicating that the area corresponded to the liquid and 240 

that the liquidus temperature was lower than 2500 ℃ at XSi = 0.61. These observations 241 

indicate that the liquidus corresponds to the boundary between the quenched liquid and 242 

the Si-rich zone. The solidus corresponds to the margin at the low-temperature side in the 243 

Si-rich arched zone. Based on these results, it was demonstrated that the liquidus phase 244 

was stishovite at XSi = 0.61. 245 

In the run products of samples 1K3105 (XSi = 0.55) and 1K3138 (XSi = 0.60) 246 

heated at 2400 ℃, melting textures were observed at the central high-temperature regions. 247 

These results indicate that these samples were above the liquidus temperature at 2400 ℃. 248 
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In other words, the liquidus temperature should be below 2400 ℃ between XSi = 0.55 and 249 

XSi = 0.60. In these samples, enstatites crystalized along the margin of the liquid region 250 

located at the low-temperature side in each run product as shown in Fig. 5. These results 251 

indicate that the liquidus phase is enstatite in the compositions of XSi £ 0.60, contrasting 252 

to 1K2987 (XSi = 0.61) where the liquidus phase was stishovite. The observed liquidus 253 

phases in 1K2987 and 1K3138 strictly constrain the location of the eutectic point between 254 

XSi = 0.60 and XSi = 0.61, and we propose that the eutectic composition is XSi = 0.61 (see 255 

Fig. 8). 256 

Run products of 1K3024 and 1K3074 (XSi = 0.55), heated at 2250 and 2300 ℃, 257 

respectively, did not show any molten texture even around the central high-temperature 258 

region of the samples. These results indicate that the solidus temperature is higher than 259 

2300 ℃. 260 

 261 

Starting material compositions: XSi ³ 0.70 262 

Sample 1K3002 (XSi = 0.70) was heated at 2500 ℃. In the run product, large 263 

euhedral stishovite crystals (>50 µm) were observed in the molten portion around the 264 

central high-temperature region (Fig. 6). This feature indicates the coexistence of liquid 265 

and stishovite. The composition of the liquid was determined to be XSi = 0.60, almost 266 

identical to the bulk composition of 1K2987 (XSi = 0.61) that showed molten texture at 267 

2500 ℃. 268 

In the sample 1K3129 (XSi = 0.70), heated at 2700 ℃, there was a tiny amount 269 

of stishovite crystals coexisting with the liquid at the central high-temperature region. 270 

This observation indicates that the sample was in solid–liquid coexistence at 2700 ℃. 271 
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The XSi of this liquid was 0.69, which was slightly less than the starting composition (XSi 272 

= 0.70). 273 

Sample 1K3157 (XSi = 0.80) was heated at 2800 ℃. In the high-temperature 274 

region of the run product, large crystals (>5 µm) of stishovite were formed in aggregates 275 

of fine particles (<1 µm) (Fig. 7). The average composition of the aggregate was XSi = 276 

0.72, showing a reduction of the SiO2 component from the starting composition, XSi = 277 

0.80. Based on these results, the sample was in solid–liquid coexistence at 2800 ℃. 278 

During heating of sample 1K3178 (XSi = 0.90), the heater was broken at 279 

~2900 ℃. In the recovered run product, we observed that both the Re-capsule and 280 

LaCrO3-insulator were molten and that the molten part of the sample was extensively 281 

contaminated with Re, La, and Cr from the heater and the insulator around the central 282 

high-temperature region. These results indicate that the actual temperature on heating 283 

might be over the melting temperature of Re, i.e., 3180 ℃ (at atmosphere). The mixing 284 

of sample and contaminants (Re, La, and Cr) indicates that the sample was heated over 285 

the liquidus temperature. It is concluded, therefore, that a conceivable minimum liquidus 286 

temperature would be 2900 ℃ for XSi = 0.90. 287 

As mentioned in the previous section, samples 1K3204 and 1K3207 (XSi = 1.00) 288 

were heated at 2800 and 2900 ℃, respectively. In the central high-temperature region of 289 

the run products, the phases in 1K3204 and 1K3212 were stishovite and coesite, 290 

respectively. As mentioned, the liquidus phase observed in samples 1K3002 (XSi = 0.70, 291 

heated at 2500 ℃) and 1K3157 (XSi = 0.80, heated at 2800 ℃) was stishovite. These 292 

results provide supporting evidence that the temperature of the coesite–stishovite 293 

transition is higher than 2800 ℃ at 13.5 GPa. Based on these results, the temperature of 294 
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the phase transition between those two phases is around 2850 ℃ as a mean value of 2800 295 

and 2900 ℃. 296 

 297 

Phase relations in the MgSiO3–SiO2 system at 13.5 GPa 298 

We summarize the experimental results obtained in the present study in the 299 

binary eutectic melting phase diagram in Fig. 8. 300 

The results of 1K3024, 1K3074, and 1K3105 (XSi = 0.55), heated at 2250, 2300, 301 

and 2400 ℃, respectively, indicate that the solidus temperature is between 2300 and 302 

2400 ℃. Taking into consideration the uncertainty in the determination of temperature, 303 

we conclude that the solidus temperature is 2350 ℃ as the averaged value of 2300 and 304 

2400 ℃, which is also the eutectic temperature at XSi = 0.61, as shown in Fig. 8. Hudon 305 

et al. (2005) showed two eutectic points at 1 GPa, XSi = 0.556 and 0.969 in the MgSiO3–306 

SiO2 system. At 5 GPa, Dalton and Presnall (1997) showed that the two-liquid field 307 

(miscibility gap) disappeared completely, resulting in one eutectic point, XSi = 0.60. 308 

Focused on the eutectic points located at the MgSiO3-rich side, the eutectic composition 309 

becomes slightly enriched in SiO2 with increasing pressure. 310 

The results of 1K3105 (XSi = 0.55) indicate that the temperature of 2400 ℃ was 311 

above the liquidus at XSi = 0.55. That is, the liquidus should be located between 2350 and 312 

2400 ℃. Combined with these results and the eutectic point, XSi = 0.61 at 2350 ℃, the 313 

melting point of enstatite is likely to be 2400 ℃. The liquidus curve of enstatite 314 

determined by Presnall and Gasparik (1990) showed that the melting temperature of 315 

enstatite was 2295 ℃ at 13.5 GPa. Thus, taking into account the uncertainties in 316 

temperature and pressure in the present study (± 50 ℃ at 2500 ℃ or less) and in Presnall 317 
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and Gasparik (1990) (± 30 ℃), the melting temperature of enstatite in the present study 318 

is generally consistent with that in Presnall and Gasparik (1990). 319 

Based on experimental results of the compositions of liquid (XSi) in solid–liquid 320 

coexistence and heating temperatures of 1K3002, 1K3129, and 1K3157 (Table 1), the 321 

liquidus curve was drawn between XSi = 0.61 and 0.80 (Fig. 8). 322 

The results of 1K3204 and 1K3207 (XSi = 1.00) indicate that the melting 323 

temperature of coesite is higher than 2900 ℃ at 13.5 GPa. Zhang et al. (1993) showed 324 

that the melting temperature of coesite slightly changed from 2750 to 2800 ℃ as the 325 

pressure increased from 11 to 13.7 GPa at which the coesite–stishovite–liquid triple point 326 

is located. The inconsistency between the results in the present study and those in Zhang 327 

et al. (1993) can be attributed to the uncertainty in determining the temperature and 328 

pressure in both studies. Taking into account the uncertainty of temperature and pressure 329 

(± 120 ℃ at >2500 ℃ in the present study and ± 50 ℃ at >2300 ℃ in Zhang et al. (1993) 330 

for temperature; ± 1.0 GPa in the present study and unclear in Zhang et al. (1993) for 331 

pressure), it is concluded that the melting temperature of coesite is around 2950 ℃ in the 332 

present study. When also taking into consideration the results of 1K3178 that indicate the 333 

liquidus temperature at 0.90 of XSi was lower than 3180 ℃, the liquidus curve was 334 

extrapolated from 0.70 to 1.00 of XSi, as shown in Fig. 8. 335 

 336 

IMPLICATIONS 337 

A terrestrial magma ocean played an important role in differentiating the mantle 338 

in the early stages of the Earth (e.g., Ringwood, 1975). According to numerical models, 339 

the depth of the magma ocean was greater than 1000 km (e.g., Hayashi et al., 1979; Kaula, 340 

1979). The abundance of siderophile elements in the mantle provides constraints on 341 
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magma ocean depth, approximately 700–1200 km (e.g., Li and Agee, 1996; Righter et al., 342 

1997). As mentioned, the pressure dependency of the eutectic compositions in the 343 

MgSiO3–SiO2 system is quite small. The XSi value of the eutectic composition increases 344 

from 0.556 to 0.61 in a range from 1 to 13.5 GPa (down to ~400 km depth in the mantle) 345 

(Dalton and Presnall, 1997; Hudon et al., 2005; this study), which are close to those of E-346 

chondrites (0.533–0.577; Wasson and Kallemeyn, 1988). Using a DAC, experimentally 347 

determined eutectic compositions (XSi) at 41, 128, and 139 GPa were 0.60, 0.66, and 0.66, 348 

respectively (Ozawa et al., 2018). Combined with all the available experimentally 349 

determined eutectic compositions, the XSi increases significantly to ~0.61 with increased 350 

pressure when lower than 50 GPa and then increases asymptotically to 0.66 up to 128 351 

GPa (Fig. 9). Without consideration of Si incorporation into metals during core formation, 352 

those eutectic compositions indicate that the compositions of the melts produced from E-353 

chondrite source materials are around 0.6, which is significantly higher than the estimate 354 

of the current upper mantle, 0.43. 355 

It is well known that Si becomes more siderophile with increasing temperature 356 

and pressure and with decreasing oxygen fugacity (e.g., Kilburn and Wood, 1997; Wade 357 

and Wood, 2005). Since Birch (1952) proposed that the Earth’s core contained ~10 wt.% 358 

light elements in iron and nickel alloy (“the core density deficit”), investigations on the 359 

incorporations of light elements such as Si, O, S, C and H to the core have been vigorously 360 

conducted. The Si content in the core is controversial and is proposed to be in the range 361 

of 2.8–14 wt.% (see the review articles, e.g., Hirose et al., 2013; Li and Fei, 2014). Using 362 

ab initio molecular dynamics to calculate the density and bulk sound velocity in liquid 363 

metal alloys at the pressure and temperature conditions of Earth’s outer core, Badro et al. 364 

(2014) suggested that Si concentration in the core cannot be higher than 4.5 wt.%. 365 
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Recently, Umemoto and Hirose (2020) suggested that the existence of H in the core was 366 

not negligible and could allow liquid iron with ∼9–11 wt.% Si, which was compatible 367 

with observations examining the density and bulk sound velocity of Earth’s outer core by 368 

comparing first-principles calculations on binary liquid iron alloys containing Si, O, S, C, 369 

and H with the PREM model (Dziewonski and Anderson, 1981). On the other hand, 370 

through determining the P wave velocity of liquid Fe–Si at the core–mantle boundary 371 

conditions based on inelastic X-ray scattering measurements in a laser-heated DAC, 372 

Nakajima et al. (2020) found the upper limit of silicon concentration in the outer core to 373 

be <1.9 wt.%. This value is too small to explain the core density deficit. In addition, recent 374 

core formation models based on metal-silicate element partitioning predicted that 2 to 9 375 

wt.% Si may have been incorporated into core metals in a deep magma ocean (Rubie et 376 

al., 2011; Siebert et al., 2013; Wood et al., 2009). Therefore, Nakajima et al. (2020) 377 

suggested that the present-day liquid outer core was depleted in silicon after crystallizing 378 

SiO2 (and MgSiO3) through the history of the Earth. 379 

To evaluate the E-chondrite model, taking into account the incorporation of Si 380 

into the core during core formation in a magma ocean, we estimated the range of Si 381 

content in the core assuming an E-chondrite model and evaluated the range in comparison 382 

to the Si contents in the core proposed in previous works. In the estimation of the Si 383 

contents in the core using an E-chondrite model, we investigated the conditions of the 384 

depth of magma ocean and the Si content in the core when the Xsi of the silicate melt in 385 

a magma ocean was same as that of peridotitic mantle. In the calculations of the Xsi of 386 

the silicate melt in a magma ocean before and after the core segregation, we considered 387 

the following two melting conditions: (a) eutectic melting and (b) complete melting. In 388 

case (a), the XSi of the silicate melts before incorporation of Si is the eutectic composition 389 
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which changes with the depth in the magma ocean. The temperatures of the magma ocean 390 

are the eutectic temperatures in the MgSiO3–SiO2 system, which also change with depth 391 

in the magma ocean and which are the lowest in the possible melting temperatures. In 392 

case (b), the temperatures of the magma ocean are over the liquidus temperatures. The XSi 393 

of the silicate melts before incorporation of Si is same as that of the original material, 394 

enstatite chondrite. In the calculations, we also assumed a single-stage process for the 395 

magma ocean model whose depth was 700 to 1200 km (e.g., Li and Agee, 1996; Righter 396 

et al., 1997). The details in the calculations are shown in Supplementary materials.  397 

Figure S1 shows the relations between the compositions of the silicate melt (XSi) 398 

after core segregation for the following cases of Si contents in the core, 1.9, 2.7, 4.0 and 399 

8.8 wt.% in case (a), and 1.9, 5.0, 8.8 and 10.0 wt.% in case (b). In case (a), the silicate 400 

melt composition after core segregation (XSi) is that of peridotitic mantle composition (XSi 401 

= 0.43) when the content of Si in the core is 2.7 wt.% and the depth of magma ocean is 402 

700 km (Fig. S1a). Moreover, when the content of Si in the core is 4.0 wt.% and the depth 403 

of magma ocean is 1200 km, the XSi of the silicate melt after the core segregation is also 404 

0.43 (Fig. S1a). In other words, if the original material of the Earth is E-chondrite, the Si 405 

content in the core is estimated to be 2.7 to 4.0 wt.% in the eutectic melting model. On 406 

the other hand, Fig. S1b indicates that estimated Si contents in the core are 5.0 to 8.6 wt.% 407 

in case (b), which are higher than those obtained in case (a). The actual temperature of 408 

the magma ocean would be between the cases of (a) and (b). Therefore, those calculations 409 

indicate that Si content in the core would be between 2.7 to 8.6 wt.%, which is within the 410 

range of 2 to 9 wt.% Si in the core as predicted by metal-silicate element partitioning. Our 411 

results indicate that the E-chondrite model may explain the bulk Earth composition if the 412 
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Si depletion in the core proposed by Nakajima et al. (2020) has operated through Earth’s 413 

history. 414 

  415 
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Figure captions 585 

Figure 1. Schematic drawing of the sample assembly. The thermocouple junction is in 586 

contact with the outer surface of the Re-heater, and its terminals are taken out through the 587 

edges of the MgO octahedron and the gasket. 588 

 589 

Figure 2. Examples of the relations between the generated temperature up to 2500 ℃ and 590 

the input power. Each colored circle denotes an individual run. The quadratic equations 591 

with correlation coefficients are shown in the lower right. Each color of the equation 592 

corresponds to the color of fitting curves for each experimental run. 593 

 594 

Figure 3. Pressure calibration at room temperature (dashed curve) and high temperatures, 595 

2500 and 2850 ℃. Orange filled circle: the datum from the calibration at 2500 ℃. The 596 

result shows a generated pressure of 12.6 ± 0.9 GPa at a press load of 2.25 MN. Red filled 597 

circle: the datum from the calibration at 2850 ℃. The result shows a generated pressure 598 

of 13.5 ± 1.0 GPa at a press load of 2.4 MN. The calibration at room temperature was 599 

undertaken by monitoring the electric resistance changes caused by the phase transitions 600 

in Bi I–II (2.55 GPa), Bi III–V (7.7 GPa), GaAs (18.2 GPa), and GaP (23 GPa). At high 601 

temperatures, the calibration was carried out based on the coesite–stishovite transition 602 

determined by Zhang et al. (1996). Calibrated generated pressures at 2500 ℃ and 2.25 603 

MN and at 2850 ℃ and 2.4 MN were 2.1 and 3.0 GPa higher than those at room 604 

temperature, respectively. 605 

 606 

Figure 4. Silicon image map of 1K2987 (XSi = 0.61, 2500 ℃). The map area is a cross 607 

section of the run product, the center (the highest T region) to the end (the lowest T region). 608 
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The liquid area is expanded from the center toward the right side (low-temperature side) 609 

and, at the margin, contacts with Si-enriched arched zone where stishovite and liquid 610 

coexisted. At a further low-temperature side, stishovite and enstatite coexisted. Liq, 611 

Liquid; St, Stishovite; En, Enstatite. 612 

 613 

Figure 5. Back-scattered electron image (BSEI) of 1K3138 (XSi = 0.60, 2400 ℃) at the 614 

low-temperature side. The molten part that shows dendritic texture contacts with the 615 

enstatite-rich part formed at the lower temperature side. Liq, Liquid; En, Enstatite. 616 

 617 

Figure 6. BSEI at the central high-temperature region of 1K3002 (XSi = 0.70, 2500 ℃). 618 

The coexistence of liquid and stishovite is displayed. Liq, Liquid; St, Stishovite. 619 

 620 

Figure 7. BSEI at the central high-temperature region of 1K3157 (XSi = 0.80, 2800 ℃). 621 

Fine-grained crystals and the quenched liquid coexist with granular stishovite. Liq, 622 

Liquid; St, Stishovite. 623 

 624 

Figure 8. The melting phase relations in MgSiO3–SiO2 system at 13.5 GPa determined 625 

in the present study. Open and filled circles denote liquid and solid phases, respectively. 626 

Half-filled squares denote the coexistence of solid and liquid. Open and filled squares 627 

denote liquid and solid compositions of the solid–liquid coexistence, respectively, which 628 

are connected with tie lines. The estimated uncertainty of temperature determination is 629 

shown in the lower right. Typical analytical errors in determining XSi are smaller than the 630 

widths of each symbol. The vertical error bars are the uncertainties in temperature 631 
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determinations are estimated to be ± 50 ℃ at ≤2500 ℃ and ± 120 ℃ at >2500 ℃  in the 632 

case that the thermocouple was broken. 633 

 634 

Figure 9. Eutectic composition (XSi) vs. pressure (GPa). Eutectic compositions at 1 GPa 635 

(black), 5 GPa (blue), and 13.5 GPa (red) are from Hudon et al. (2005), Dalton and 636 

Presnall (1997), and this study, respectively, and others (green) are from Ozawa et al. 637 

(2018). The compositional range of the enstatite chondrites from Wasson and Kallemeyn 638 

(1988) is shown by the greenish-yellow band. 639 

 640 

 641 



Run No.
Starting 

composition (XSi)
Heating T (ºC)*

Phases present 
at central high T 

region

Composition of 
liquid on liquidus 

(Xsi)
Liquidus phase**

1K3024 0.55 2250 En+St -----
1K3074 0.55 2300 En+St -----
1K3105 0.55 2400 Liq ----- En
1K3138 0.60 2400 Liq ----- En
1K2987 0.61 2500 Liq ----- St
1K3002 0.70 2500 Liq+St 0.60†
1K3129 0.70 2700 Liq+St 0.69†
1K3157 0.80 2800 Liq+St 0.72†
1K3178 0.90 3180< Liq+(La+Cr+Re)‡ n.d.
1K3204 1.00 2800 St -----
1K3207 1.00 2900 Coe -----

†Totals of chemical analysis of the liquids in 1K3002, 1K3129 and 1K3157 are 99.93, 99.93 and 98.28 wt.%, 
respectively. En: Enstatite, St: Stishovite, Liq: Liquid.  (La+Cr+Re)‡ means contaminants of those elements. 
n.d.: not determined

Table 1. Experimental conditions and results at 13.5 GPa. 

**Liquidus phase was determined from microscopic observation and X-ray deffractometry. 
*Uncertainties: ±50 ºC at ≤2500 ºC and ±120 ºC at >2500 ºC.
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