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INTRODUCTION
Earth is unique among the terrestrial planets in our solar system in having a fluid envelope
that fosters life. The secrets behind Earth’s habitable climate are well-tuned cycles of carbon
(C) and other volatiles. While on time-scales of ten to thousands of years the chemistry of
fluids in the atmosphere, hydrosphere, and biosphere is dictated by fluxes of carbon between
near surface reservoirs, over hundreds of millions to billions of years it is maintained by
chemical interactions of carbon between Earth’s interior, more specifically the mantle, and the
exosphere (Berner 1999). This is because of the fact that the estimated total mass of C in the
mantle is greater than that observed in the exosphere (Sleep and Zahnle 2001; Dasgupta and
Hirschmann 2010) and the average residence time of carbon in the mantle is between 1 and
4 Ga (Sleep and Zahnle 2001; Dasgupta and Hirschmann 2006). But how did Earth’s mantle
attain and maintain the inventory of mantle carbon over geologic time? And is the residence
time of carbon in the mantle, as constrained by the present-day fluxes, a true reflection of carbon
ingassing and outgassing rates throughout Earth’s history? Also, when in the planet’s history
did its mantle carbon inventory become established and how did it change through geologic
time? The answers to these questions are important because of carbon’s importance in a number
of fields of Earth sciences, such as the thermal history of Earth [e.g., trace-volume carbonated
melt may extract highly incompatible heat-producing elements from great depths (Dalou et al.
2009; Dasgupta et al. 2009b; Grassi et al. 2012)], the internal differentiation of the mantle and
core [carbon influences element partitioning in both carbonate-silicate (e.g., Blundy and Dalton
2000; Dasgupta et al. 2009b; Dalou et al. 2009; Grassi et al. 2012) and metallic systems (Chabot
et al. 2006; Hayden et al. 2011; Buono et al. submitted)], long-term evolution of climate (e.g.,
Kasting and Catling 2003; Hayes and Waldbauer 2006), and origin and evolution of life. Carbon
also plays a role in the inner workings of the planetary mantle through mobilizing hydrogen
from nominally anhydrous silicate minerals (Dasgupta et al. 2007a) and by stabilizing incipient
carbonated melts in the mantle (e.g., Eggler 1976; Wyllie 1977; Dalton and Presnall 1998;
Dasgupta and Hirschmann 2006; Dasgupta et al. 2013b). In the absence of carbon-induced
melting and efficient extraction of such mobile melt, the presence of “water” in mineral
structures controls the viscosity and the creep behavior of the mantle and determines whether a
planet would “live” long (e.g., Earth), with systematic solid state convection that sustains plate
tectonic cycles or “die” shortly after its birth (e.g., Mars and Venus), without a lasting tectonic
cycle. Similarly, the presence of trace amounts of carbonated melt in Earth’s upper mantle may
be critical in regulating asthenospheric processes and stabilizing plate tectonics (Eggler 1976;
Dasgupta et al. 2007a; Hirschmann 2010). Finally, any deep Earth carbon that is sequestered
in the metallic core also influences the physical properties of inner and outer core (e.g., Poirier
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1994; Hillgren et al. 2000; Mookherjee et al. 2011; Wood et al. 2013) and may have played a
role in the dynamics of core formation, timing of core crystallization, and dynamics of magma
ocean processes, including core-mantle segregation (Dasgupta et al. 2009a).
Because the abundance and mode of storage of mantle carbon are central to carbon’s role
in global geodynamics and controlling variables influencing carbon’s distribution in other
terrestrial reservoirs (crust plus atmosphere system and core), it is critical to constrain the
processes that modulated the mantle carbon inventory through time. In this chapter, ingassing,
outgassing, and storage mechanisms of terrestrial carbon, from the time period of early planetary
differentiation and magma ocean in the Hadean Eon to the plate tectonic cycles of modern Earth
through Phanerozoic, are reviewed (Fig. 1). Thus this chapter will primarily be in two parts:
(1) inheritance of mantle carbon (focusing on Hadean processes) and (2) retention of mantle
carbon (focusing on plate-tectonic cycling from Archean to present). The terms “ingassing”
and “outgassing” are going to be used in a general sense, i.e., any mechanisms that introduce
carbon to the mantle will be grouped as a carbon “ingassing” or acquisition mechanism and
any mechanisms that remove carbon from the mantle will be listed as a carbon “outgassing”
mechanism. The terms ingassing and outgassing are not used to imply that carbon is present in
form of a gaseous phase.

CARBON INHERITANCE — MAGMA OCEAN CARBON CYCLE
How did Earth’s mantle acquire or inherit its carbon budget and when did the inheritance
take place? The origin of carbon on Earth, similar to many other volatile elements, is debated
(Marty et al. 2013). The building blocks of Earth, which is traditionally thought to be
carbonaceous chondrites, contain several weight percent of carbon depending on the sub-type
(2.7-4.4 wt% with group average of 3.52 ± 0.48 wt%) (Anders and Grevesse 1989; Lodders
2003; Lodders 2010). Although carbonaceous chondrite is commonly used as the model for the
terrestrial building block because of their compositional similarities with the solar photosphere
(Lodders 2003), geochemical arguments for other types of chondrites and non-chondritic
compositions, likely with quite different and lower abundance of carbon, also exist in modern
literature (e.g., Alard et al. 2000; Javoy et al. 2010; Caro 2011; Warren 2011; Campbell and
O’Neill 2012). Further, despite having concentration, in carbonaceous chondrite, on the order
of weight percent, owing to very low condensation temperatures for carbon-bearing gases,
ices, and other solid phases (e.g., CO, CH4, and graphite; 41-626 K) carbon is thought to be
largely lost during Earth’s accretion (Abe 1997; Genda and Abe 2003). A similar decrease in the
carbon abundance is also observed by comparing composition of solar photosphere to CI-type
chondrites, where the latter incorporate only 10% of the photospheric carbon (Lodders 2003).
Indeed, most of the estimates of bulk Earth carbon fall below 0.1 wt% (McDonough 2003;
Marty 2012), although higher values (0.09-0.37 wt%) are also proposed in earlier literature
(Trull et al. 1993). Despite the fact that this bulk Earth carbon budget and the timing as to
when this amount was acquired remain highly uncertain it is not implausible, however, that
Earth inherited this amount from chondritic materials during accretion (Morbidelli et al. 2012).
Assuming that some finite concentration of carbon was inherited from the time of planetary
accretion, in the following the possible fate of such carbon during early Earth differentiation—
core formation and magma ocean processes is reviewed.

Magma ocean carbon cycle during core formation
A number of studies discussed the importance and various scenarios of carbon fractionation
in a magma ocean (Kuramoto and Matsui 1996; Kuramoto 1997; Dasgupta and Walker 2008;
Hirschmann and Dasgupta 2009; Dasgupta and Hirschmann 2010; Hirschmann 2012; Dasgupta
et al. 2013a) (Fig. 1). This initial fractionation is important as it must have had an effect on
Earth’s early thermal and dynamical evolution, its geochemical differentiation, its path to an
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Figure 1. Cartoon illustrating the range of deep-Earth processes from magma ocean stage of the Hadean
Eon to plate tectonic framework of the modern world that likely influenced the long-term carbon cycle.
This chapter reviews Earth’s deep carbon cycle in light of these processes. The early Earth processes
cartoon (left), although shown together, may be temporally separated. For example, if carbon exchange
between the proto-atmosphere and the magma ocean had an important role in the later evolution of the
mantle, such a process was required to continue after the core formation had ceased (see text for details).

equable climate, and development of prebiotic chemistry. Magma ocean processes must have
also set the initial distribution of carbon and conditions for further development of Earth’s
deep carbon cycle and have forced Earth to evolve differently compared to the planet Mars
(Kuramoto 1997). The key information on the fate of carbon during early Earth differentiation
is how the element was partitioned between various reservoirs, viz. core, mantle (magma
ocean), and proto-atmosphere.
Equilibrium fractionation of carbon between the core and mantle and the contribution
of core towards bulk Earth carbon inventory. Several studies over the last three decades
have attempted to constrain the partitioning of siderophile elements between metallic and
silicate melts in magma ocean environments, but similar experiments constraining volatile
element fractionation remained limited (e.g., Li and Agee 1996; Okuchi 1997). Fractionation
of elements, such as siderophile elements, between metallic core and silicate mantle during
core formation was largely responsible for setting the elemental distribution in the terrestrial
reservoirs and setting the stage for crust and mantle geochemistry to evolve. The same
fractionation process likely also had influenced the bulk distribution of the terrestrial volatiles
in general and carbon in particular (Kuramoto and Matsui 1996; Kuramoto 1997; Dasgupta
and Walker 2008; Dasgupta et al. 2013a). If the entire bulk Earth carbon budget participated in
the metal-silicate fractionation, and if DCmetal / silicate (partition coefficient of carbon between metal
and silicate = mass fraction of carbon in metal melt/ mass fraction of carbon in silicate melt)
is <1, then carbon would be concentrated mostly in the outer silicate layer. On the other hand,
if DCmetal / silicate >>1 then bulk carbon of the planet would mostly be sequestered into the core and
hence would have much less impact on the long-term carbon cycle. If carbon really behaved as
a highly siderophile element, a late volatile-rich veneer or other post-core segregation processes
would likely be responsible for bringing carbon to the planet. Alternatively, in the event carbon
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preferentially partitioned into the core-forming liquid, a less extreme iron affinity for carbon (
DCmetal / silicate >1) might have allowed Earth’s molten silicate to retain enough carbon in dissolved
form to explain Earth’s present-day carbon budget of the mantle. In order to answer these
questions, the knowledge of DCmetal / silicate , over the plausible range of depth-temperature-oxygen
fugacity-melt compositions is necessary. However, studies investigating partitioning of carbon
between metallic and silicate melt are scarce (Dasgupta and Walker 2008; Dasgupta et al. 2012;
Dasgupta et al. 2013a).
In the absence of any experimental measurements of DCmetal / silicate , Dasgupta and Walker
(2008) bracketed the possible range of DCmetal / silicate assuming that (1) the present-day inventory
of mantle carbon (30-1100 ppm C), as derived from the concentration of the same in mantle
derived magmas, was produced by equilibrium partitioning of carbon between metallic and
silicate melt in a magma ocean, (2) the entire present-day core mass of 32.3% equilibrated with
the whole mantle melt of 67.7%, and (3) a maximum of ~6-7 wt% C can be dissolved into the
metallic melt at magma ocean conditions. This analysis suggested that with bulk Earth carbon
of 730 ppm (McDonough 2003), the bulk core will end up acquiring 0.25 ± 0.15 wt% C. If
more recent bulk Earth carbon estimate of 530 ± 210 ppm (Marty 2012) is used, the core carbon
estimate would be slightly lower. However, it is important to note that Marty’s (2012) bulk
Earth carbon estimate assumes that there is no carbon in the core and distributes the bulk silicate
Earth (BSE) carbon content to the whole Earth mass (5.98 × 1027 g). But the mass balance
calculation of Dasgupta and Walker (2008) showed that Earth’s core can store as much as (4.8 ±
2.9) × 1024 g C, i.e., the metallic core alone can contribute as much as 803 ppm C to bulk Earth.
The analysis of Dasgupta and Walker (2008), although simple, highlighted the importance of
possible carbon storage in the core towards the total inventory of bulk Earth carbon.
More recent experimental effort generated direct measurements of DCmetal / silicate at shallow
magma ocean conditions (Dasgupta et al. 2012; Dasgupta et al. 2013a). These experiments at
1-5 GPa and 1500-2100 °C at oxygen fugacity (fO2) 1.5 to 2 log units below the iron-wüstite
buffer (~IW−1.5 to IW−2.0) explored carbon partitioning between Fe-rich metallic melt and
mafic-ultramafic silicate melts (non-bridging oxygen over tetrahedrally coordinated cations,
NBO/T of 0.9-2.8). These studies demonstrated that carbon indeed behaves as a strongly
siderophile element (DCmetal / silicate varying between ~5500 and >150) and metal affinity of
carbon increases with increasing pressure and decreases with increasing temperature, silicate
melt depolymerization, extent of hydration, and oxygen fugacity. Despite these experimental
measurements, more work needs to be done to fully explore the effect of various key intensive
variables on DCmetal / silicate. In particular, experiments will need to quantify DCmetal / silicate relevant
for magma oceans that are quite deep (Li and Agee 1996; Chabot and Agee 2003; Righter
2011) and more reduced (Wood et al. 2006). As pointed out by Dasgupta et al. (2013a), future
experiments will also have to take into account more complex metallic alloy liquid chemistry
including the presence of sulfur, silicon, and oxygen and a known fugacity of other trace gases
such as H2O and H2 that can influence the speciation of carbon in silicate melts. But because the
conditions of core-mantle equilibration continue to be a subject of active debate (e.g., Righter
2011; Rubie et al. 2011), it is worth exploring the predictions based on already constrained
values of DCmetal / silicate on the relative carbon budget of core and the mantle.
Figure 2, modified from Dasgupta et al. (2013a), shows the predicted concentration of
carbon in the core and the BSE as a function of bulk Earth carbon that participated in the coremantle fractionation in a magma ocean. For this calculation, it was assumed that the present-day
mass of Earth’s core (32.3% by weight of Earth) equilibrated with the whole molten mantle,
i.e., the concentration of carbon in the core, CCcore and the concentration of carbon in the mantle,
CCmantle are related to the bulk Earth carbon, CC0 and DCmetal / silicate by the following equations:
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Figure 2. The effect of equilibrium partitioning of carbon between metallic and silicate melt in a magma
ocean on the inventory of mantle and core carbon, modified after Dasgupta et al. (2013a). This calculation assumes that the inventory of carbon in the BSE and the core reflects perfect equilibration of the
present-day mass of the core (32.3%) with the mass of silicate Earth. Carbon concentration of deep Earth
reservoirs (core: grey curve and mantle: black curves) are plotted as a function of bulk Earth carbon that
participated in the core-mantle fractionation event. The mantle and core concentrations are plotted for four
different DCmetal / silicate values of 5500, 2500, 1000, and 500, which may cover all the possible conditions of
core-mantle equilibration. The higher values are appropriate for magma ocean that is deep, dry, and more
reduced. Plotted for comparison are the estimated range of modern Earth mantle carbon contents [depleted
mantle similar to the source regions of mid-ocean ridge basalts: ~50-200 ppm CO2 (Marty and Tolstikhin
1998; Saal et al. 2002; Cartigny et al. 2008); enriched mantle similar to the source regions of intraplate
ocean island basalt or off-axis seamounts: up to 4000 ppm CO2; (Pineau et al. 2004)], primarily based on
volcanic CO2 flux and the estimate of BSE carbon content of 120 ppm (McDonough and Sun 1995) and
~765 ppm (Marty 2012). Also plotted for reference are the carbon abundance in CI chondrite of ~3.5 wt%
(Anders and Grevesse 1989; Lodders 2003), estimated bulk Earth carbon content of 730 ppm (McDonough
2003), and carbon solubility limit for Fe-rich alloy melt at high temperature and low pressure (Dasgupta
and Walker 2008; Nakajima et al. 2009; Siebert et al. 2011; Dasgupta et al. 2013a).

CCcore =
CCmantle =

CC0 − 0.677CCmantle
0.323
CC0

0.323 DCmetal / silicate + 0.677

(1)
(2)

Given that magma ocean metal-silicate equilibration likely took place over a range of P-TfO2 (Wood et al. 2006), in Figure 2 the estimated carbon content of the core and the mantle
residual to core formation are plotted for DCmetal / silicate varying from 5500 to 500. The higher
DCmetal / silicate values likely capture carbon fractionation in a very deep magma ocean under more
reduced conditions, with very dry magma ocean (low fugacity of H2 and H2O), or for evolved
silicate magma compositions and the lower DCmetal / silicate values capture carbon fractionation
scenarios in shallower or wet magma oceans, with extreme temperatures, and more primitive
(higher degree of melt depolymerization) compositions.
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Figure 2 adopted from Dasgupta et al. (2013a) suggests that the average carbon content of
Earth’s present-day depleted mantle can be matched by equilibrium core-mantle fractionation
of carbon if bulk Earth carbon during core formation was ≥0.4-3.5 wt% (≥4000-35000 ppm C).
In order to generate enriched mantle domains similar to those of some of the ocean island basalt
(OIB) source regions (50-1000 ppm C in the source), a minimum bulk Earth carbon of 2.1
wt% and in excess of 3.5 wt% is necessary. The abundance of bulk Earth carbon during coremantle segregation is uncertain, however. Many estimates of bulk Earth carbon suggest values
≤1000 ppm (McDonough 2003; Marty 2012). Owing to volatility of carbon during the accretion
process, carbon is thought to be largely lost from the chondritic building blocks. If the available
bulk Earth carbon was only ~730 ppm (McDonough, 2003), for the plotted range of DCmetal / silicate
, the molten mantle residual to core formation could only possess 0.4-4.5 ppm C (1.5-16.5 ppm
CO2). This value is only 3-33% of the present-day mantle budget of carbon with 50 ppm bulk
CO2 (~14 ppm C). If the modern bulk mantle C content is closer to the carbon for enriched
mantle domains (e.g., 500 ppm CO2 or 136 ppm C), the contribution of carbon that was left
behind after core formation will be even smaller. In this latter case or if the primitive mantle C
content estimate of 120 ppm, after McDonough and Sun (1995), is used, the equilibrium core
formation will leave behind a molten silicate that contains only 0.3-3.8% of the present-day
mantle carbon. If the BSE carbon content of ~765 ppm (Marty 2012) is used then >99% of
silicate Earth C needs to be derived from post core-segregation processes. Hence, whatever the
exact carbon content of the present-day BSE is, such concentration is in excess with respect to
what is predicted by magma ocean chemical equilibration.
The analysis presented above clearly suggests that, owing to siderophile nature of carbon
in core-forming magma ocean conditions, only a small fraction of the present-day mantle or
BSE carbon can be primordial, which dates back to the Hadean Eon prior to the last giant
impact. In other words, most of the primordial carbon, which dates back prior to core formation
time and not degassed to atmosphere or lost to space, was likely sequestered into the metallic
core. The measured range of DCmetal / silicate and bulk Earth carbon of 730 ppm (McDonough,
2003) make the bulk core store ~0.23 wt% C. This concentration of carbon in the bulk core
(1.932 × 1027 g) makes a total of 4.44 × 1024 g C, or ~744 ppm C for the whole Earth. This
calculation underscores the importance of knowing the carbon abundance that participated in
the core-formation processes, because with core contribution of >700 ppm C for bulk Earth, the
estimate of bulk Earth carbon can at least double. For example, if the estimate of BSE carbon
content of 765 ± 300 ppm C is normalized with respect to the whole Earth, a bulk Earth carbon
content of 530 ± 210 ppm C results (Marty 2012). But with 0.23 wt% carbon in the core, the
bulk Earth carbon content becomes as much as 1277 ± 210 ppm C. The estimate of 0.23 wt%
C in the core derived from experimental partition coefficients of carbon between metallic and
silicate melt (Dasgupta et al. 2013a) is similar to the earlier estimates obtained based on mass
balance approach (McDonough 2003; Dasgupta and Walker 2008). The value of ~0.2 wt%
carbon in the core is also consistent with the Pb-isotopic age of Earth, which seems to require
strong partitioning of Pb into the core throughout Earth’s accretion and Pb behaves as a strongly
siderophile element only when the carbon content of the metallic liquid is small and far from
saturation (Wood and Halliday 2010). However, although these geochemical estimates are all
converging towards only a modest carbon content of the bulk core, some earlier work suggested
carbon core content as much as 1.2 wt% (Yi et al. 2000). The work of Wood et al. (2013)
estimated a similar but somewhat higher abundance of carbon in the core than those derived
from currently available partitioning data. These authors (Wood et al. 2013) suggested, based
on the C/S ratio of accreting materials and the effect of S on siderophile element partitioning
between metal and silicate, that the core contains ~0.6 wt% carbon.
With the metallic core taking possession of Earth’s carbon during the Hadean eon, an
explanation of the modern mantle carbon budget requires some later replenishment event.
This is the essence of the “excess” mantle carbon paradox. If perfect core-mantle equilibration
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is conceived, then the only way to avoid this is for bulk Earth to have as much carbon as
carbonaceous chondrite (Fig. 2). However, even if there was 3.5 wt% carbon taking part in
core-mantle fractionation, the residual silicate liquid would not retain enough carbon to match
the BSE estimate of 765 ± 300 ppm C as proposed by Marty (2012). Also, with as much as
3.5 wt% C available, carbon could end up being the sole light element in the core, reaching
the Fe-rich melt saturation value of ~8-10 wt% (Dasgupta and Walker 2008; Lord et al. 2009;
Nakajima et al. 2009; Siebert et al. 2011; Dasgupta et al. 2013a) and perhaps precipitating
graphite or diamond in the mantle. But given the low condensation temperatures of relevant
carbon compounds, it is extremely unlikely that weight percent level carbon was acquired from
chondritic building blocks. With the magma ocean being depleted in carbon instantly after core
segregation, other processes to bring back carbon to the present-day BSE budget need to be
invoked. What can some of those processes be?
Heterogeneous accretion and imperfect metal-silicate equilibration during core
formation: the fate of carbon. If the dynamics of core-mantle separation are considered in
detail, the possibility of perfect equilibration between metallic and silicate melt in a magma
ocean occurs when the core melt is thoroughly emulsified in the magma ocean. In other words,
sinking metal melt droplets had to have the dimensions smaller than the length scale of diffusive
equilibration for elements of interest. Metal droplet diameters of ~1 cm is thought to be required
for efficient equilibration with silicate melts. This likely happened when undifferentiated
objects accreted or when small impactors (differentiated or undifferentiated) collided with
proto-Earth, setting the equilibrium fractionation of carbon and other siderophile elements.
But the geochemistry of Hf-W isotope systematics (Halliday 2004) and also those of Ni, Co,
and W (Rubie et al. 2011) seem to require imperfect equilibration. Dahl and Stevenson (2010)
showed that if the dynamics of accretion of large, differentiated impactors are considered, it is
possible to have scenarios where the core of the giant impactor merges directly with the protoEarth core, bypassing major chemical interaction with Earth’s mantle. If this was the case,
then the core:mantle mass ratio relevant for equilibrium partitioning of carbon (and any other
elements) could be very different than their relative present-day masses. Dahl and Stevenson
(2010) argued that only 1-20% of the cumulative core mass might have equilibrated with the
magma ocean when late, differentiated, large impactors collided with proto-Earth. In this
specific case, one could envision the most extreme cases of core to mantle masses (~1:210 to
1:10.5) relevant for equilibration. Dasgupta et al. (2013a) showed that with such mass ratios
and for a bulk Earth carbon of 730 ppm, the magma ocean could retain as much as ~1.5 (20%
of core mass equilibrating with the magma ocean and with DCmetal / silicate of 5500) to 217 ppm
(1% of cumulative core mass equilibrating with the magma ocean with DCmetal / silicate of 500)
carbon in dissolved form (Fig. 2). Interestingly, in the latter case, i.e., if only 1-2% of the
metallic core mass equilibrated with the entire magma ocean, mass balance predicts core liquid
to dissolve 10-15 wt% C. But such concentration could be higher than the solubility of carbon
alloy in liquid at magma ocean conditions (Fig. 3; (Dasgupta and Walker 2008; Nakajima et al.
2009; Siebert et al. 2011; Dasgupta et al. 2013a). Thus the most extreme form of core-mantle
disequilibrium—a very small fraction of alloy liquid equilibrating with a large mass of molten
silicate—could have forced over-saturation of graphite or diamond during core segregation.
In this scenario, the diamond or graphite would float from the segregating core liquid and
contribute to the overlying silicate magma ocean carbon budget. Thus one might argue that this
extremely imperfect core-mantle equilibration scenario could eliminate the “excess carbon” in
the mantle problem by letting the magma ocean possess sizeable carbon content in solution and
by forcing the segregating alloy liquid leave behind graphite or diamond. This model is similar
to the one proposed by Hirschmann (2012). It should be noted that the carbon content of Earth’s
core becomes quite uncertain in this scenario, because the final make-up of the core depends on
the composition and relative masses of the cores of different impactors. Dasgupta et al. (2013a)
argued this scenario may be unlikely; because when the core of a large impactor merges directly
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Figure 3. The effect of incomplete alloy melt-silicate melt equilibrium on the inventory of mantle and core
carbon. The calculation in this figure assumes that between 20% (a) and 1% (b) of the present-day core mass
equilibrated with the silicate magma ocean. The fraction of metallic alloy melt mass that equilibrated with
the mantle was taken from Dahl and Stevenson (2010), who specifically modeled the impact of an already
differentiated object with the proto-Earth, for the case where very limited metal-silicate equilibration takes
place before the core of the impactor merges with the core of the proto-Earth. Shown for reference from
Figure 2 are the present day mantle carbon content estimates for depleted and enriched sources, the BSE
carbon content estimates, bulk Earth carbon content estimate of McDonough (2003), and carbon content
of CI-type meteorite. For the sake of clarity, calculations are shown for only two DCmetal / silicate values of 500
and 5500. In general, if only a small fraction of the segregating alloy liquid equilibrates with the magma
(caption continued on facing page)
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with the core of proto-Earth, the latter fractions of accreting metallic melt may not equilibrate
with the entire silicate mantle mass. In particular, the other side of the planet and/ or the lower
part of the solid mantle, would not provide storage for carbon (Keppler et al. 2003; Shcheka
et al. 2006). Unmolten silicates will also not allow extreme metallic to silicate melt mass ratio
for chemical equilibration (Golabek et al. 2008) necessary to force metallic liquid into carbon
saturation. Hence, even if most of the terrestrial volatiles, including carbon, were delivered to
Earth during the late stage of magma ocean and accretion (Morbidelli et al. 2012), it is unclear
whether the very low ratio of alloy: silicate melt necessary for carbon saturation of segregating
alloy liquid was ever achieved. Moreover, it has been argued that thorough emulsification of
differentiated impactors’ cores is achieved (conditions required for equilibrium separation of
the core and the mantle) when dynamics of the impact process are considered (Kendall and
Melosh 2012). Finally, even if thorough emulsification of the cores of large impactors did not
take place the terrestrial magma ocean, metal-silicate equilibration with respect to carbon might
have still taken place. Dasgupta et al. (2013a) pointed out that the length scale of diffusion for
carbon in alloy melt is longer than that for common siderophile elements (Goldberg and Belton
1974; Dobson and Wiedenbeck 2002). Hence, if some modest fraction of carbon was available
during the main stage of accretion and alloy-magma ocean equilibration, carbon partitioning in
a system with alloy:silicate melt ratio not too different from the respective present-day masses
mantle and core likely took place.

Magma ocean carbon cycle after core formation
Magma ocean storage capacity of carbon. Although the above analysis shows that the
bulk of the carbon available in magma ocean environment during core formation was likely
partitioned into the core, it also suggests the ability of silicate magma to keep in solution some
finite fraction of carbon. This observation is unlike some previous suggestions where carbon
was thought to be perfectly incompatible in silicate magma during core-mantle equilibration
(Kuramoto and Matsui 1996; Kuramoto 1997; Yi et al. 2000). Given the uncertainty in bulk
Earth carbon in general and the concentration prevalent during the Hadean time in particular, it
is important to evaluate the storage capacity of carbon of the terrestrial magma ocean so that the
limit to which magma ocean could supply carbon to the crystallizing mantle can be evaluated.
The knowledge of magma ocean storage capacity of carbon is also important so that the
conditions of appearance of various carbon-rich accessory phases (e.g., graphite/diamond, Fecarbide, silicon carbide, C-rich alloy melt/ sulfide-rich melt with dissolved carbon, carbonated
melt, and crystalline carbonate) can be constrained as a function of evolving temperature and
oxygen fugacity of the planet.
The storage capacity of carbon in silicate liquid depends strongly on the dominant speciation or bonding environment of carbon, which in turn is controlled by a number of key variables
including pressure, temperature, melt composition, and the last but not the least, the fugacity of
oxygen, fO2 and fugacity of other volatile species, such as fH2O and fH2 that may impact carbon
dissolution (Hirschmann 2012; Dasgupta et al. 2013a). Based on the spectroscopic studies of
natural and experimental glasses at the conditions relevant for the basalt genesis of modern

(continuation of Figure 3 caption)
ocean, the latter is more likely to retain a good fraction of Earth’s bulk carbon. It can be noted that with bulk
Earth carbon of 730 ppm, the magma ocean can achieve as much as 27-217 ppm C (b), which overlaps with
the estimates of present-day mantle budget. Also, in this case the equilibrating fraction of alloy melt may
reach C-saturation (~8 wt% C) and hence release graphite/diamond. Flotation of these diamonds may elevate the magma ocean C-content thus perhaps even attaining the BSE value of ~765 ppm C (Marty 2012).
However, it is argued in the text that this extreme case of incomplete core-mantle equilibration is unlikely.
The bulk core carbon content estimation (dark grey lines) assumes that the unequilibrated fraction of the
segregating metallic melt contained no carbon.
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Earth, carbon is known to dissolve in mafic-ultramafic melts chiefly as carbonate anions bonded
to network modifiers such as Ca2+, Mg2+, and Fe2+ (Blank and Brooker 1994; Dixon 1997;
Brooker et al. 2001; Morizet et al. 2002; Lesne et al. 2011). However, CO2 solubility in silicate
liquids decreases with decreasing oxygen fugacity (Pawley et al. 1992; Thibault and Holloway
1994; Morizet et al. 2010; Mysen et al. 2011) and at conditions as reduced as Fe-metal saturation (~IW), carbonates may not be the dominant carbon species of interest for reduced magma
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ter are more appropriate for magma ocean carbon saturation limits. More work in calibrating
the CO2 solubility in Fe-Mg-rich depolymerized basalts at graphite saturation and at reduced
(IW−2 to IW+1) conditions will be needed to evaluate what fraction of the total dissolved
carbon in the terrestrial magma ocean was carbonated species and what fraction was metal
carbonyl complexes and hydrogenated species, such as methane. Also, CO2 storage capacity
of mafic-ultramafic melts increases with fO2 and fH2O (Eggler and Rosenhauer 1978; Holloway
et al. 1992; Dasgupta et al. 2013a), so it is also going to be important to constrain the relative
proportion of carbonated versus hydrogenated and other reduced species as a function of changing fO2 of the magma ocean.
Magma ocean-atmosphere interaction and ingassing of carbon? The pressure and
temperature dependence of storage capacity of carbon (either as CO2 or as total dissolved
carbon) at graphite saturation for the reduced magma ocean has important implications for the
nature of interaction between magma ocean and proto atmosphere and for the fate of carbon
during the crystallization of magma ocean.
A plausible mechanism for the BSE gaining carbon after core formation is through interaction of the magma ocean with the Hadean atmosphere (Hirschmann 2012; Dasgupta et al.
2013a). The negative effect of pressure on total carbon/CO2 solubility at graphite saturation, as
shown in the preceding section, makes this process viable. The depth dependence of CO2 and
total carbon solubility in mafic magma at graphite saturation and near iron-wüstite buffer (Fig.
4c) (Holloway et al. 1992; Hirschmann and Withers 2008; Dasgupta et al. 2013a) suggests that
the carbon storage capacity of magma ocean at shallow depths is greater and diminishes at the
expense of graphite/diamond or carbide-rich metallic melt at greater depths. In this scenario,
a magma ocean could dissolve carbon through interaction with an early C-rich atmosphere
and precipitate diamond/metal carbide melt in its deeper parts as convection brought a batch
of magma down to greater depths. Precipitation and sequestration of carbon-rich phases at
depth would lead to C-depletion of magma and thus upon upwelling would be able to dissolve
more carbon/CO2 from the atmosphere (Fig. 5b). This cycling might have served as an efficient
mechanism of magma ocean ingassing, bringing the mantle inventory of carbon up to the present-day value or to match the suggested value of BSE well before magma ocean crystallization
(Hirschmann 2012; Dasgupta et al. 2013a). The time scale over which this carbon ingassing
process likely took place is unclear at present. The chemical evolution of Earth’s primitive atmosphere is controversial (e.g., Kasting 1993; Zahnle et al. 2007; Zahnle et al. 2010) but several
authors suggest persistence of a CO2-rich atmosphere either through degassing of an earlier
magma ocean (Elkins-Tanton 2008) or via condensation of a liquid water ocean, which could
allow the residual atmosphere to be composed chiefly of CO2 (Zahnle et al. 2007). CO2-rich
atmosphere could have existed when redox state of the shallow magma ocean was somewhat
more oxidized than that imposed by saturation of metallic core liquid, i.e., when dissolved Cspecies in magma at shallow depths was dominantly CO2 rather than methane or other reduced
species. A study on oxidation state of Hadean zircon suggests that such an environment was
created as early as only within a few million years after core formation (Trail et al. 2011). Thus
if magma ocean carbon ingassing requires the presence of a CO2-rich atmosphere, then such a
scenario was possibly created within few tens of million years after core formation.
But what if the carbon in the atmosphere existed as reduced gases such as methane? Zahnle
et al. (2010) showed that an atmosphere generated by impact degassing would tend to have a
composition reflective of the impacting bodies (rather than the mantle of the proto Earth), and
these impactors tend to be strongly reducing and volatile-rich. A consequence is that, although
CO- or methane-rich atmospheres are not necessarily stable as steady states, they quite likely
have existed as long-lived transients, after a number of impacts. The other authors have also
argued that Earth retained a significant portion of the impactors’ atmosphere. For example,
Genda and Abe (2003) studied a planet with a solid surface and found that after an impact
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magma ocean. (c) Convective mixing of C-rich lower mantle materials with the entire mantle, after the
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of a Mars-sized body, Earth retained 70% of its atmosphere; if the impactor had only 10%
Earth mass, Earth retained 80 to 90% of its atmosphere. Proto-Earth, therefore, could have
had a more massive atmosphere following the impact than it had before and this atmosphere
could have been more reduced. Planets with liquid surfaces are thought to lose far more of
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their atmospheres during large impacts because of enhanced surface motion (Elkins-Tanton
2012). During the terrestrial magma ocean stage, large impacts thus would have removed large
fractions of, but not the entire, atmosphere (Genda and Abe 2005). This atmosphere would then
re-equilibrate with the magma ocean, causing magma to dissolve volatiles up to the solubility
limits. Therefore, being struck by one or more reduced impactors, Earth could have inherited a
methane-rich atmosphere, even if temporarily.
Could the magma ocean carbon ingassing operate with atmosphere being methane-rich
rather than CO2-rich? The depth dependence of methane solubility is ambiguous at present
(Mysen et al. 2009; Ardia et al. 2011) but Dasgupta and co-workers (2012, 2013a) suggest that
at graphite saturation, the total dissolved carbon that comprise more than one hydrogenated
species of carbon (e.g., methane, methyl group, alkyne group) along with carbonates, also
show a negative relationship with pressure. Hence, although somewhat speculative at this stage,
magma ocean-atmosphere interaction may have acted as a carbon pump not only for a CO2-rich
atmosphere but also for a reduced (CH4-bearing?) atmosphere.
Magma ocean crystallization and the fate of carbon. The above discussion suggests that
although the core might have taken possession of most of Earth’s carbon, a magma ocean-proto
atmosphere interaction likely created an opportunity to restore the BSE carbon budget. Then
the obvious next step to consider is the fate of the dissolved carbon in the magma ocean. The
fate of dissolved carbon during crystallization of the terrestrial magma ocean depends on the
Earth’s temperature-fO2 evolution. Because carbon solubility in reduced magma ocean drops
precipitously with falling temperature (Fig. 4c), the storage capacity near the peridotite solidus
can be 1-2 orders of magnitude lower than at temperatures relevant for magma oceans. Thus
during crystallization of the magma ocean, diamond and graphite precipitation would take place
as the peridotite solidus is approached. The temperature of precipitation of diamond/graphite
in a cooling magma ocean would also depend on the depth of crystallization and the fugacity
of hydrogen and water. Owing to decreased solubility of carbon as a function of increasing
pressure, greater depths would see precipitation of diamond at a higher temperature. Thus if
the crystallization of a well-mixed magma ocean proceeds within a narrow range of relatively
reduced fO2, the lower part would tend to be more carbon-rich. Carbon enrichment in the lower
part of the crystallizing magma ocean could be enhanced if magma ocean carbon ingassing also
was efficient.
Carbon addition by late veneer? The late veneer, which has to be delivered after the latest
stage of core formation, is widely considered to have added the refractory highly siderophile
elements to silicate Earth (e.g., Chou 1978; Wänke and Dreibus 1988). A late veneer has also
been invoked as a possible source for bulk Earth’s or silicate Earth’s water (Owen and Bar-Nun
1995; Morbidelli et al. 2000; Dauphas and Marty 2002; Albarede 2009; Marty 2012; Fig. 5a).
It was also argued to be the main source of carbon and sulfur in silicate Earth (Yi et al. 2000).
Addition of Earth’s volatile elements by the late veneer has been suggested partly because of
the premise that Earth may have lost most of its volatiles to space following a giant impact (Abe
1997; Genda and Abe 2003) and that the budget of terrestrial volatiles would therefore have to
be reintroduced. But the proposition that BSE carbon is chiefly introduced by a “late veneer” is
not entirely satisfactory.
In order to evaluate whether a “late veneer” could provide the bulk of Earth’s carbon (and
other volatiles), it is critical to evaluate how much of what types of materials were added and
whether those additions satisfy the geochemistry of other siderophile elements. For example, the
identical W isotopic composition of the Moon and the BSE has been argued to limit the amount
of material that can be added as a late veneer to Earth after the giant impact to less than 0.3 ±
0.3 wt% of Earth’s mass of ordinary chondrite or less than 0.5 ± 0.6 wt% CI-type carbonaceous
chondrite based on their known W isotopic compositions (Halliday 2008). Similarly, the
explanation of the mantle abundance of highly siderophile elements such as Pt and Pd seems
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to limit the addition of chondritic veneer to ~0.7 wt% (Holzheid et al. 2000). Abundance levels
as low as 0.003 × Earth mass and as high as 0.007 × Earth mass have been argued by other
studies as well (Morgan et al. 2001; Drake and Righter 2002). Addition of 0.3-0.7% of CI-type
chondrite with 3.5 wt% C (Lodders 2003) would add 105-245 ppm C (385-898 ppm CO2; Fig.
6) to Earth after core formation had occurred. Although this range of carbon concentration may
be sufficient to explain the carbon geochemistry of mantle domains as enriched as those of most
plume source regions or the BSE estimate of McDonough and Sun (1995), it is distinctly less
than the BSE carbon abundance of 765 ± 300 ppm as estimated by Marty (2012). Thus it may
be difficult to invoke the addition of CI-type chondritic material to bring carbon levels of the
post-veneer mantle to the levels needed to match BSE without increasing the highly siderophile
elements rather more than they are seen to be in “excess.”
Invoking CI-type carbonaceous chondrite as the agent of volatile and siderophile element
delivery to the BSE is also problematic for the Os isotopic composition of the mantle, which
matches that expected from a veneer with a Re/Os ratio like that of ordinary chondrites
(Walker et al. 2002). Moreover, the Ru and Mo isotopic compositions of meteorites are
correlated (Dauphas et al. 2004), and the BSE appears to be different from the composition
of CI chondrites and more similar to ordinary chondrites (Drake 2005). One can go through a
similar exercise to evaluate whether the ordinary chondrites can deliver the right concoction of
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refractory siderophile elements and volatiles, including carbon. Halliday (2008) argued that in
order to satisfy the W-isotopic composition of the BSE, no more than 0.3 ± 0.3 wt% of Earth’s
mass of H ordinary chondrite can be added. Thus with ordinary chondrite C content of 0.2 wt%
(Moore and Lewis 1967), only ~6 ppm of carbon can be added through late veneer and hence
cannot be a chief delivery agent to the BSE carbon budget.
Finally, if the BSE volatiles derive chiefly from a chondritic late veneer, it is also difficult
to explain why the present-day H/C ratio of BSE (Hirschmann and Dasgupta 2009) is distinctly
higher than all known chondritic materials (Kerridge 1985). Furthermore, carbon isotopic
compositions of CI chondritic materials (d13C~ −15 to −7‰) are distinctly lighter than the
average carbon isotope composition of Earth’s mantle (d13C~ −5‰) (Kerridge 1985; Deines
2002). Therefore, any late delivery mechanisms may need to resort to more than one source that
may be geochemically different than the known meteorites (Raymond et al. 2004; Raymond
et al. 2006; Raymond et al. 2007; Albarede 2009); for example, carbonaceous chondrite and
comets both may contribute differentially to the budget of carbon and water on Earth. In
summary, although some parts of BSE carbon’s delivery through a late veneer cannot be ruled
out, it appears unlikely that late influx of chondritic materials is the primary process to elevate
the carbon budget of the mantle after core formation.
Inefficient core formation and deep carbon storage. Inefficient core formation has been
invoked as a plausible mechanism for explaining the “excess” siderophile element abundance
in the mantle by a number of authors (e.g., Jones and Drake 1986; Newsom and Sims 1991).
Dasgupta et al. (2013a) suggested that a similar mechanism can be surmised to explain the
“excess” carbon in the mantle. In this model, metallic liquid would drain inefficiently to join
the core, so some small fraction of melt would be trapped in the solid mantle matrix, providing
a source of carbon in the mantle (Figs. 1 and 5c). Interfacial energies between carbon-bearing
metallic alloy melts and mantle minerals are not constrained at present but observed dihedral
angles between many other metallic melt compositions and solid silicate minerals of >60°
and mostly >90°-100° support such hypothesis (Minarik et al. 1996; Shannon and Agee 1996;
Terasaki et al. 2007; Mann et al. 2008; Terasaki et al. 2008). Trapped Fe-rich, carbon-bearing
metallic melt will provide a source for both refractory siderophile elements and carbon in the
mantle. According to this suggestion of Dasgupta et al. (2013a), Earth’s lower mantle could start
off being more carbon-rich and solid state convection after magma ocean solidification would
bring up the lower mantle material with accessory Fe-rich alloy, Fe-rich carbide, or C-bearing
metallic alloy liquid (Fig. 5c). Dasgupta et al. (2013a) suggested that the exact chemical form
of carbon storage in the solid lower mantle will depend on the phase relations of Fe-(±Ni)-C
bearing metallic systems and the mantle adiabat of interest. Using the study of Lord et al. (2009)
on Fe-C binary, Dasgupta et al. (2013a) noted that the key observations are: (1) with increasing
pressure from 10 to 50 GPa, the solubility of carbon in crystalline-Fe likely diminishes and thus
the probability of iron carbide stability increases; and (2) depending on the base of the magma
ocean, the trapped core melt in the solid matrix at relatively shallower depths may exist as a
molten alloy whereas at greater depths it will exist as either iron metal + cohenite (Fe + Fe3C)
or iron + Eckstrom-Adcock carbide (Fe + Fe7C3) assemblages.
The contribution of carbon dissolved in alloy or as Fe-rich carbide to the total budget
of upper mantle carbon depends critically on its composition. If the trapped metallic melt
undergoes batch freezing and has only modest carbon content, as will be the case if it is derived
from equilibrium partitioning in a low bulk carbon environment, then its input to the presentday, upper mantle carbon inventory will be small. For example, if trapped metal with ~0.2
wt% C is only 0.1-1% of the lower mantle, then such a mantle domain will have only 2-20
ppm C (~7-73 ppm CO2). It is not implausible, however, as argued above that in some mantle
domains, that the trapped metallic liquid precipitates as Fe-rich carbide (e.g., Fe7C3 or Fe3C
solid solutions). Carbide formation is facilitated by the Fe-C eutectic composition becoming
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increasingly carbon-poor with increasing pressure (Wood 1993; Lord et al. 2009) and carbidesaturated Fe-alloy becoming poorer in carbon with increasing pressure (Walker et al. accepted).
If separation of carbide from the remaining metallic liquid takes place, perhaps aided by the
presence of silicate partial melts, then some lower mantle domains can be quite carbon-rich.
If the lower mantle domain contains 0.1-1 wt% of Fe7C3, then such parcels can deliver ~84840 ppm C (~310-3100 ppm CO2) and convective mixing of only 10% of such mantle mass
can contribute >30-300 ppm CO2 to the Earth’s depleted upper mantle (Fig. 6). It can be seen
from Figure 6 that trapped carbide fractions have greater leverage, compared to delivery of late
chondritic veneer, in supplying carbon to a depleted mantle. Another way to have the trapped
core liquid be rich in carbon is to have carbon partitioning with a relatively low alloy:magma
ocean mass ratio. For example, if only 20% of the core mass equilibrated with the whole mantle
mass magma ocean, then the equilibrated alloy liquid could have had carbon content as high as
1 wt% (Fig. 3) even with a bulk Earth carbon as low as 730 ppm. Therefore, if volatile delivery
was delayed to the latter part of accretion and if low alloy:magma ocean ratio was the norm for
carbon fractionation, trapped core liquid can be quite C-rich.
If core-forming alloy liquid indeed provided some initial carbon, then the carrier phase
of interest can be much more complex than that captured by the Fe-Ni-C system alone. For
example, what if the segregating liquid alloy is also sulfur bearing? In such a case, phase relations of Fe-Ni-C-S systems will have to be considered. In that case diamond saturation may be
achieved, owing to lower solubility of carbon in sulfide-rich melt (see the later discussion on
carbon storage in the present-day mantle). Similarly, if the alloy liquid of interest is Si-bearing,
phase relations in the Fe-Ni-Si-C system may come into play. In the latter case, crystallization
of moissanite (SiC) in a reduced lower mantle cannot be ruled out. Although rarely found, moissanites have been reported as inclusions in natural diamonds (Leung et al. 1990; Leung 1990). If
segregating alloy liquid crystallizes diamond and/or moissanite in the lower mantle, mixing of
such mantle materials will be far more effective in bringing the bulk mantle carbon budget up.
Transfer of carbon in trapped reduced phases by convective and oxidative processes. If
core-forming liquid trapped in the lower mantle mineral matrix is the chief source of carbon
in Earth’s mantle in general, and in present-day Earth’s upper mantle in particular, then some
form of oxidative process is necessary for carbon to be mobilized from these reduced accessory
phases. The following end-member reactions can be posited for such oxidative release of carbon:
2Fe3C + 4FeSiO3 + 5O2 = 2FeCO3 + 4Fe2SiO4
carbide

px/pvskt

carbonate

Fe7C3 + 30FeSiO3 + 13Fe3+2 O3 = 3FeCO3 + 30Fe2SiO4
carbide

px/pvskt

gt/pvskt

(3)

ol/wad/ring

carbonate

(4)

ol/wad/ring

where carbide reflects either a true Fe-rich carbide phase or a C-bearing component in the
Fe-rich metal alloy and Fe3+2O3 reflects a component in garnet (gt) or perovskite (pvskt), recognizing the highest Fe3+ uptake by these silicate phases (Frost et al. 2004; Rohrbach et al.
2011). Fe2SiO4 also reflects an end-member component in olivine (ol), wadsleyite (wad), or
ringwoodite (ring) whereas FeCO3 reflects either a component in a crystalline carbonate or a
component in a carbonitic or carbonated silicate melt. Furthermore, oxidation of metal alloy
or metal carbide likely does not directly generate carbonate or CO2; more likely it proceeds
through an intermediate stage of metal oxidation and diamond/graphite (dia/gr) precipitation
(Frost and McCammon 2008) such as:
Fe7C3 + 7Fe2O3 = 3C + 21FeO
carbide/alloy

in gt/pvskt

dia/gr

Fe3C + 3Fe2O3 = C + 9FeO
carbide/alloy

n gt/pvskt

gr/dia

(5)

in silicates/ferropericlase
in silicates/ferropericlase

(6)
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followed by oxidation of graphite/diamond through reactions of the sort:
C + Fe2SiO4 + O2 = FeCO3 + FeSiO3
gr/dia

ol/wad/ring

carbonate

C + 3FeSiO3 + 2Fe2O3 = FeCO3 + 3Fe2SiO4
gr/dia

px/pvskt

in gt/pvskt

carbonate

(7)

px/pvskt

(8)

ol/wad/ring

Again, all of the above reactions are shown with both oxygen and Fe3+ as oxidants. Rohrbach
and Schmidt (2011) showed that the transition from a metal and diamond-bearing mantle to
a carbonated mantle takes place at ~250 km depth for a geotherm relevant to the present-day
sub-ridge environment. If this depth was relevant for the mantle soon after magma ocean
crystallization, then oxidative release of carbon from metal alloy and/ or carbide would have
taken place somewhat above the mantle transition zone. However, the proportion of metal alloy/
carbide that might be physically entrapped in solid silicate matrix of the lower mantle can be
more than the metal proportion of ~1 wt% expected by Fe2+ disproportionation in the presentday lower mantle (Frost et al. 2004) and much more than 0.1 wt% supposedly present in the
modern deep upper mantle. Similarly, the composition of the trapped metal and/or metal carbide
phase may have much higher Fe/Ni ratio compared to those formed by iron disproportionation.
Hence the buffering capacity of such metal alloy/carbide-rich mantle may be different than what
is predicted for present-day Earth’s metal-poor mantle below ~250 km (Rohrbach et al. 2007,
2011). Future experiments will need to constrain the conditions of redox reactions involving
variable metal alloy compositions.

CARBON RETENTION: MODULATING MANTLE
CARBON BUDGET THROUGH THE WILSON CYCLE
The preceding discussion sheds some light on the path for attaining the inventory of mantle
carbon in general and that of the upper mantle in particular. It was argued that it is possible to
conceive a set of processes that yield carbon content similar to that of the present-day budget
by late Hadean to early Archean time. If Earth’s mantle attained a carbon content similar to the
BSE inventory early in its life, how is such a budget maintained and processed in the light of
the ongoing differentiation of the planet for more than 4 Ga? While magma ocean processes
dominated the proceedings of deep carbon cycle in the Hadean, the carbon cycle post magma
ocean crystallization was modulated by the thermal vigor of solid state convection and plate
tectonic cycles. In this section, the current thinking of Earth’s deep carbon cycle in the plate
tectonic framework of mantle differentiation is reviewed. It will be shown that the mantle
inventory of carbon may have gone through definite changes as a function of time, between
the Archean Eon and the present-day and that key processes that affected such changes are the
efficiency of crustal carbon recycling and the efficiency of CO2 release through partial melting
in oceanic provinces, both of which are controlled by the evolving thermal state of Earth’s
mantle at various tectonic settings. For magmatic outgassing of carbon, the key parameter of
interest is the depth of onset of decompression melting and the extent of melting; the deeper and
higher the extent of partial melting of the mantle, greater is the efficiency of carbon liberation
(e.g., Dasgupta and Hirschmann, 2006; Dasgupta et al. 2013b). For recycling of crustal carbon,
the key factor is the relative positions of decarbonation and decarbonation melting reactions of
the lithospheric lithologies and depth-temperature paths of downgoing lithospheric materials.
If at shallow depths (e.g., sub-arc depths), the former are cooler compared to the latter then one
would predict inefficient deep subduction of carbon with most carbon being stripped off from
the downgoing slab and released back to the exosphere by arc magmatism. If, on the other hand,
up to the sub-arc depths the downgoing lithologies experience temperatures cooler than the key
decarbonation reactions, then carbon hosted in lithosphere is expected to avoid the magmatic
release in the volcanic arcs and participate in the deeper cycling and mantle processes.
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Carbon cycle in an ancient Earth with greater thermal vigor: an era of more efficient
outgassing?
A number of naturally relevant composition studies based on ancient rock records suggest
that Earth’s mantle was hotter in the Archean through Proterozoic time (Herzberg et al. 2010;
Lee et al. 2010). While the average mantle potential temperatures (TP) relevant for modern Earth
is estimated to be ~1300-1400 °C (e.g., Ita and Stixrude 1992; McKenzie et al. 2005; Herzberg
et al. 2007; Herzberg and Asimow 2008), basalt genesis from non-arc settings at 2.5-3.0 Ga
requires that the potential temperatures were at least 1500-1600 °C. If Archean komatiites are
considered, then the relevant mantle potential temperatures would be at least 1700 °C (Herzberg
et al. 2010; Lee et al. 2010). The question then is how deep was the onset of decompression
melting in the Archean-Proterozoic time. Decompression melting beneath mid-oceanic ridges,
which particularly controls the release of carbon and other highly incompatible elements, is the
depth of carbonated peridotite solidus. Figure 7 shows a compilation of experimental data that
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Figure 7. Experimentally constrained solidus of nominally anhydrous, carbonated fertile peridotite. The
experiments include those from Falloon and Green (1989) at 1.4-3.5 GPa, Dasgupta and Hirschmann
(2006) at 3.0-10.0 GPa, Dasgupta and Hirschmann (2007a) at 6.6 GPa, Ghosh et al. (2009) at 10.0-20.0
GPa, Litasov and Ohtani (2009) at 16.5-32.0 GPa, and Rohrbach and Schmidt (2011) at 10-23 GPa. The
shape of the solidus over 3-10 GPa pressure range is constrained by the experiments of Dasgupta and
Hirschmann (2006), but the exact location is adjusted to that expected for a peridotite with ppm level CO2
after Dasgupta and Hirschmann (2007a). Subsolidus and supersolidus experiments are given by solid blue
and open red circles, respectively. The preferred solidus from 2 to 35 GPa is fitted with a polynomial. Unlike in the study of Dasgupta and Hirschmann (2010), where the solidus at >10 GPa was parameterized by
correcting for the bulk compositional differences between the studies performed at lower (≤10 GPa; natural
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the simple system CMASN+CO2) pressures, here the solidus at >10 GPa is parameterized by using the
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1350 °C mantle adiabat) are the conditions of redox melting as proposed by (1) Stagno and Frost (2010)
and (2) Rohrbach and Schmidt (2011). The green and saffron shaded bands indicate approximate location
of the solid mantle adiabats of the modern mantle (TP = 1300-1450 °C) and the Archean mantle (TP = 15001700 °C), respectively.
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constrains the solidus of carbonated fertile peridotite solidus. At depths in excess of ~70 km, the
carbonated peridotite solidus is 350-500 °C cooler than that of volatile-free solidus. The shape
of the solidus is such that it intersects the solid mantle adiabat for TP of 1350 °C at ~10 GPa.
Thus, in modern Earth’s upwelling carbonated mantle, melting initiates at a minimum depth of
~300 km. Another curious feature of the fertile carbonated peridotite solidus is that it changes
slope sharply at ~10 GPa and remains similar to the solid mantle adiabat with TP of ~1350-1400
°C at higher pressures. Hence adopting any hotter mantle adiabat for the Archean and part of
the Proterozoic (Herzberg et al. 2010) would predict that the entire mantle may have possibly
remained above the carbonated peridotite solidus. The implication is that the mantle can be very
efficiently processed through the carbonated peridotite solidus.
But is the hotter thermal state of the mantle the only factor affecting the depth of onset
of partial melting and carbon release? In order to use the depth of intersection of solid mantle
adiabats and carbonated peridotite solidus as the depth of first melting in the adiabatically
upwelling mantle, carbon in peridotite is required to be stored as mineral carbonates (e.g.,
Falloon and Green 1989; Dalton and Presnall 1998; Dasgupta and Hirschmann 2006; Dasgupta
and Hirschmann 2007a). However, carbon in the mantle can be stored not only as mineral
carbonates (magnesite and dolomite solid solution for mantle peridotite) but also as graphite
or diamond (Eggler and Baker 1982; Eggler 1983; Luth 1993; Luth 1999; Dasgupta and
Hirschmann 2010; Rohrbach and Schmidt 2011; Dasgupta et al. 2013b). Therefore, the depth
of onset of melting must vary as a function of the mode of carbon storage. Two factors critically
affect whether carbon in the mantle at depths is being stored in carbonates or in one of the
reduced phases: (1) the locations of the equilibrium reactions that constrain the stability of
carbonate versus graphite/diamond in P-T-fO2 space, and (2) the oxygen fugacity profile of the
mantle as a function of depth.
(1) Equilibrium reactions. Carbonate-carbon (graphite:G or diamond:D) equilibria
involving upper mantle silicates at subsolidus conditions have long been constrained (Eggler
and Baker 1982; Eggler 1983; Luth 1993).
EMOG/D: Mg2Si2O6 + 2MgCO3 = 2Mg2SiO4 + 2C + 2O2
enstatite

magnesite

olivine

(9)

graphite

EDDOG/D: 2Mg2Si2O6 + CaMg(CO3)2 = CaMgSi2O6 + 2Mg2SiO4 + 2C + O2
enstatite

dolomite

diopside

olivine

(10)

graphite

Reaction (9) also can be rewritten to constrain the oxygen fugacity at which magnesite coexists
with diamond, clinoenstatite (MgSiO3), and wadsleyite/ ringwoodite (Mg2SiO4) at transition
zone depths (Stagno et al. 2011).
(2) Depth versus oxygen fugacity. The depth versus effective oxygen fugacity profile
depends on the chemical species that are responsible for controlling the oxygenation potential
of mantle assemblages. Silicate equilibria involving the exchange of Fe3+ and Fe2+ between
silicate minerals could be responsible for controlling the apparent fO2 (Gudmundsson and Wood
1995; Rohrbach et al. 2007; Frost and McCammon 2008) and in this case the chemical form
of carbon will rely on the intersection of the iron redox state imposed fO2 and the carbonatecarbon (graphite/diamond) transformation reactions. However, mantle fO2 may also be buffered
by carbon-carbonate equilibria (Eggler 1983; Luth 1999), in which case the stability of carbon
versus carbonate and fO2 versus depth are not controlled by the energetics of Fe3+ incorporation
into silicate minerals such as garnet or perovskite (Gudmundsson and Wood 1995; McCammon
2005; Frost and McCammon 2008) but by the EMOD-type equilibrium (Equation 9). Although
many studies have favored the Fe3+-Fe2+ equilibria as the independent variable affecting
effective fO2 at depth, whether carbon-carbonate equilibrium buffers the fO2 instead remains
an open question. In particular, if the Hadean and Archean mantle was carbon-rich (owing to
inefficient core formation or through magma ocean-atmosphere interaction or by addition of
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late-veneer as discussed previously), then the buffering capacity of Fe3+-Fe2+ in silicates might
have been overwhelmed by that involving carbon (Luth 1999). Not having continental crusts
of sufficient volume, the exospheric storage of carbon may have been limited and the entire of
budget of BSE carbon might have been in the mantle (Marty and Jambon 1987). In fact, if the
BSE carbon content (765-3700 ppm) estimated by Marty (2012) or by earlier works (Trull et
al. 1993) applied to the whole mantle of the Hadean or Archean Eons, then carbon-carbonate
equilibria would indeed control the fO2 of the deep mantle. If this was the case then the first
melting of the upwelling mantle would take place very deep in the mantle at the carbonated
peridotite solidus.

Inefficient subduction of carbon in the Archean and Proterozoic?
The timing of initiation and the nature of tectonics involving ancient subduction zones are
actively debated. The mineral assemblages included in diamonds spanning the past 3.5 billion
years suggest that the subduction may have initiated at ~3.0 Ga (Shirey and Richardson 2011).
Much older subduction-type environments have even been suggested based on thermobarometric
estimates of the inclusions in 4.02-4.19 Ga zircons (Hopkins et al. 2008; Hopkins et al. 2010).
If some form of lithospheric recycling initiated in the late Hadean to early Archean, then
what was the thermal vigor of such ancient recycling processes and how did it evolve through
the Archean and Proterozoic Eons? This question is crucial because in order to predict the
subduction potential of carbon, the thermal profile of the downgoing plate as a function of
depth needs to be known. Geodynamic predictions suggest that subduction may have initiated
with TP being as much as 175-200 °C hotter than of the modern Earth (Sizova et al. 2010).
However, the increase in mantle potential temperature should not be directly reflected in the
slab surface temperature. Hotter mantle would generate thicker crust and faster plate velocity,
both of which would offset the effect of hotter mantle wedge temperature and therefore the slab
surface temperature-depth trajectories of ancient subduction may not be much hotter. These
geodynamic considerations suggest that the temperature during subduction may have been ~87100 °C (50% of the potential temperature) hotter (van Keken personal communication). In
addition to the geodynamic predictions, the estimates of ancient geothermal gradient based on
thermobarometry of Precambrian rock records also exist (e.g., Nakajima et al. 1990; Möller et
al. 1995; Komiya et al. 2002; Brown 2006; Moyen et al. 2006; Mints et al. 2010; Saha et al.
2010). In Figure 8, following the approach of Dasgupta and Hirschmann (2010) and Tsuno
and Dasgupta (2011), the plausible depth-temperature trajectories experienced by subducting
rocks during the Archean-Proterozoic are compared with the experimental constraints on
decarbonation reactions (CO2-rich fluid or carbonated melt liberation) of subducting lithologies.
Subduction zone thermal conditions based both on geodynamic and petrologic constraints are
presented. It can be noticed that the estimates derived from the rock records suggest higher
subduction zone temperatures than those predicted by geodynamic modeling. For simplicity
only one plausible P-T trajectory of ancient subduction that is hotter than Cascadia subduction
zone by 100 °C is plotted. This estimate is most likely at the upper end of all the ranges slabsurface temperatures, given that most other modern subduction zones are cooler than that of
Cascadia. Therefore, the difference between the geodynamic predictions and natural rock
records is likely even more than what appears in Figure 8.
The compositions and the relative proportions of carbon-bearing rock types during this
ancient time-period are poorly constrained and in Figure 8 it is assumed that all the three
dominant carbonated lithologies that subduct in modern Earth—that is carbonated ocean floor
sediments, carbonated altered basalt, and carbonated peridotite (ophicarbonate)—participated
in the subduction-type environment of deep time, although their relative importance in terms of
the flux of carbon in the downgoing slab may have been different than what has been estimated
for modern subduction zones globally (Sleep and Zahnle 2001; Jarrard 2003; Dasgupta and
Hirschmann 2010).
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Figure 8b shows that on average, at any given pressure, carbonated pelitic sediments have
the lowest decarbonation and carbonate melting temperatures, thus they are most prone to losing
their carbon inventory during subduction. Carbonated ocean floor basalts or their derivatives,
carbonated eclogite, have intermediate decarbonation or carbonate melting temperatures and
carbonated peridotites have the highest carbonate melting solidi. Thus if a slab surface P-T
trajectory hotter by ~100 °C than the hottest subduction zone of modern Earth (Cascadia) is
considered, then compositions similar to carbonated silicate sediments of the present-day ocean
floor will be completely carbon-free by carbonate melting or decarbonation by depths of ~100150 km. Whereas if metamorphic conditions recorded in ancient crustal assemblages rightly
capture the prograde subduction path of the Precambrian, then sediment decarbonation may
have been completed as shallow as 80-100 km. These depth estimates are well within modern
Earth sub-arc depths of 72-179 km (Syracuse and Abers 2006).
With P-T conditions similar to those recorded in the Precambrian rock record, altered ocean
floor basalts would undergo complete decarbonation by 80-120 km (Yaxley and Green 1994;
Dasgupta et al. 2004; Yaxley and Brey 2004; Dasgupta et al. 2005; Gerbode and Dasgupta
2010; Kiseeva et al. 2012). Whereas if slab-top temperatures were only up to 100 °C hotter than
the hottest subduction zone of the present era, then carbonated basaltic compositions, which
stabilize calcitic crystalline carbonate in the eclogite (Yaxley and Green 1994; Yaxley and Brey
2004; Dasgupta et al. 2005), would survive significant decarbonation in the Precambrian sub-arc
depths (Fig. 8a). Under similar conditions, basaltic eclogites with more magnesian crystalline
carbonate (dolomite to magnesite solid solution), would undergo complete decarbonation and
carbonate melting by 125-170 km depth (Dasgupta et al. 2004; Dasgupta et al. 2005; Gerbode
and Dasgupta 2010).
The fate of carbon hosted in oceanic mantle lithosphere is somewhat unclear, partly
because of the fact that compositions that derive from serpentinized and carbonated depleted
peridotite have not been extensively studied experimentally. Also, compositions representative
of serpentinized carbonated peridotite and their dehydrated products (fluid-absent, carbonated
peridotite) are poorly constrained. In terms of the phase relations of altered lithosphereic
mantle, what exist are thermodynamic calculations relevant for low-pressure devolatilization of
ophicarbonates (Kerrick and Connolly 1998) and melting and decarbonation relations of more
fertile peridotite compositions under hydrous (Wallace and Green 1988) or nominally anhydrous
(Falloon and Green 1989; Dasgupta and Hirschmann 2006; Dasgupta and Hirschmann 2007a)
conditions. If these phase relations are a reasonable approximation of high-pressure behavior of
carbonated lithosphere, then subducting mantle likely had the best prospect of carrying carbon
down deep. This conclusion follows because peridotitic lithologies provide the greatest thermal
stability of crystalline carbonates and they go down along the coolest paths during subduction
(Fig. 8c).
Although Precambrian subduction can be argued to be hotter on average than modern
Earth, what remains uncertain is the time scale over which slab thermal structure evolved to
something similar to that of the present day. Figure 9a presents a conjectural projection of all
the various temperature estimates for subduction-type environments between the Archean Eon
and Neoproterozoic Era to a constant depth of ~70 km. The different P-T estimates are projected
to a single pressure of ~2 GPa, using the topology of the slab surface P-T path estimated for
the present-day subduction zone in Cascadia. Although for comparison with experimental data
of decarbonation/melting, slab temperatures at somewhat higher pressures are necessary, P =
2 GPa is preferred to avoid significant extrapolation of the available thermobarometric data,
which record peak metamorphic temperatures at P ≤ 2.5 GPa and mostly < 2 GPa. However,
Figure 9a does shed some light on the extent of excess temperature that the downgoing crustal
rocks of Precambrian likely have suffered compared to those that subduct in modern Earth. It
shows that slab temperatures were likely hotter by as much as 100 °C as recently as 1 Ga even
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if the hottest subduction zone of modern Earth is used as a reference (Fig. 9). If the trend of
excess slab temperature versus age is followed, then it appears that many carbonated sediment
and carbonated ocean floor basalt compositions likely suffered sub-arc depth decarbonation
and carbonated partial melting in all of the late Hadean Eon, the Archean Eon, and perhaps at
least the first half of the Proterozoic Eon. Only as recently as 1.2-1.5 Ga does subduction appear
to be cold enough to allow significant subduction of crustal carbonate beyond sub-arc depths
of 100-170 km. However, depending on the choice of carbonated crust compositions, some
deep subduction likely took place even earlier. Ophicarbonates could, however, have subducted
even during the Archean-Proterozoic time as the P-T trajectories of mantle lithosphere, which
are cooler than the overlying crust, likely remained significantly below the solidi temperatures
of carbonated (±H2O) peridotite (Fig. 9b). If the most recent estimate of serpentinites-hosted
carbon content (500-1000 ppm C; primarily in the form of sea-water carbonates and smaller
fractions of organic carbon; (Alt et al. 2012) is considered as a relevant estimate for the ancient
subduction, then with serpentinites making up 10% of the 10-km thick layer of suboceanic
mantle, an estimated 4.8-9.6 × 1012 g C/yr would be added to the subducting assemblage.
Considering the present-day input of carbon through subduction of altered oceanic crust alone
is ~6.1 × 1013 g C/yr, the contribution of carbon hosted in the mantle section of the Archean
Eon would have been about an order of magnitude lower. Future studies will have to constrain
the abundance of mantle-hosted carbon in the Archean and Proterozoic lithospheric sections in
order evaluate the potential role of mantle subduction in deep carbon cycle of the Archean Eon.
Another possibility of somewhat enhanced subduction of carbonate in the Precambrian
is that, owing to higher solidi of carbonated peridotite with respect to carbonated basalt and
sediments, some fraction of released CO2/carbonate melt may freeze in the mantle wedge
peridotite immediately above the downgoing slab. If this was the case, this hanging wall
peridotite can be dragged down into the deeper mantle along with the subducting slab. It is
unclear how much carbon may get locked into peridotite in this fashion, because crystalline
carbonate stability in compositions relevant for carbonated slab melt influxed peridotite is
unconstrained. Likewise, despite the thermal hindrance to early Earth carbonate subduction,
subduction of reduced carbon may have been another mechanism for carbon ingassing in the
Hadean, as graphite/diamond has no notable effect on the solidus of dry mantle lithologies. This
idea gains support from the fact that a significant fraction of near-surface carbon could have
been graphite or other reduced phases in early Earth (Catling et al. 2001).
The above discussion suggests that, owing to somewhat more efficient decarbonation of the
subducting crusts at relatively shallow depths, the flux of CO2 through Archean volcanic arcs
likely was higher and deep subduction of carbon may have been hindered. In addition, owing to
Earth’s much hotter conditions, the subduction cycles may have also been episodic in nature for
most part of the Precambrian (O’Neill et al. 2007; Moyen and van Hunen 2012), thus making
subduction introduction of crustal carbon to the mantle even a less reliable ingassing process.
Petrologic solution to Faint Young Sun Paradox — the role of arc volcanism. A corollary
of the discussion in the preceding section is that during the Hadean to Mesoproterozoic time
the majority of Earth’s carbon that did not segregate to the core, or was lost to space during
accretion, was likely restricted to the exosphere (crust + atmosphere) with only a limited
cycling involving the shallow mantle wedge. The convecting mantle’s carbon-poor state would
be exacerbated by the fact that carbon outgassing may have been more efficient with deeper
carbonated melting. This prediction of more efficient subduction decarbonation (along with
deep carbonated melting beneath oceanic volcanic centers) or at least less systematic subduction
must have had important implications for the Faint Young Sun Paradox (Sagan and Mullen
1972; Feulner 2012). This paradox describes the apparent contradiction between geologic
evidence of liquid water on Earth’s surface as early as Hadean time and the astrophysical
expectation that the Hadean Sun was ~30% less luminous than today at ~4.6 Ga (Sagan and
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Mullen 1972) and remained at least 10% less luminous as recently as 1.5 Ga (Gough 1981).
If atmospheric chemistry was the same as that of modern Earth, with Sun’s output being only
70-90% of that of the modern epoch, Earth’s surface temperature (Ts) would remain <273 K
(Budyko 1969; Kasting and Catling 2003; Zahnle 2006; Zahnle et al. 2007), thus preventing
water to exist in the liquid form as recently as 1.5-2.0 Ga (Kasting and Catling 2003). One of
the ways to get around this problem is to have higher concentrations of atmospheric CO2 than
modern Earth’s (preindustrial) nominal value of ~300 ppmv (Owen et al. 1979; Walker et al.
1981; Kuhn and Kasting 1983). However, although higher partial pressure of CO2 in the ancient
terrestrial atmosphere is a popular model, little has been discussed in literature about the source
of excess volcanic CO2 (Feulner 2012).
The comparison between the estimated temperatures of Precambrian subduction zones and
the high-pressure experimental phase relations of crustal decarbonation suggests that significant
CO2 liberation at volcanic arcs likely helped to sustain higher CO2 content in the exosphere for
at least 2.5 billion years, between ~4 Ga and 1.5 Ga (Fig. 9b). Although the role of volcanic CO2
as the main greenhouse gas required to offset the lower solar luminosity has been speculated
before, the analyses presented here suggests that it specifically was CO2 outgassing at ancient
arcs that likely provided the excess CO2. But how much carbon was released to atmosphere
through arc volcanism during the Archean Eon? Similar to the present-day, carbonated basaltic
crust likely was the chief source of crustal carbon entering ancient subduction zones. In presentday Earth, carbonate precipitated as veins and present in vesicles in the upper volcanics of
ocean floor basalt amounts to ~0.3 wt% CO2 of the 7 km thick ocean crust (Alt and Teagle
1999; Alt 2004). For a subduction rate of 3 km2/yr, relevant for the Phanerozoic Eon (Reymer
and Schubert 1984), this equates to subduction of 6.1 × 1013 g of C/yr (2.2 × 1014 g of CO2/
yr) (Dasgupta and Hirschmann 2010): all of which could have potentially been released in
the Archean Eon. With greater vigor of hydrothermal activity and faster sea-floor spreading,
the carbonation rate of the Archean ocean crust and flux of carbon to subduction zones could
have been more extreme, however. For example, the study of Nakamura and Kato (2004) on
the top 500 m of early Archean (3.46 Ga) hydrothermally altered basaltic rocks exposed near
the Marble Bar area of the eastern Pilbara Craton, Western Australia, suggests that the carbon
flux to subduction zones at this time period was ~4.6 × 1014 g of C/yr (~1.7 × 1015 g of CO2/
yr). Shibuya and co-workers (2012) investigated the Cleaverville area of Pilbara Craton and
constrained carbonation of the top 4000 m of the middle Archean MORB-like greenstone
composition. This latest study yielded an even more extreme flux of subducting carbon of
~1.8 × 1015 g of C/yr (6.6 × 1015 g of CO2/yr). Again, all of this carbon being outgassed at
volcanic arcs would yield at least 1-2 orders of magnitude higher flux than the total flux of
modern volcanic CO2 emission, with all magmatic centers combined.
Punctuation of the deep carbon cycle of the Precambrian by supercontinent formation?
The preceding section suggests that breakdown and outgassing of recycled crustal carbonates
at volcanic arcs were perhaps much more frequent in most of the Precambrian and this process
may have implications for the Faint Young Sun paradox. If this was the case, does it mean
there was very limited deep ingassing of crustal carbonates through the Precambrian? Were
the subduction zones hot throughout the Archean and early Proterozoic Eons? The thermal
consequence of supercontinent aggregation and disaggregation suggests otherwise. Formation
of a supercontinent elevates the TP underneath the continents owing to heat transfer inefficiency
of thick, stagnant continental lithosphere relative to thinner, subducting oceanic lithosphere
(Coltice et al. 2009; Lenardic et al. 2011). Moreover, if a supercontinent is surrounded by
subduction zones, to keep the average TP constant, an increase in TP beneath continent is
accompanied by a drop in TP beneath oceans. Lenardic et al. (2011) showed that the change
in mantle thermal state would result from the insulating effect of continental lithosphere no
longer being communicated to the suboceanic mantle via thermal mixing. Thus supercontinent
formation and break-up in the Precambrian (Condie 2004) might have caused the mantle wedge
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TP, and hence the near-surface slab temperatures, to fluctuate. The implication for subduction of
crustal carbonate is that recycling of carbon beyond sub-arc depths may be promoted during the
stability of a supercontinent with lower mantle wedge potential temperatures. Supercontinent
break-up, on the other hand, would lead to a transient burst of enhanced convective vigor
driven by a strong lateral thermal gradient beneath continents and oceans and corresponding
increases in the TP of the mantle wedge. This change, in turn, would trigger breakdown of slab
carbonates, causing massive CO2 outgassing at arcs. However, slower plate velocity during this
supercontinent stage may offset the effect of a cooler mantle wedge and may lead to warming
of the slab-surface during subduction. This effect would then be more effective in triggering
slab decarbonation. More work, using both rock records and geodynamic modeling, is needed
to constrain the thermal structures of the Precambrian subduction zones through time, as there
may be short-term oscillations from hot to moderately hot or relatively cold subductions,
modulating the efficiency of carbonate recycling. This effect is particularly important because
inefficient ingassing of CO2 may have helped the planet to recover from hard snow-ball state as
recent as Neoproterozoic (Kirschivink 1992).

Carbon ingassing in modern Earth
Recycling. A number of studies have discussed Earth’s carbon cycle, taking into
consideration the cycle involving the planet’s interior relevant for the Phanerozoic Eon in
general and that of modern Earth in particular (Kerrick 2001; Sleep and Zahnle 2001; Hayes
and Waldbauer 2006; Dasgupta and Hirschmann 2010). Thus, here only the salient features
of modern Earth’s deep carbon ingassing via recycling of near-surface rocks are reviewed,
highlighting the new observations and drawing attention to potential new directions of study.
Dasgupta and Hirschmann (2010) suggested that the total input of carbon into subduction
zones is (6.1-11.4) × 1013 g of C/yr, which includes an oceanic mantle lithosphere contribution
of 3.6 × 1013 g of C/yr (assuming ophicarbonates contain ~11 wt% CO2 and the top 100 m of
the mantle lithosphere is composed of a pervasive ophicarbonate layer). However, if this value
is revised with bulk serpentinite content of only 500-1000 ppm C (Alt et al. 2012) and the
estimate of serpentinite proportion as preferred by the same authors (Alt et al. 2012), mantle
subduction does not contribute more than (~0.5-1.0) × 1013 g C/yr. Thus the revised estimate of
the present-day subduction input of carbon, combining all lithologies, becomes (5.4-8.8) × 1013
g C/yr. Although the global outgassing flux of carbon through intraplate volcanism is largely
unconstrained, if such flux is small (given much smaller mass flux of intraplate volcanism),
the present-day subduction input of carbon may be more than the outgassing flux combining
ridges, hotspots, and arcs. With mantle inventory of carbon being the topic of interest, the
obvious question then becomes that how much of this carbon goes past sub-arc depths of 72173 km (Syracuse and Abers 2006) and thus likely participates in a much longer time scale
cycle involving the deep mantle.
Similar to the Archean-Proterozoic times, carbon ingassing flux of the present-day mantle
is also being shaped primarily by thermal vigor of the plate boundary processes, i.e., thermal
structure of modern subduction zones. The preceding discussion and Figures 8 and 9 indicate
that although carbon ingassing by crustal recycling likely was hindered by a hotter Earth in the
Hadean Eon, in the Archean Eon and a significant portion of the Proterozoic Eon slab-surface
temperatures likely became cooler than the average decarbonation and carbonate melting
solidi temperatures by the Mesoproterozoic to Neoproterozoic era. Indeed, the comparison of
P-T paths of downgoing slabs estimated for modern Earth subduction zones (van Keken et
al. 2002; Syracuse et al. 2010) (Fig. 10), combined with petrologic constraints on carbonate/
CO2-bearing lithospheric assemblages, has prompted many investigators to conclude that at
present-day carbon subducts deep into Earth with only minor outgassing via arc environments
(Yaxley and Green 1994; Kerrick and Connolly 1998; Molina and Poli 2000; Kerrick 2001;
Kerrick and Connolly 2001; Dasgupta et al. 2004; Dasgupta et al. 2005; Thomsen and Schmidt

ttes

Depth (km)

Mag

DolMg-cal

08

tS

lab

Sub-arc depth range

Dol

FG89

te
ot

st

H

Carbonate mineral abbreviations

DH0

ol6 D

Sl

ab

Mg-cal - magnesian calcite solid solution
6
Dol-Mag - Dolomite-magnesite solid solution
5
Cal-Ank - Calcite-ankerite solid solution
4 3
5
6

4

3

Depth (km)

200

150

100

Depth (km)

6

4 3

6

WG88

200

150

100

50

200
1200

K12

- Sunda
2 - Antilles
3 - South
Vanuatuin present day Earth, based on the comparison of subducting slab P-T
Figure 110.
Subduction
efficiency
of carbon
4 - Nicaragua
6 -and
North
5 - NorthetVanuatu
paths worldwide
(Syracuse
al. 2010)
theCascadia
available experimental boundaries of decarbonation and melting of
carbonated
basalt (a), carbonated pelite (b), and carbonated peridotite (c). Experiments that constrain the decarbonHottest slab - slab-top trajectory for Cascadia
ation and melting of subducting lithologies are the same as those plotted in Figure 8. The subducting slab P-T paths
(dashed lines with numbers next to them) plotted in (a) and (b) are those for the top surface of the slabs, given that
Sub-arc depth range
both sedimentary and secondary carbonates in oceanic basalt reside mostly within top 500 m of the slab. The subducting slab P-T paths in (c) are those for the base of the 7 km thick oceanic crust or at the top surface of the mantle
lithosphere. The
slab-surface
P-T
paths in (b), marked with 1 through 5, are specifically for those subduction zones
Carbonate
mineral
abbreviations
where ocean-floor sediments are known to have a distinct carbonate fraction (Plank and Langmuir 1998). The gray
magnesian calcite solid solution
shadedMg-cal
region- marks
the range of sub-arc depths for all modern subduction zones combined (Syracuse and Abers
- Dolomite-magnesite
solid solution
2006). Dol-Mag
Carbonate
mineral major element
compositions stable along the phase boundaries are marked (see legend
Cal-Ank
- Calcite-ankerite
solid solution
to the left).
Lithologies
that stabilize
dolomite solid solution or dolomite-magnesite solid solution on average have
lower carbonate-out boundaries compared to those that stabilize calcitic solid solution.

200

5

H

1 - Sunda 2 -Carbonate
Antilles breakdown
3 - South Vanuatu
50
4 - Nicaragua condition
- North Cascadia
5 - North Vanuatu 6WG88
2
Hottest slab - slab-top trajectory for Cascadia

08

Subducting slab P-T conditions

Mg-cal

1200

6

6

ab

silicate solidus

K12

Temperature (°C)

200

T12

Sl

0

TS

200

1

2

5

4

3

1000

Dol

0

Ho

150

100

2

Carbonate breakdown
condition

silicate solidus

Temperature (°C)

800

FG89

0

b

K12

3

T12

TD12

50

c

600
1

6

Mag

0

Sla

6

l

600
800
1000
1 Subducting slab P-T conditions

c

st

lab

6

e
ott

tS

6

nk
TS

0

1

TS08

6

-ca

5

H

Mg

5

ttes

150

4

5

TD12

Ho

150

4

3

TD11

Complete decarbonation
(carbonate-out)

TS08

4 3
3 2
2 1
T12

Depth (km)

100

Depth (km)

100

1200

silicate solidus (±H2O)

1000

Depth (km)

5

l-A

T12

Mg-cal

2

800

st

4

Ca

TD12

D05

50

b

600
1

6

3

ol6 D

DH0

0

5

GD10

04

5

TD12

(carbonate-out)
Mg
-ca
l
TD11

YG94

1200
1200

Hydrous silicate solidus

1000

Carbonate
breakdown
silicate solidus
(±H2O)
50
Completecondition
decarbonation

1000

nk

4

3

2

800

Temperature (°C)

1

te
ot

4

3

2

b

YG94

800

Temperature (°C)
Temperature
(°C)

YB

0

0

Pressure (GPa)

600
600 1
1
a

Pressure (GPa)

2

Depth (km)

Pressure (GPa)

l-A

Ca

D04

Mag

Pressure (GPa)

Dol-

Pressure (GPa)

5

6

5

210
Dasgupta

Mag

Cal-Ank

Dol-Mag

Mg-cal -

Hottest

1 - Sun
4 - Nica

Terrestrial Carbon through Geologic Time

211

2008; Dasgupta and Hirschmann 2010; Tsuno and Dasgupta 2011; Tsuno and Dasgupta 2012).
If this is the case then a significant portion of the original input of (5.4-8.8) × 1013 g C/yr could
be recycled deep into the mantle. However, the arc flux of CO2 [(1.8-3.7) × 1013 g C/yr; (Sano
and Williams 1996)] demands that up to ~20-70% of the original carbon input to subduction
zones be returned to the atmosphere by arc magmatism. In addition, fluxes associated with
metamorphic and hydrothermal fluids not generally included in volcanic flux estimate may call
for even greater extent of CO2 transport from slab to the surface. Furthermore, the proposition
that primary arc magmas might be more CO2-rich than previously thought (Blundy et al. 2010)
and intrusives associated with arc volcanos may also contain carbon, suggest that arc flux of
CO2 may be larger than previously estimated. Thus, there is an apparent contradiction between
the petrologic prediction of carbonate stability in the subducting slab and measured flux of
carbon in arc volcanic centers. The following are some of the processes that can potentially
explain this paradox.
1.

A significant decarbonation of crustal carbonates (in altered basalt and in sediments)
may take place by influx of water derived from extraneous sources, such as underlying
serpentinite sections (Gorman et al. 2006). The chief uncertainty in this process is
pervasiveness of the fluid flushing through basaltic crust and sediment at sub-arc
depths. If serpentinized zones are created via bending faults in the outer rise, then
serpentinites may be spatially restricted (Ranero et al. 2003) and thus fluids liberated
from them may not flush through the overlying crust pervasively but remain in
channels. In such a scenario, decarbonation may not be significant.

2.

The hydrated top portions of the subducting slab, including sediments, basaltic crust,
and mantle lithospheric section, may detach from the downgoing slab and rise to
wedge mantle as Rayleigh-Taylor instabilities (e.g., Gerya and Yuen 2003; Castro
and Gerya 2008). If this happens then slab carbonates may experience hotter wedge
temperature, thereby undergoing melting or decarbonation and releasing CO2.

3.

Owing to density contrast alone and not aided by hydration, downgoing sedimentary
packages may undergo diapiric rise into the mantle wedge (Currie et al. 2007; Behn et
al. 2011). Signature of sediment partial melt and sedimentary carbon in arc volcanics
thus may be derived by sediment decarbonation and melting in the mantle wedge, as
proposed by the studies of Tsuno and Dasgupta (2011, 2012), Tsuno et al. (2012), and
Behn and co-workers (2011).

4.

Based on fluid inclusions trapped in diamonds of ultra-high pressure rocks of Western
Alps that preserved dissolved bicarbonate and carbonate ions and crystals of carbonate
in the inclusions, it has been suggested that the transfer of carbon from slab to wedge
takes place by carbonate dissolution in the fluid at sub-arc depths, rather than by
decarbonation or melting (Frezzotti et al. 2011).

5.

A sizeable portion of the global arc flux may derive from metamorphic decarbonation
of crustal carbonates in the overriding plate through interaction with arc magmas. For
example, Mount Etna [1.3 × 1013 g CO2; (Allard et al. 1991)] and Vesuvius, which erupt
through thick sections of crustal carbonates, make up 20% of the global CO2 arc out
flux. The presence of skarn xenoliths and heavy carbon isotope chemistry of fumarolic
gases in Mt. Etna and Vesuvius do suggest sedimentary carbonate assimilation at arc
crust (e.g., Iacono-Marziano et al. 2009). Although this non-mantle CO2 outflux tends
to be more important at old continental arcs, owing to the possible presence of crustal
carbonates, even in the juvenile continental crust this contribution could be more than
previously recognized. If global arc CO2 flux is increased significantly by this form
of crustal carbonates in the overriding plate, then one important corollary would be
that a greater percentage of trench input of carbon actually gets recycled deep into the
mantle.
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The relative contributions of these various mechanisms to the outgassing flux of carbon
in modern subduction zones are unconstrained at present. Also unconstrained is how much
CO2 can be carried in siliceous hydrous partial melts of sediments, which appears to be a an
unavoidable agent of mass transfer in subduction zones. With all recent estimates of slab-surface
temperatures being hotter than the fluid-present solidi of subducting crust and sediments (van
Keken et al. 2002; Syracuse et al. 2010; Cooper et al. 2012) and the flux of hydrous fluid perhaps
being available from breakdown of hydrous phases in subjacent lithologies (e.g., serpentinites),
it becomes critical to know the carrying capacity of CO2 in high-pressure hydrous siliceous
melts (Ni and Keppler 2013).
Acquisition of mantle carbon via interaction of subducted ‘water’ and metallic core? All
possible processes for explaining the “excess” carbon in the mantle paradox that were discussed
before are early Earth processes that could have restored the mantle carbon budget well before
the initiation of plate-tectonics. However, as suggested by Dasgupta et al. (2013a), the initiation
of plate tectonic cycles may have provided another pathway for elevating mantle carbon over
geologic time, i.e., in addition to introducing surficial carbon by recycling. They proposed that
if subduction of oceanic plate brings water to the core-mantle boundary (CMB) regions, it may
be possible that water, expelled from breakdown of hydrous phases or contained in hydrous
phases, reacts with metallic alloy melt from outer core to form Fe-hydrides, FeHx (Okuchi
1997; Okuchi 1998; Terasaki et al. 2012); Fig. 5d). Oxygen, being less soluble in the metallic
core and released in the process, then may react with carbon in the core to form CO2, CO, or
FeCO3, following a set of reactions such as:
Fe + H2O = FeO + 2H

(11)

Fe + xH = FeHx

(12)

FeO + C = Fe + CO

(13)

2FeO + C = 2Fe + CO2

(14)

FeO + CO2 = FeCO3

(15)

Excess hydrogen, not dissolved in the metallic core, may also react with carbon to release
hydrogenated species such as methane, following the reaction:
C + 2H2 = CH4

(16)

It is also possible that such reaction stabilizes other multi-light element alloys, such as FeSiHx
(Terasaki et al. 2011), following the reaction such:
FeSi + xH = FeSiHx

(17)

The produced CO, CO2, hydrocarbons, or carbonate most likely forms a component in a
melt phase in D″. Such C-bearing melt may be released from the core, eventually causing the
mantle carbon concentration to increase. Similar to the model of inefficient core formation, this
possibility could also make the lower mantle more carbon-rich. One caveat to this speculation
is that while the reaction with subducted hydrous phases and the core may release carbon to the
mantle, if a subducted slab carries carbon down to the CMB regions, then subducted carbon
may also be lost to core. Therefore, if both recycling and core-slab interactions contribute to
modern Earth’s mantle carbon budget, then slabs in the CMB graveyard need to be hydrous but
carbon-poor.
Carbon in modern Earth’s mantle: recycled versus primordial? With deep carbonate
subduction being quite efficient at least over the Phanerozoic Eon, and maybe for the past 1
billion year, one may wonder whether the present-day inventory of mantle carbon is chiefly
recycled or primordial. For example, if mantle outgassing rate at oceanic ridges is controlled
by deep carbonated melting at a depth exceeding 300 km (Dasgupta and Hirschmann 2006),
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then the residence time of mantle carbon can be as short as 1 Ga, thus requiring a significant
fraction of the present-day mantle carbon to be recycled. Whereas if redox freezing (as graphite,
diamond, C-bearing metal alloy, or metal carbide) suppresses deep melting-induced efficient
liberation of carbon, then the residence time of carbon in the mantle may approach 4 Ga,
requiring limited input from Phanerozoic subduction to make up its inventory.
Carbon isotopic composition of mantle-derived samples shed light on the possible origin of
present-day mantle carbon. The average value of d13C of mantle carbon is ~ −5 (Deines 2002),
with more negative excursions [i.e., carbon that is isotopically lighter, up to −25‰; (Stachel et
al. 2005)] typically associated with graphite and diamonds (e.g., Schulze et al. 1997; Walter
et al. 2011). Although the origin of “light” carbon in the mantle is debated (Cartigny 2005),
a leading hypothesis is that the light mantle carbon (d13C < −10‰) results from subduction
of the isotopically light organic carbon fraction of altered oceanic crust, sediments, or mantle
lithosphere (Stachel et al. 2005). However, it still remains an unsolved mystery why most
of the mantle carbon presents d13C ~ −5‰, given that the dominant mass flux of carbon via
carbonate subduction injects d13C ~ −1‰ (Coltice et al. 2004; Stachel et al. 2005). In particular,
in the context of ancient versus modern processes shaping the carbon chemistry of the mantle
as discussed in this chapter, the study of Satish-Kumar et al. (2011) re-opens the debate on
the origin of the carbon isotope compositional variability of the mantle. Satish-Kumar and
co-workers (2011) presented experimental evidence of carbon isotope fractionation between
Fe-carbide melt (C-saturated metallic-Fe melt) and graphite/diamond and showed that Fecarbide melt prefers isotopically light, 12C-enriched carbon over graphite/diamond. Although
it remains unclear whether Earth’s early magma ocean was graphite-saturated and whether the
C-isotope fractionation between silicate magma ocean and C-poor metal melt would yield a
similar 12C-enriched core melt, it is plausible that carbon derived from metallic melt generates
in part the light isotopic signature observed in many deep diamonds. Therefore, if inefficient
core formation leaves behind a small fraction of C-bearing metallic melt, such phases may
contribute towards the carbon isotopic heterogeneity of mantle samples and in particular may
provide the light carbon in the mantle. Furthermore, carbon isotopic fractionation between
metal and silicate melts might have established the d13C near the average mantle value of −5‰
and potentially explain the difference between CI chondrites (d13C −7 to −15‰) (Kerridge
1985) and that of Earth’s mantle.
Break-up of Pangea and perturbation of the Phanerozoic deep carbon cycle. Although
present-day estimates of slab thermal profiles suggest only a limited decarbonation of downgoing
lithosphere at sub-arc depths, any increase in arc mantle potential temperatures would disrupt
such balance of deep carbon cycling and force carbon to be released at sub-arc depths and thus
outgassed by arc volcanism. Were there any time periods in the Phanerozoic Eon when the
subduction zones could have become hotter? Formation and break-up of supercontinent Pangea
might have created such a scenario. Thermal mixing in the mantle soon after the supercontinent
break-up could have caused the arc source mantle to heat-up by as much as 200 °C (Lenardic
et al. 2011). As a consequence, the slab surface temperatures beneath arcs might have increased
by ~100 °C. With such a change in slab temperatures within a short period of time, carbonate
melting and decarbonation of subducting crusts are expected and cause shut-down of the deep
carbon influx for perhaps a few tens of million years. Very short residence times of subducted
carbon and release through arc volcanism thus might have played a critical role in the Cretaceous
and early Paleogene (~140-50 Ma) greenhouse climate. Greater abundance of continental arcs
over island arcs at this time period (Lee et al. 2013) might have also caused excess CO2 to be
released through metamorphic decarbonation and assimilation of sedimentary carbonates in the
arc crust as observed in Mt Vesuvius and Etna of modern Earth (Iacono Marziano et al. 2008;
Iacono-Marziano et al. 2009; Lee et al. 2013).
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Stable forms of carbon in the modern mantle and carbon outgassing
With deep ingassing appearing to be efficient for most part of the last ~1.5 Ga, the question
becomes what are the stable forms of carbon in Earth’s modern mantle (Oganov et al. 2013)?
Moreover, how do the stable hosts of carbon vary as a function of depth and various tectonic
settings? Again, a number of studies reviewed the mineralogic and petrologic constraints on
carbon storage in the mantle (Luth 1999; Dasgupta and Hirschmann 2010), thus this section is
aimed at highlighting only some of the new insights based on recent experimental observations.
Carbonated melt in the convecting oceanic mantle. Owing to very limited solubility of
carbon in the silicate minerals of Earth’s mantle (Keppler et al. 2003; Shcheka et al. 2006),
carbon’s presence in the mantle is controlled chiefly by the thermodynamic stability of various
C-bearing accessory phases and dynamic and thermodynamic stability of C-bearing fluids and
melts. In shallow oceanic mantle beneath ridges, oxidized form of carbon exists and carbonated
melt—either carbonatite or carbonated silicate melt (Dalton and Presnall 1998; Gudfinnsson
and Presnall 2005; Dasgupta and Hirschmann 2006; Dasgupta et al. 2007a, 2013b)—could
dominate the budget of mantle carbon to ~300 km (Fig. 7). However, it is also plausible that
carbonated melts freeze by a redox process at the expense of diamond/graphite (e.g., Eqns. 7
and 8) at depths shallower than ~300 km (the depth of intersection of carbonated peridotite
solidus and the mantle adiabat of TP ~1350 °C) (Stagno and Frost 2010; Rohrbach and Schmidt
2011; Dasgupta et al. 2013b). The depth of reduction of carbonated melt to diamond/graphite is
debated at present. Stagno and Frost (2010) suggest such destabilization of carbonated melt as
shallow as 100-150 km, whereas the study of Rohrbach and Schmidt (2011) places this depth to
~250 km (Fig. 6), based on the experimental observation that majorite (significant host of Fe3+)
becomes stable at such a depth and saturation of Fe-Ni alloy is achieved (Rohrbach et al. 2007;
Rohrbach et al. 2011). The carbon release depth of 300 km (by carbonated melting) versus as
shallow as ~100-150 km (by redox melting) must have critical difference for the outgassing
rate of carbon in the modern mantle. For example, Dasgupta et al. (2013b) showed that with
redox transformation of carbonate to diamond at ~250 km depth, the first melt in the upwelling
mantle globally will be a carbonated silicate melt of kimberlitic affinity rather than carbonatite
sensu stricto. This conclusion rests on the experimental observation that carbonate-silicate
melt mixing is favored at greater depth and hence the stability field of carbonated silicate melt
expands over the field of true carbonatite. Dasgupta et al. (2013b) argued that if the depthoxygen fugacity evolution is taken into account, carbonated silicate melt with 15-25 wt% CO2
and modest amount of water is likely a more important agent releasing incompatible trace
elements and fluids to the exosphere.
Even though carbonate melt/mineral stability may be compromised at the face of iron
disproportionation-induced redox freezing, locally carbonate-rich regions (perhaps regions that
are affected by subduction of carbonates) may persist to even lower mantle depths (Biellmann
et al. 1993; Stagno et al. 2011). In such a scenario the topology of carbonated peridotite solidus
could apply to the entire depth range plotted in Figure 7, i.e., through mantle transition zone
to lower mantle. Experimental determination of the solidus slope of carbonated peridotite at
transition zone and lower mantle depths, combined with the knowledge of the same in the upper
mantle, suggests possibly an interesting case of carbonatite generation in the deep mantle.
Figure 7 shows that if a mantle adiabat for TP of 1350 °C is followed, then there could be a
“double-crossing” of the carbonated peridotite solidus, one at ~10 GPa and another at ~30
GPa. The exact depth of the latter intersection remains somewhat uncertain owing to lack of
experimental constraints on the solidus for relevant compositions at >25 GPa. However, the
key point is that the “double-crossing” of the adiabat and the solidus suggests that carbonatite
generation not only can take place at ~300 km depth by adiabatic decompression of the mantle,
but also at lower mantle depth of ~800-900 km by compression or convective down-welling
of the mantle transition zone materials. A corollary of the solidus-adiabat double-crossing is
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that a large fraction of the transition zone may be below the carbonatite solidus and thus may
have carbon stored as magnesite, provided the oxygen fugacity is >IW+2 (Stagno et al. 2011).
Thus, trace carbonatite melt may affect the seismic structure of the deep upper mantle and also
shallow lower mantle but perhaps not the mantle transition zone.
Carbon and carbonates in the continental lithospheric mantle. While oxidized form of
carbon in asthenospheric upper mantle is chiefly a melt phase, continental lithospheric mantle
can contain stable crystalline carbonates. Figure 11 shows that in the shallow continental
lithospheric mantle to a depth of ~100-220 km (geotherms corresponding to surface heat flux
of 40-50 mW m−2), carbon can exist as crystalline carbonate, i.e., magnesite and dolomite solid
solution (Fig. 11) and only at greater depths do the continental shield geotherms cross the
carbonated peridotite solidus and hence magnesio-carbonatite melt (Dasgupta and Hirschmann
2007b) becomes stable in the lithospheric mantle. If the carbonated peridotite domain is also
hydrous and amphibole-bearing, then the solidus can be slightly lower (Wallace and Green
1988) and magnesite/dolomite may be restricted to slightly shallower depths. Although
carbonatitic melt may be stable at depths deeper than 100-220 km, diminishing oxygen fugacity
with depth, as recorded in the Fe3+/ΣFe of garnets in cratonic mantle xenoliths and determined
based on the oxy-thermobarometry calibration of Gudmundsson and Wood (1995), suggests
that graphite/diamond may become stable over crystalline carbonate or carbonated melt at 100150 km depth (Woodland and Koch 2003; McCammon and Kopylova 2004; Stagno and Frost
2010; Yaxley et al. 2012). If this is the case, then the stability of primary carbonatitic melt in
Archean cratonic environments may be restricted within a narrow window of ~1050-1100 °C
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and 100-150 km. Somewhat deeper production of carbonated melt in the cratons is possible,
however, with metasomatically oxidized and more carbon-rich domains, either through redox
or carbonated melting (e.g., Foley 2008). Although carbonate melting may be restricted for
greater thickness of thermal boundary layer in the Archean cratons, elevated geotherms similar
to those of the Proterozoic (surface heat flux of ~50 mW m−2) and Phanerozoic terrains (surface
heat flux of >60-80 mW m−2) would stabilize carbonatitic melt as shallow as 70-100 km (Fig.
11), depths at which conversion from carbonate to graphite likely does not occur.
Deep storage of carbon — deep upper mantle to lower mantle. Although oxidized phases
such as CO2-rich fluid, carbonatite, and carbonated silicate melt are the chief hosts of carbon in
the shallow (< 200-250 km) upper mantle, the dominant storage mechanism of carbon changes
at greater depths. In a mantle poor in carbon, and thus oxygen fugacity being controlled by
the Fe2+-Fe3+ exchange and energetics of Fe3+ incorporation in mantle silicates, mantle likely
becomes metal-saturated as shallow as 250±30 km and remains such at greater depths (Frost and
McCammon 2008; Rohrbach et al. 2011). A consequence of this environment is the equilibrium
reaction of carbon with Fe-Ni metal and mantle storage of the former in Fe-rich alloy, Ferich carbides, and as diamond (Frost and McCammon 2008; Dasgupta and Hirschmann 2010;
Buono et al. submitted). Albeit rare, natural inclusions of Fe-carbide, Fe3C and metallic-Fe in
mantle-derived diamonds (Sharp 1966; Jacob et al. 2004; Kaminsky and Wirth 2011) validate
such experimental predictions. But what further experimental constraints can be provided in
terms of the relative roles of alloy versus carbides versus diamond versus metallic liquid as
the host of deep carbon? The exact phase of interest that hosts carbon depends on the bulk
composition in the Fe-C (±Ni ±S) system, and the P-T condition in question. The concentration
of Fe-Ni metal is predicted to vary between 0.1 and 1.0 wt% with ~0.1 wt% metal alloy being
stable from the deep upper mantle through the transition zone and ~1 wt% metal alloy being
stable almost throughout the lower mantle. The alloy composition is also predicted to vary from
39 wt% Fe - 61 wt% Ni at ~250 km depth and 88 wt% Fe - 12 wt% Ni at the lower mantle (Frost
and McCammon 2008). The current knowledge of the effect of Ni on the high-pressure phase
relations in the Fe-C system is limited thus the prediction from Fe-C binary phase diagrams are
discussed first. In Figure 12, the estimated Fe-C phase diagrams at pressures of 10 and 50 GPa
from the study of Lord et al. (2009) are presented and compared with the mantle temperatures
expected at such depths. The key observation from Figures 12a and 12b are: (a) at the base
of the upper mantle and for an average MORB source carbon content not exceeding 30 ppm
C (equivalent of 110 ppm CO2) all the carbon will be dissolved in an alloy ± a metallic melt
phase; (b) for cohenite to be a phase of interest, the deep upper mantle needs to contain carbon
in excess of ~50 ppm; and (c) for diamond to be an equilibrium phase, carbon content in excess
of ~90 ppm is needed. Although the detailed phase diagram of the Fe-Ni-C system as a function
of pressure is not well constrained, recent experimental work at 3 and 6 GPa suggests that Ni
behaves as an incompatible element in the cohenite-Fe-Ni-C(±S) liquid system (Buono et al.
submitted), suggesting that Ni does not stabilize cohenite and Ni lowers the melting point of
cohenite. Hence, it is expected that if the metal is Ni-rich at the base of the upper mantle and
throughout the transition zone then the Fe-Ni-C melt will be a more dominant carbon host
than predicted from the Fe-C phase diagram alone. Moreover, as sulfur in the mantle is present
almost entirely as sulfides—given the oxygen fugacity of the mantle (e.g., Jugo et al. 2010)—
equilibrium phase relations and geochemistry of the Fe-(±Ni)-C-S system also become relevant
to constrain the equilibrium carbon-bearing phase. Sulfide-metal-metal carbide connection in
the mantle is also evident from common association of pyrrhotite or troilite with iron carbide
and Fe-rich metal alloy phases in inclusions in diamonds (Sharp 1966; Jacob et al. 2004). In
Figure 13, the plausible range of Fe-(±Ni)-C-S composition relevant for the mantle subsystem
is shown. Also shown are the available near-liquidus phase relations for Fe-Ni-C-S, Fe-Ni-C,
and Fe-C-S bulk compositions over the pressure range of 3 to 6 GPa (Dasgupta et al. 2009a;
Buono et al. submitted). It can be observed, with reasonable extrapolation of the experimental
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the expected mass fraction of alloy at these mantle depths as suggested by Frost and McCammon (2008).
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of the mantle takes place even for a carbon depleted MORB-source mantle at lower mantle depths, whereas
for a similarly carbon-poor deep upper mantle, the entire carbon inventory could be dissolved in a metallic alloy phase (see text for details). The plot in (d) also suggests that unless a small amount of Ni has a
large influence on the Fe-C phase diagram, diamond stability in the lower mantle requires the mantle to be
extremely carbon-rich or much poorer in metal alloy fraction.

phase boundaries, that the sub-ridge adiabatic temperatures may yield an Fe-Ni-C-S melt at
depth of first metal saturation, i.e., 250 ± 30 km. If the mantle adiabatic gradient relevant for
intraplate ocean island sources is considered then Fe-Ni-C or Fe-Ni-C-S melt will likely be stable
throughout the deep upper mantle, possibly even throughout the transition zone. Furthermore,
although carbon-bearing Fe-Ni-S melt likely is stable in the deep upper mantle and transition
zone, the involvement of sulfur may help and be necessary for stabilizing diamond at these
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suggests that, especially for S-bearing
and S-rich compositions, the deep upper
mantle may contain a sulfide-rich FeNi-C-S metallic liquid phase and solid
carbide stability may require somewhat
greater, perhaps transition zone depths.

depths. Owing to strong non-ideality of mixing in the Fe-(±Ni)-C-S systems (Wang et al. 1991;
Corgne et al. 2008; Dasgupta et al. 2009a), S-rich Fe-Ni-S melt may repel carbon and force
diamond saturation. Data available in Fe-Ni-C-S systems suggest that diamond nucleation may
be aided by the presence of a Fe-Ni sulfide melt (Shushkanova and Litvin 2008; Zhimulev et al.
2012) because C-solubility in Fe-alloy melt is known to diminish with increasing sulfur content
(Ohtani and Nishizawa 1986; Tsymbulov and Tsmekhman 2001; Zhimulev et al. 2012). Thus,
although Figure 12 suggests that deep upper mantle diamond only forms from a C-rich (>100
ppm C or ~370 ppm CO2) mantle, S-rich systems may lead to diamond formation at lower C
content. However, more work on sulfide-metal-carbide system is necessary to constrain the
relative contributions to various C-bearing phases in detail.
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The scenario of carbon storage in the lower mantle could be different (Fig. 12c,d). This
expected change is aided by the following. (1) The metal content in the lower mantle can be
as much as 1 wt% (Frost and McCammon 2008) and hence, unless the lower mantle is more
carbon-rich compared to the deep upper mantle, the effective Fe/C ratios of the metal subsystem
become higher. (2) The composition of the metal phase is Fe-rich and Ni-poor, hence the Fe-C
binary exerts more control on the mode carbon storage. (3) The solubility of C in carbidesaturated metallic alloy is expected to diminish strongly as a function of pressure (Lord et
al. 2009; Walker et al. accepted). The estimated rate of movement of the Fe-C eutectic as a
function of P to C-poor compositions suggests that the C-solubility in metal alloy may become
negligible by 50 GPa (Fig. 12c; Lord et al. 2009). A consequence of all of these observations
is that a vast region of lower mantle may display coexistence of cohenite and Fe-rich metallic
alloy for Fe/C ratios relevant for both MORB and ocean island basalt source regions. This
assemblage is distinct from the mode of carbon storage in metallic systems at upper mantle and
transition zone depths, where carbide may not be a stable phase for carbon-poor MORB source
compositions (≤110 ppm CO2). It can also be noted in Figure 12d that, if the lower mantle
contains ~1 wt% Fe-rich metal alloy, then in an equilibrium scenario the stability of diamond
and Fe7C3 is unexpected unless the mantle domains are extremely carbon-rich (>700-1000 ppm
C). More experimental work in the Fe-Ni-C-S system at lower mantle depths will be needed
to refine these predictions and gain further insight into deep mantle carbon storage in reduced
phases.

CONCLUDING REMARKS
In response to the evolving thermal vigor and fugacity of oxygen and other volatiles, the
behavior and fate of carbon and its partitioning between various layers of Earth (atmosphere,
silicate Earth, and metallic core) varied through geologic time. During the first few tens of
millions of years of the Hadean Eon, carbon that was not lost to space and participated in the
core-forming magma ocean processes appears to have partitioned strongly into the metallic core.
This fractionation would have made core the largest terrestrial reservoir of carbon. However,
uncertainty in the core carbon budget remains owing to poor constraints on bulk Earth carbon in
a magma ocean environment, the lack of consensus on the extent of metal-silicate equilibration,
the composition of the impactors (including the composition of the core of the differentiated
impactors), and the lack of availability of experimental data on partition coefficient of carbon in
a deep, reduced magma ocean environment, involving a multi-component metallic alloy melt.
With almost all carbon of the chondritic building blocks being lost to space, restricted to nascent
atmosphere, or sunk to the core, the silicate liquid mantle soon after core segregation was
probably carbon-poor. Processes such as late bombardment of volatile-rich material, entrapped
C-bearing metallic liquid in the pore spaces of lower mantle solids, and ingassing from a C-rich
atmosphere had opportunities to replenish mantle carbon by the end of the Hadean Eon. In fact,
the mantle may have even attained carbon concentrations higher than that sampled by presentday oceanic volcanism at the end of the Hadean Eon. Greater thermal vigor of convection in
the Archean Eon likely caused deeper and greater volume of carbonated melt generation and
thus efficient outgassing of carbon ensued. The thermal state of the crustal recycling zone also
likely was hotter until ~1.5 Ga; such slab thermal structure along with inconsistent subduction
cycle likely hindered deep ingassing of surficial carbon. Massive release of CO2 at Archean and
Paleoproterozoic volcanic arcs thus may have supplied the necessary dose of greenhouse gas in
the atmosphere to offset the dimmer early Sun and help sustain liquid water on Earth’s surface.
With secular cooling of Earth’s mantle, the global systematics of ingassing and outgassing
appear to have changed by the Meso- to Neoproterozoic Eras. The depth-temperature paths
of subduction zones became amenable to transport of crustal carbonates past arc-magmatic
processing depth, setting up systematic deep ingassing of carbon. A possible short-term
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disruption of carbon ingassing and outgassing pattern may be caused by the mantle thermal
state, owing to formation and break-up of supercontinents.
It remains unclear how the subducted carbon over the past 1-2 billion years distributed
itself in the mantle, but with subduction going past the mantle transition zone, it is not unlikely
that subducted carbon of the Proterozoic and Phanerozoic Eons is somewhat concentrated in
the transition zone and lower mantle. It has also been speculated that deeply subducted water,
carried in hydrous phases, may react with outer core alloy melt to trigger release of some core
carbon. While ingassing of crustal carbon appear efficient in modern Earth, the petrology and
dynamics of subduction zone processes including formation of sediment diapirs and fluid fluxed
hydrous melting need to be closely evaluated to reconcile the modern arc flux of CO2. With
cycling of carbonates deep into the modern mantle globally, the storage mechanisms at depth
becomes a key issue. Carbonate minerals and carbonatitic melt are stable at the shallow part of
continental lithospheric mantle, while carbonated silicate melts are stable at the asthenospheric
mantle. In subduction-influenced, carbon-rich, oxidized domains, carbonatitic melt may even
be stable at the deep upper mantle through the top of the lower mantle. However, oxidized
forms of carbon at depths greater than the deep upper mantle may be an exception and reduced
phases such as Fe-Ni-S-C melt, Fe-Ni alloy, and Fe-rich carbides are the phases of interest with
increasing depth, while diamond becomes a stable phase only in C-rich and/or S-rich mantle
domains. Further work in multi-component metallic system will be required to understand the
full spectrum of reduced carbon storage in the mantle. It also needs to be explored whether
there are remnants of metallic alloy/carbide melt left behind from the event of core formation
and whether such phases preserve very different compositions than those expected from iron
disproportionation in silicates and subsequent alloy-C reaction.
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