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Geophysical constraints on radial and lateral temperature variations in the upper mantle
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Abstract

Temperatures in the upper mantle may be inferred from measurements of physical proper-
ties which are strongly dependent on temperature and by identification of seismic discontin-
uities with phase transitions of measurable equilibrium boundaries. Temperature at the top of
the low-velocity zone, equated with the onset of incipient melting, is generally 1100° + 100°C
from a wide variety of evidence. The extensive melting detectable beneath mid-ocean ridges
implies temperatures above [250°C in the shallow asthenosphere under spreading centers.
Below a thermal boundary layer at the top of the asthenosphere, associated with convection
on a scale secondary to plate motions, geotherms in the asthenosphere follow nearly adiabatic
gradients and intersect the olivine-spinel transition at a temperature of 1300° + 150° C. The
olivine-spinel transition is elevated about 100 km in subducted oceanic lithosphere, implying
a 1000°C temperature contrast between slab and normal mantle at 250 km depth. Systematic
thermal differences between stable ocean basins and continental shields are necessary but are
not likely to extend deeper than 200 km. Lateral temperature variations of perhaps 200°C do
persist deeper than 200 km and are probably associated with convective flow in the astheno-

sphere
Introduction

The temperature distribution in the earth is in-
timately related to the dynamics of its interior and is
fundamental to a proper interpretation of much of
the data from solid-earth geophysics, geochemistry,
and petrology. Direct observation of the temperature
distribution is limited to measurement of temperature
and its spatial derivatives in the upper few kilometers
of the earth’s crust. This paper is a synthesis of the
many indirect observations, mostly geophysical, that
provide information on the radial and lateral varia-
tions of temperature in the upper mantle.

Temperatures in the upper mantle may be esti-
mated using two types of inference chains: (1) the
identification of seismic discontinuities with phase
transitions whose equilibrium boundaries can be
measured in the laboratory, and (2) the measurement
of physical praperties which are strongly dependent
on temperature. The first class of constraints includes
the location of the boundaries of the low-velocity
zone, interpreted as the onset of partial melting, and
of the discontinuities marking the breakdown of the
olivine and spinel phases of (Mg,Fe),SiO,. The sec-
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ond class includes information on the depth depen-
dence of thermally-activated properties such as elec-
trical conductivity, seismic dissipation, and viscosity.

Both types of constraints are brought together in
this paper to develop a self-consistent picture of up-
per mantle temperatures. The picture is closely
related to recent ideas about the structure and evolu-
tion of the lithosphere and the convective flow pat-
tern within the asthenosphere.

Phase boundaries as geothermometers:
the low-velocity zone

The seismic low-velocity, low-Q zone has tradition-
ally been identified by seismologists and others as the
asthenosphere (e.g., Press, 1959). The top of the low-
velocity zone probably marks the locus of the solidus
of mantle material in the presence of small amounts
of a free fluid phase (Kushiro et al., 1968; Lambert
and Wyllie, 1968; Ringwood, 1969), and thus consti-
tutes a geothermometer if the phase diagram for
mantle material is assumed to be known. Variations
in the depth to the top of the low-velocity zone repre-
sent lateral differences in temperature and perhaps
composition.
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Evidence for incipient melting

Several lines of evidence support the hypothesis
that the low-velocity zone is generally in a state of
incipient melting, a term proposed by Ringwood
(1969) to distinguish the small amount (~1%) of
melting associated with the lowering of the solidus by
free H,O or CO, from the greater amount of melting
(5-30%) thought necessary to produce most basaltic
magmas:

(1) The detailed distributions of velocity and Q of
P and S waves in the upper mantle require that some
sort of shear-relaxation process operate in the low-
velocity zone. The rationale for this conclusion has
been summarized by Anderson and Sammis (1970)
and by Solomon (1972), and includes the following:
the sharp gradients in velocity and Q! at the top and
bottom of the zone, the much larger variation in
modulus and in losses for shear than for compres-
sion, and the apparent frequency dependence of Q!
in the upper mantle. A small amount of partial melt-
ing within the low velocity zone can readily account
for these observations (Walsh, 1969).

(2) The temperature at the base of the lithosphere
is in excess of the solidus for peridotite with small
amounts of H;0 or CO, (Wyllie, 1971; Green, 1973b;
Mysen and Boettcher, 1975). The data used to estab-
lish this result are discussed in a later section.

(3) There are numerous geochemical and petrolo-
gical grounds favoring some H,O and CO, in the
mantle at asthenosphere depths. These include hy-
drous minerals in ultramafic nodules and other rocks
believed to be derived from the mantle (Oxburgh,
1964; Kushiro et al., 1967, McGetchin et al., 1970;
Merrill et al., 1972), CO,-filled inclusions in olivine-
bearing nodules thought to be mantle-derived (Roed-
der, 1965); the presence of and oxidation state of
gases given off during volcanic eruptions (Eaton and
Murata, 1960; Holland, 1962; Nordlie, 1971), the
mechanism of emplacement of diatremes (Shoemaker
et al., 1962; McGetchin and Silver, 1972), the vesicu-
larity of young basalts erupted on the ocean floor
(Moore, 1970), and the experimental melting rela-
tions for certain types of basalts (Bultitude and
Green, 1967; Green, 1973a).

It is expected that any H,O in the mantle would be
present as a free fluid phase or dissolved in a silicate
melt below the depth in the mantle at which amphi-
bole and perhaps phlogopite are stable phases (K ush-
iro et al., 1968; Lambert and Wyllie, 1968). Such an
expectation is consistent with the depth to the low-
velocity zone and with independent estimates of tem-
perature at that depth (see below). Whether CO,
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would be concentrated in a fluid or a solid phase at
mantle depths appropriate to the low velocity zone is
a matter of some uncertainty (Green, 1972; Irving
and Wyllie, 1973; Newton and Sharp, 1975), though
as long as some H,O is present then this uncertainty
does not affect the discussion here.

The oceanic lithosphere

Thermal models for the oceanic lithosphere, to-
gether with experimentally determined phase rela-
tionships for probable mantle compositions, predict
that the solidus deepens with lithospheric age (Wyllie,
1971; Forsyth and Press, 1971). The depth to the top
of the low-velocity zone beneath oceans, interpreted
as the depth to the solidus, can be located by several
different seismic techniques and appears to deepen
systematically with sea-floor age in the manner pro-
posed (Leeds et al., 1974; Forsyth, 1975).

The occurrence of a low-velocity zone is normally
demonstrated in a refraction experiment by a time
offset in the travel time versus distance curve for first
arrivals and/or a distance range over which first-
arriving signals have low amplitudes, and in a sur-
face-wave experiment by direct inversion of surface-
wave phase or group velocities. For both types of
experiments, there is a trade-off between the depth
extent of the low-velocity zone and the velocity
within the zone. The bottoms of low-velocity zones
are therefore never located with much reliability. The
top of a low-velocity zone (for P waves) can often be
reasonably well located by a refraction experiment,
but for inversion of surface-wave dispersion there is
usually another trade-off between (S wave) velocity
in the lid above the low-velocity zone and depth to
the top of the zone. [f the lid velocities are themselves
lower than normal, as in many tectonic areas, there is
an additional ambiguity in choosing where the lid
stops and the low-velocity zone begins.

A summary of estimates of lithospheric thickness,
as defined by the depth to the low-velocity zone,
beneath oceans is given in Figure 1. The most exten-
sive data come from surface-wave phase velocities
“regionalized” into zones of different ages (Leeds et
al., 1974, Weidner, 1974, Forsyth, 1975). Dis-
agreement among the different determinations do not
necessarily imply different thickness-age relations
among the several oceans sampled, but more likely
represent the sensitivity of the estimated lithosphere
thickness to assumptions made in the inversion. Seis-
mic refraction experiments at ridge crests (Francis
and Porter, 1973; Orcutt et al., 1975) and in older
oceanic lithosphere (Asada and Shimamura, 1975)
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FiG. 1. Seismic determinations of oceanic lithosphere thickness, equated with the depth below sea level to the top of the low-velocity
zone, Estimates from inversion of surface-wave phase velocities for various sea-floor age intervals are from Leeds ef al. (1974) for the
Pacific, Weidner (1974) for the Atlantic, and Forsyth (1975) for the Nazca plate. Ridge-crest refraction experiments by Francis and Porter
(1973) on the mid-Atlantic ridge and Orcutt et al. (1975) on the East Pacific Rise found the top of the asthenosphere within the oceanic
crust. The long refraction line of Asada and Shimamura (1975) was in the western Pacific basin east of Honshu. The dashed curve is from
the ridge model of Solomon and Julian (1974) fitted to distortions in the propagation directions of teleseismic P waves from ridge-crest

earthquakes.

lend confidence to the general trend displayed by the
surface wave results, except for the results of Leeds et
al. (1974) on sea floor older than 100 m.y., since
revised (Leeds, 1975) and in much better agreement
with refraction results. The implications of Figure 1
for temperature in the oceanic upper mantle are dis-
cussed below.

The continental lithosphere

Seismic data on the thickness of the continental
lithosphere are more abundant than for oceanic re-
gions, but cannot be neatly categorized as monotonic
functions of only one parameter. Reliable determina-
tions of depth to the continental low-velocity zone
are summarized in Figure 2, with the results grouped
roughly (after Knopoff, 1972) into tectonically active
regions, stable continental platforms, and Pre-
cambrian shields. The great majority of the data
come from North American profiles.

The thicknesses shown for tectonically active areas
are all from the western United States, though por-
tions of east Africa appear to be similar (Knopoff,

1972). Such regions are characterized by very pro-
nounced low-velocity zones extending upward to
shallow mantle depths, sometimes to the base of the
crust. Refraction profiles give lithosphere thicknesses
of 30 to 70 km for such regions, a result generally
supported by inversion of phase velocity (Biswas and
Knopoff, 1974) and Q' (Lee and Solomon, 1975) for
Love and Rayleigh waves over similar paths.

The aseismic continental platforms, typified by
midwestern North America but also including large
portions of most continents (Knopoff, 1972), are
characterized by a definite low-velocity zone, but one
that is deeper and less pronounced than in areas of
recent tectonic activity. Lithospheric thicknesses lie
in the range 80 to 140 km, with perhaps 120 km a
good representative figure (Biswas and Knopoff,
1974; Lee and Solomon, 1975).

The older shield regions have very modest low-
velocity zones, if any. Surface-wave dispersion and
some refraction profiles in shields can be fitted by
models with no low-velocity zones (Brune and Dor-
man, 1963; Knopoff, 1972; Alexander and Sherburne,
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FIG. 2. Seismic determinations of continental lithosphere thickness, equated with the depth to the top of
the low-velocity zone. Each bok represents the thickness determined from one refraction profile; an S
within the box designates an S-wave profile. The range of lithosphere thicknesses obtained from inversion
of surface wave phase velocity (Knopoff, 1972; Biswas and Knopoff, 1974) and attenuation (Lee and
Solomon, 1975) are shown as solid (where preferred) to long dashed and short dashed lines, respectively.
Tectonic refraction profiles include CIT204 (Johnson, 1967), CIT109 through CITI‘12 (Archambeau et
al.,, 1969), STAN3 (Kovach and Robinson, 1969), US26 (Anderson and Julian, 1969), NTS N3, NTS
NEI, and NTS El (Julian, 1970), SDL-UT-BR1 (Massé et al., 1972), HWA and HWB (Wiggins and
Helmberger, 1973), and SHR 14 (Helmberger and Engen, 1974). Platform refraction profiles include ER2
(Green and Hales, 1968), NC1, YUKON4, UTAH I, NTS NE1-W, Plains, and NTS E1-W. Plains (Julian,
1970), and the Mexico profile of Shurbet (1972). Shield refraction profiles include YLKNF10 and
HUDSBY 10 (Julian, 1970), the Early Rise model of Massé (1973), and SMAK| (Simpson ez al., 1974),

the last of which found no low-velocity zone necessary (arrow at bottom of figure).

1972). For such regions the temperature profile may
be everywhere subsolidus, and the usual identi-
fication of the top of the low-velocity zone as the base
of the lithosphere loses its utility.

Spreading centers: the anhydrous solidus

Throughout most of the low-velocity zone the
amount of melt present is likely to be small, on the
order of | percent, and controlled by the H,O and
CO,; abundances in the asthenosphere. The melt frac-
tion will be appreciable (~ 10 percent) only when the
temperature is close to the anhydrous solidus (Wyllie,
1971; Green, 1971), a condition restricted to regions
of upwelling from deep within the asthenosphere
such as beneath mid-ocean ridges. When the fraction
of melt exceeds a few percent, the shear modulus is
substantially reduced from the value for solid mate-
rial or for incipient melting (Walsh, 1969). If the
increase in melt fraction occurs over a narrow tem-
perature interval reasonably well approximated by

the anhydrous solidus (Wyllie, 1971), the seismic lo-
cation of this melt-fraction boundary can be used as
another geothermometer.

Such a melt-fraction boundary has been inferred
beneath the mid-Atlantic ridge on the basis of two
types of seismic measurements: very low Q for shear
waves propagating through the region of extensive
melting enclosed by the boundary (Solomon, 1973)
and severe distortion of the propagation directions of
teleseismic P waves from ridge-crest earthquakes be-
cause of the pronounced velocity gradients across the
boundary (Solomon and Julian, 1974). The zone of
extensive melting is roughly 40 to 60 km in half-width
in the north Atlantic and from several km to several
tens of km in thickness, in agreement with the degree
of melting (~30 percent) and the magma segregation
depth (15-25 km) inferred for ocean-ridge mantle
from the chemistry of sea-floor basalts (Kay et al.,
1970). As predicted by most thermal models for
spreading centers, the width of the extensively molten



792

zone appears to scale approximately with the spread-
ing rate (Solomon and Julian, 1974).

Other constraints on upper mantle temperatures

The identification of the top of the low-velocity
zone with the mantle solidus permits a determination
of temperature at the base of the lithosphere in each
of the regions mentioned above. In this section, such
an exercise is combined with a number of independ-
ent techniques for estimating temperatures in the up-
per 100 to 200 km of the mantle to present a coherent
picture of temperatures in the shallow asthenosphere.
Most of the emphasis in this section will be on oce-
anic regions, with a discussion on continent-ocean
differences reserved for later.

Figure 3 summarizes the various constraints on
oceanic mantle temperatures. The locus of the solidus
is sketched from Figure I. The location of the an-
hydrous solidus is taken from Solomon and Julian
(1974). Temperatures at various depths on both
boundaries are taken from the experimental phase
diagram of Green (1973b) on pyrolite plus 0.2 per-
cent H,O; somewhat lower temperatures would be
indicated if the generally similar phase diagrams of
Mysen and Boettcher (1975) or of Milhollen et al.
(1974) on peridotite plus H;O were employed. Other
entries in the figure are discussed in turn.

Lava temperatures

Temperatures measured on erupting lavas, if no
cooling process other than adiabatic decompression
has operated on the lavas between magma segrega-
tion and eruption, are within perhaps 50° to 100°C of
the temperature of the source of the magma beneath
the point of eruption. Measured temperatures in lava
fountains and lava lakes in Hawaii range between
about 1060° and 1190°C (Ault et al., 1961; Kinoshita
et al., 1969). Identifying the magma source with the
base of the lithosphere beneath Hawaii (Eaton and
Murata, 1960) gives a temperature at the top of the
asthenosphere of 1200° + 100°C, probably some-
what higher than beneath nonvolcanic regions.

Mineralogical geothermometers and geobarometers

The magma temperatures of several ocean-floor
basalts have been calculated by Frey ez al. (1974) with
two independent techniques. Using the Kudo and
Weill (1970) plagioclase thermometer as refined by
Mathez (1973) to account for the non-ideal solid-
solution behavior of plagioclase, Frey et al. obtained
plagiociase crystallization temperatures on four sam-
ples of 1230 to 1250°C. Scheidegger (1973) obtained
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higher temperatures without the Mathez refinement.
Frey et al. also obtained temperatures in the range
1170 to 1220°C on three samples from the olivine-
liquid equilibria data of Roeder and Emslie (1970).
As pointed out by Frey et al., their determinations fit
well with the 1 atmosphére liquidus temperatures of
ridge basalts (1190° to 1250°C) measured by Tilley et
al. (1972). These temperatures are in good agreement
with magma segregation at 15 to 25 km depth (Kay et
al., 1970) and the temperatures indicated beneath the
ridge crest in Figure 3.

Pyroxene geothermometry (Boyd, 1973) on
mantle-derived ultramafic xenoliths offers consid-
erable promise for providing estimates of the local
geotherm at the time the xenoliths were brought from
deep in the lithosphere or asthenosphere to near the
surface. The technique is not without some uncer-
tainties and corrections yet to be worked out (e.g.,
Boettcher, 1974; Wilshire and Jackson, 1975), but is
useful at present to corroborate other estimates of
temperature.

Pyroxene geotherms for several regions designated
as oceanic have been constructed by MacGregor
(1974) and MacGregor and Basu (1974) and by Mer-
cier and Carter (1975). The data most readily applied
to a known oceanic environment are those from xe-
noliths in Hawaiian alkali basalts. The Hawaiian geo-
therms of both Mercier and Carter (1975) and Mac-
Gregor and Basu (1974) (the latter after shifting to 15
percent lower pressures as an approximate correction
for Fe and Ca to MacGregor’s (1974) geobarometer
based on Al,O; solubility in orthopyroxene) indicate
temperatures in excess of 1100°C below about 90 km
depth, in adequate agreement with other estimates.

Oceanic heat flow and topography

The variation of oceanic heat flow and bathymetry
with sea-floor age is well matched by thermal models
for the oceanic lithosphere based on a spreading plate
with an isothermal lower boundary (McKenzie, 1967,
Sleep, 1969; Sclater and Francheteau, 1970; Sclater et
al., 1971; Parsons and Sclater, 1975). The fit of mod-
els to observations provides constraints on both the
thickness and the temperature at the base of such a
plate. A recent analysis (Parsons and Sclater, 1976) of
the probable values of these parameters gave 117 £
15 km and 1560 + 390°C, respectively. The uncer-
tainties are probably even larger than the formal
errors given, since uncertainties in several physical
parameters, notably thermal conductivity, were not
included. That the plate thickness determined from
thermal models exceeds the depth to the low-velocity
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FIG. 3. Various independent estimates of temperature in the oceanic asthenosphere. Discussion of estimates and sources of data are given
in the text; o is electrical conductivity, and 7 is shear stress.

zone is to be expected, since the upper part of a
convective boundary layer at the top of the astheno-
sphere probably moves with the overlying lithosphere.
The temperature at 120 km depth, which scales ap-
proximately as the heat flow in old ocean basins, is
higher than most other estimates in Figure 3, but the
various uncertainties overlap.

Viscosity

Viscosity is one of several physical properties that
are extremely sensitive to variations in temperature.
Thus, although the viscosity in the asthenosphere is
very difficult to measure with much precision, even a
rough estimate can be a useful constraint on temper-
ature.

Limits on the viscous drag coefficient acting on the
base of lithospheric plates have been obtained by
comparing the lithospheric stress field calculated
from plate tectonic driving force models (Solomon et
al., 1975; Richardson et al., 1976) with the intraplate
stress inferred from midplate earthquake mechanisms
(Sykes and Sbar, 1973) and in situ measurements. The
best fit of calculated and observed directions of prin-

cipal stresses arises when viscous drag acts to retard
plate motion and when the shear stress 7 at the base
of the lithosphere.lies in the range (.001 to .01) ¢xv,
where ¢ is the compressive stress near spreading
centers and v is the absolute plate velocity in cm/yr
(Solomon et al., 1975; Richardson et al., 1976). Tak-
ing o >~ 200 bar (Morgan, 1972; Artyushkov, 1973)
and v ~ 8 cm/yr for oceanic plates (Solomon et al.,
1975) gives 2 < 7 < 20 bar.

Given the shear stress and an estimate of the strain
rate, the compilation by Kohistedt and Goetze (1974)
of creep measurements in dry olivine may be used to
estimate the temperature at the base of the litho-
sphere. The strain rate ¢ depends on the thickness of
the shear zone beneath the lithosphere but is unlikely
to exceed 3 X 107 sec™!. An extrapolation of the
Kohlstedt-Goetze creep relations to lower strain rates
than measured (ignoring pressure effects) gives T =
1100°£100°C for 7 = 2-20 bar and ¢ = 3 X 10~
sec™'. The formal error in temperature is based on a
fixed constitutive relation and the given stress range
and strain rate and so underestimates the total uncer-
tainty, particularly on the low-temperature side. In-
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cipient melting will lower the temperature estimate
further, but the results of Auten et al. (1974) suggest
that the reduction may be small.

The shear stress and the viscosity at the top of the
asthenosphere thus provide a useful limit on temper-
ature. Though determining these quantities in the
earth and relating them to temperature and composi-
tion in the laboratory need further work, the temper-
ature at the top of most oceanic asthenosphere must
almost certainly be less than 1200°C and perhaps less
than 1100°C.

Electrical conductivity

Electrical conductivity is another physical property
highly sensitive to temperature. The electrical con-
ductivity of the upper mantle may be estimated by
inversion of geomagnetic variation data (Banks,
1969; Parker, 1970), though at present the data are
not accurate enough to extract more than averages
over depth intervals of several hundred kilometers
(Parker, 1970). The inferred average conductivity of
0.1 @ 'm™" for the upper 400 km of the mantle im-
plies a temperature of 1800°C if the con-
ductivity-temperature relation for the most electri-

SEAN C. SOLOMON

cally resistive olivine is used (Duba ez al., 1974). This
is only an upper limit on temperature, since the elec-
trical conductivity averages are dominated by the
most conductive regions both radially and laterally
and the mantle may be more conductive as a function
of temperature than olivine. Accounting for a small
amount of partial melt, for instance, could lower the
temperature estimate substantially (Chan et al., 1973;
Waff, 1974).

Q

Seismic attenuation can also be strongly dependent
on temperature. In a partially-melted asthenosphere;
the temperature sensitivity is due to a dependence on
the viscosity of the melt phase (Walsh, 1969; Solo-
mon, 1972). There are no experimental grounds for
assigning a temperature on the basis of a determina-
tion of Q at depth, but some limits can be placed on
the magnitude of the lateral variation of temperature
within the asthenosphere from lateral differences in
the travel-time delays and attenuation of P and §
waves which travel through the asthenosphere. Fig-
ure 4 is a map of temperature variations in the North
American asthenosphere (after Solomon, 1972), con-
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FiG. 4. Lateral variation of temperature (°C) in the asthenosphere of the United States, after Solomon
(1972). The value of temperature beneath the point in Michigan is set at 1200°C, and all other values
follow from the assumption that seismic-wave travel-time delay and attenuation in the North American
asthenosphere are governed by a shear relaxation (Walsh, 1969). The relaxation time is taken to be
thermally activated with an activation energy of 57 kcal/mole. Temperatures correspond to a depth in the
middle of the low velocity zone, or perhaps 150 km.
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structed by assuming that lateral variations in delays
and attenuation are due to regional differences in the
melt volume and melt viscosity in the asthenosphere.
The absolute level of temperature in the astheno-
sphere is uncertain using these data, but lateral differ-
ences of no more than 100° to 200°C are adequate to
produce viscosity variations large enough to account
for the observed lateral variations in seismic proper-
ties.

Phase boundaries as geothermometers: olivine-spinel

Several seismic discontinuities deeper in the mantle
have been associated with particular mineralogical
phase transitions (Ringwood, 1970), most notably
the transition from the olivine to the spinel to the 8
phase of (Mg,Fe),SiO, (Ringwood and Major, 1970)
at about 350 to 400 km depth, and the breakdown of
the spinel phase to constituent oxides (Kumazawa er
al., 1974; Ming and Bassett, 1975) at about 650 km. If
the loci of these boundaries in temperature-pressure-
composition space are known from laboratory ex-
periments, then the depth of each such seismic dis-
continuity may be converted to a temperature in the
mantle at that depth (Anderson, 1967). As a check on
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such determinations, the vertical gradient in seismic
velocity, if sufficiently well known, may be compared
with velocity profiles predicted from assumed miner-
alogical assemblages and geotherms passing through
the points indicated by phase boundaries (Anderson,
1967; Graham, 1970; Forsyth and Press, 1971).

The 350 km discontinuity

The depths to the top of the olivine-spinel transi-
tion as determined by several long refraction profiles
are given in Figure 5. The principal uncertainty in
locating the transition comes from a possible tradeoff
between transition depth and the average velocity in
the overlying mantle. Thus, much of the spread in
reported depths to the olivine-spinel transition is not
real. The three profiles reporting the shallowest tran-
sition depth (Massé et al., 1972; Massé, 1973; Simp-
son et al., 1974), which all have an additional discon-
tinuity 40 to 100 km below the first, were made in
regions of pronounced lateral heterogeneity, and thus
the spherically symmetric models fit to the profiles
are suspect (Julian, 1970). The two deepest reported
transitions are from models HWA and HWB of Wig-
gins and Helmberger (1973), since supplanted by
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FiG. 5. Seismic determinations of the depth to the top of the olivine-spinel transition. Each box
represents the thickness determined from one refraction profile; an S within the box designates an S-wave
profile and the O designates the single oceanic determination (Frohlich et al., 1975). Continental profiles
include CIT204 (Johnson, 1967), CIT109 through 112 (Archambeau et al., 1969), STAN3 (Kovach and
Robinson, 1969), US26 (Anderson and Julian, 1969), HUDSBY 10, YUKON 4, NTS N3, NTS NEI1, and
NTS El (Julian, 1970), SDL-UT-BR1 (dashed, Massé (1972), HWA and HWB (Wiggins and Helmber-
ger, 1973), the Early Rise model (dashed) of Massé (1973), SHR 14 (Helmberger and Engen, 1974), and
SMAKI (dashed, Simpson et al., 1974). Dashed boxes are from profiles crossing pronounced lateral
heterogeneities. The conversion from depth (bottom scale) to temperature (top scale) follows Ringwood
and Major (1970). The phase change elevation in the Tonga slab is from Fig. 6.
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SHR 14 of Helmberger and Engen (1974), in which an
additional discontinuity of about 500 km depth lies
between those at 360 and 620 km.

Excepting the outlier determinations, the oli-
vine-spinel transition appears to lie at 360 £ 10 km
depth. This depth may be converted to a temperature
at that depth using Ringwood and Major’s (1970)
experimental high-pressure phase diagram for
(Mg,Fe),Si0, at 1000°C, a Clapeyron slope for the
reaction of 30 bar/°C, and an Mg/(Mg + Fe) molar
fraction for the upper mantle of 0.89 (Ringwood and
Major, 1970). At 1000°C the transition occurs at 100
kbar pressure, so at 360 km depth the transition
temperature is 1300 + 150°C. The uncertainty in
temperature is calculated assuming a 10 km uncer-
tainty in transition depth, a 0.03 uncertainty in
Mg/(Mg + Fe), and a 10 bar/°C uncertainty in the
Clapeyron slope. Anderson (1967) and Graham
(1970) obtained slightly higher temperatures using
somewhat different data.

Some of the variation in the apparent depth to the
olivine-spinel transition between neighboring conti-
nental profiles may be real (Julian, 1970). Variations
of 10 to 30 km in depth would require lateral temper-
ature differences of 100° to 300°C or differences in
Mg/(Mg + Fe) of 0.03 to 0.10 (Ringwood and Ma-
jor, 1970).

The most pronounced lateral temperature varia-

Distance
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tions in the upper mantle occur near subduction
zones, and thermal models for the descending plate
predict that the olivine-spinel transition will be
greatly elevated within the cool slab relative to nor-
mal mantle (e.g., Turcotte and Schubert, 1971). This
has been verified using the travel times of waves
which have propagated through the slab (Fig. 6, after
Solomon and Paw U, 1975). The change in the mean
P wave travel-time residuals with earthquake depth
for deep Tonga events observed at Australian sta-
tions is more pronounced between about 250 and 350
km depth than over other depth intervals (Fig. 6).
This observation requires a higher velocity contrast
between slab and normal mantle over that depth
range than over other similar intervals, and is most
plausibly explained as due to an elevation by 100 km
of the olivine-spinel transition in the slab (Solomon
and Paw U, 1975). Such an elevation implies a
1000°C temperature contrast between slab and nor-
mal mantle at about 250 km depth.

The 650 km discontinuity

For completeness, the several seismic determina-
tions of the depth to the inferred spinel-oxides transi-
tion are summarized in Figure 7. Determinations
from long refraction profiles and from PP’
(PKPPKP) precursor times are both included. The
latter set of determinations are on the whole the more
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FIG. 6. (Left) A schematic view of the experiment used to detect an elevation of the olivine-spinel phase
change in subducted lithosphere. Isotherms (dashed), the phase transition region (shaded), earthquake
hypocenters (dots), and a typical P-wave path are illustrated. (Right) Mean travel time residual versus
earthquake depth for Tonga earthquakes recorded by Australian stations at Charters Towers (CTA) and
Brisbane (BRS), from Solomon and Paw U (1975). The arrows delimit approximately the depth interval
over which the residual versus depth curves change most rapidly.
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FIG. 7, Seismic determinations of the depth to the inferred spinel-oxides transition. Each box represents
one determination. Shaded boxes are estimates using P'P’ precursors (Engdahl and Flinn, 1969; Whit-
comb and Anderson, 1970; Adams, 1971), open boxes (S for S waves) are from refraction profiles,
including CIT204 (Johnson, 1967), CIT109 through 112 (Archambeau et al., 1969), STAN3 (K ovach and
Robinson, 1969), US26 (Anderson and Julian, 1969), HWA and HWB (Wiggins and Helmberger, 1973),
the NTS east model (dashed) of Massé (1974), SHR 14 (Helmberger and Engen, 1974) and SMAK |

(dashed, Simpson et al., 1974).

reliable, since the former depend on the integrated
errors in the vertical travel time through the overlying
Jayers; however, the P'P' precursors are reflections
off a sharp velocity change confined to a depth inter-
val less than 4 km thick (Richards, 1972) and need
not mark the top of the transition zone.

The depth to the spinel-oxides transition cannot
yet be converted reliably to a temperature, since the
dependence of transition pressure on temperature is
not known. Even the sign of the Clapeyron slope is
uncertain (Jackson et al., 1974). Whether the spread
in transition depths has any reality is not yet demon-
strable. Fitch (1975) reported higher than normal P-
wave velocities at about 600 km depth within the
Tonga slab, perhaps indicating upward displacement
of the 650-km transition. Solomon and Paw U (1975)
found no evidence for such a displacement but were
not able to rule it out.

Synthesis and discussion

All of the constraints on temperature introduced
above may be combined to discuss some of the fea-
tures of geotherms. A simple but important caution is
that there is no single geotherm with any physical
reality, nor even meaningful “oceanic” or ““continen-

tal” geotherms. In oceans, it is clear that the litho-
spheric portion of the geotherm evolves with litho-
sphere age. In continents, it appears that the
lithospheric limb of the geotherm varies (more
slowly) with the age of the upper crust.

Neither will a single geotherm in the asthenosphere
be adequate for either oceans or continents. Accord-
ing to the arguments of Richter (1973), Richter and
Parsons (1975) and McKenzie and Weiss (1975), heat
is transported through the asthenosphere by a con-
vection pattern secondary to the pattern of plate mo-
tions. The secondary convection has a horizontal
scale comparable to the depth extent of this second-
ary flow, probably about 600 km. Though the
“mean” temperature profile in the asthenosphere will
be very nearly adiabatic (McKenzie et al., 1974), the
geotherm in any given location will depend on
whether the region is over an upwelling, mid-cell, or
downwelling portion of the secondary flow and will
not necessarily be stationary in time.

Some schematic geotherms

Several oceanic geotherms consistent with the dis-
cussion above are sketched in Figure 8. The material
upwelling beneath spreading centers will rise more or
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FiG. 8. Some schematic geotherms. The pyrolite solidus with 0,2 percent H,O and for anhydrous
conditions are from Green (1973b). The oceanic upwelling-ridge curve intersects the anhydrous solidus at
the depths indicated in Fig. 3 and follows an adiabat below. The oceanic mid-cell curve follows an adiabat
upward from the olivine-spinel transition at 360 km depth (Fig. 5) and intersects the solidus at 1100°C

and 85 km depth. A curve for upwelling beneath

a basin (Hawaii?) is also sketched. Several pyroxene

geotherms are included. Hawaiian geotherms | and 2 are respectively from MacGregor and Basu (1974)
and Mercier and Carter (1975). Geotherms are shown for the Lesotho kimberlite (Boyd and Nixon, 1973),
the Frank Smith kimberlite (Boyd, 1974), and the Ming Bar diatreme (Eggler and McCallum, 1974), and
approximately bracket other continental geotherms.

less adiabatically from some depth in the lower por-
tion of the asthenosphere. To satisfy Figure 3, the
oceanic upwelling-ridge geotherm is drawn to inter-
sect Green’s (1973b) anhydrous solidus at 40 and 5
km depth and follows an adiabat below 40 km.
Upwelling associated with the secondary scale of
convection (Richter, 1973; Richter and Parsons,
1975; McKenzie and Weiss, 1975) will also occur
under ocean basins. An oceanic upwelling-basin geo-
therm following the same adiabat as the ridge curve
has also been sketched. A thermal boundary layer of
uncertain thickness separates the adiabatic portion of
the curve from the base of the lithosphere, drawn to

intersect Green’s (1973b) pyrolite + 0.2 percent H,O
solidus at 1100°C (after Fig. 3).

Ocean basin regions situated over downwelling or
mid-cell portions of the secondary scale of convection
will be characterized by a cooler geotherm below the
lithosphere. A oceanic mid-celi-basin geotherm is
sketched in Figure 8 to follow an adiabat upward
from the olivine-spinel transition at 360 km depth
(Fig. 5) and to intersect Green’s (1973b) pyrolite +
0.2 percent H,O solidus at 1100°C. The thermal
boundary layer between the lithosphere and that por-
tion of the geotherm with an adiabatic gradient may
be thicker than the boundary layer over an upwelling
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adiabat, and the mid-cell gradient may actually be
subadiabatic in the asthenosphere (McKenzie et al.,
1974) The oceanic upwelling and mid-cell geotherms
are separated in Figure 8 by about 100°C, an accept-
able value (McKenzie et al., 1974) but one for which
no independent information is available. The up-
welling, mid-cell, and downwelling (not shown) oce-
anic geotherms meet at the bottom of a second ther-
mal boundary layer located at the base of the
secondary flow.

Two pyroxene geotherms based on spinel lherzolite
xenoliths in Hawaiian alkali basalts (MacGregor and
Basu, 1974; Mercier and Carter, 1975) are also in-
cluded in Figure 8 and are adequate continuations
into the lithosphere of the basin geotherms sketched
in the asthenospheric portion of the figure.

An interesting aside is that if a stable basin region
sits atop a convective upwelling in the asthenosphere,
there is no reason why the geotherm cannot be steep-
er in the thermal boundary layer at the top of the
asthenosphere than in the overlying lithosphere. This
would give rise to a “kinked” geotherm such as those
reported for South African kimberlites (Boyd, 1973,
1974; Boyd and Nixon, 1973; MacGregor and Basu,
1974). As pointed out by many authors, such a kink
cannot be a steady-state feature. If the kink arises as
in Figure 8, neither the flow pattern in the astheno-
sphere (Richter, 1973; McKenzie et al., 1974) nor the
relative position of the asthenosphere flow and the
overlying lithosphere need be stationary for times
comparable to the thermal equilibration time of the
lithosphere (~50 m.y.).

Continent-ocean differences

It is now well known that continental and oceanic
mantle must differ in temperature and/or in composi-
tion at least to depths of about 200 km. The evidence
supporting this view includes the following: The
mantle contribution to observed surface heat flow
appears to differ markedly between stable ocean ba-
sins and continental shields (Sclater and Fran-
cheteau, 1970), although this difference may be re-
duced somewhat if corrections are made to the
continental measurements to account for different
degrees of saturation between in situ conditions and
laboratory conditions during conductivity determina-
tions (Simmons and Nur, 1968) and for possible
paleoclimatological effects (e.g., Horai, 1969). The
depth to the low-velocity zone beneath stable conti-
nents is greater than beneath ocean basins (Figs. |
and 2). Finally, pyroxene geotherms determined in
continental regions are typically cooler than those for
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oceanic environments to at least 150 km depth (Mac-
Gregor and Basu, 1974). Several continental pyrox-
ene geotherms are shown in Figure 8, including
those from the Lesotho (Boyd and Nixon, 1973) and
Frank Smith (Boyd, 1974) kimberlites in South Af-
rica and the Ming Bar diatreme in Montana (Eggler
and McCallum, 1974). The data of Hearn and Boyd
(1973) from Montana plot within or slightly above
the field for Ming Bar. The South African kimberlite
data of MacGregor and Basu (1974), after shifting to
10 to 15 percent lower pressures as a geobarometer
correction, plot in the range of Boyd’s kimberlite
geotherms.

In a recent provocative paper, Jordan (1975) has
argued that thermal and/or compositional differ-
ences between ocean basins and continental shields
must persist well below 200 km, to at least 400 km
depth and probably greater. Jordan offered three
main arguments: (1) The ScS travel times from deep
earthquakes to oceanic island stations are 5 sec later
than the times to typical continental stations (Sipkin
and Jordan, 1975). This observation, together with
measured differences in the phase velocities of long-
period surface waves between continental and oce-
anic paths, requires that systematic differences in S
wave velocity between oceans and continents extend
to at least 400 km depth. (2) The S wave travel times
through the upper mantle computed from earth mod-
els obtained by inversion of free-oscillation periods
are several seconds greater than those obtained using
body-wave travel times, most commonly recorded at
continental stations. Since free oscillations sample a
predominantly oceanic earth, Jordan’s inference is
again that the oceanic and continental structural dif-
ferences must be deep. (3) Direct examination of the
constraints on temperature at depth beneath con-
tinents and oceans leads to the conclusion that oce-
anic and shield geotherms do not intersect above 400
to 600 km.

Each of these arguments, however, can be shown
to be inconclusive. Okal and Anderson (1975), using
multiple S¢S arrival times, have shown that the verti-
cal S-wave travel time is generally similar beneath old
oceanic and old continental regions, clearly implying
that the island stations used by Sipkin and Jordan
(1975) do not overlie typical oceanic structure. More-
over, differences in the oceanic and continental dis-
persion curves for long-period surface waves do not
by themselves require differences between oceanic
and continental structure below 200 km (Dziewonski,
1971).

The difference in the vertical S-wave travel time in
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the upper mantle between free-oscillation models and
body-wave refraction models need not imply deep
ocean—continent heterogeneity. An equally plausible
explanation, one expected on the basis both of solid-
state theory and of attenuation data, is that the
greater travel time inferred from the longer-period
free-oscillation data arises from a mild frequency de-
pendence of the shear modulus in the upper mantle
due to a thermally-activated relaxation process such
as incipient melting or viscous grain-boundary relax-
ation (Nur, 1971; Solomon, 1972).

Jordan’s (1975) third argument is based entirely on
his particular choice of oceanic and continental geo-
therms. His conclusion that the thermal contrast be-
tween shields and oceans must persist to 400 km
arose from selecting an oceanic geotherm too hot by
100 to 200°C (see Figs. 3 and 8) and from basing his
shield geotherm on the MacGregor and Basu (1974)
pryoxene geotherms, for which the authors admitted
a 10 to 15 percent overestimate of pressures.

A more likely comparison of oceanic and continen-
tal geotherms is given in Figure 8. The continental
regions are cooler than the ocean basins to depths of
150 to 200 km, and the shield geotherms may not
intersect the mantle solidus at any depth. Systematic
continent-ocean differences do not appear to extend
below about 200 km on the basis of any of the ther-
mal arguments considered in this paper. If the asthe-
nosphere below 200 km is indistinguishable beneath
oceans and continents then many of Jordan’s (1975)
other deductions on chemical layering in the mantle
and on mantle convection are incorrect.

Conclusions

There is a wide variety of geophysical and miner-
alogical data that loosely or tightly constrain the
temperatures in the earth’s upper mantle. Seismolo-
gical geothermometers include the depth to the top of
the low-velocity zone, interpreted as the onset of
incipient melting, the depth to the melt-fraction
boundary associated with the anhydrous solidus, and
the depth to the top of the olivine-spinel transition.
Other constraints include the temperatures of erupt-
ing lavas, the parameters of lithosphere cooling mod-
els, and the measurement of thermally-activated
properties of the mantle such as viscosity, electrical
conductivity, and seismic attentuation. Pyroxene geo-
thermometry provides results entirely consistent with
all the other constraints and may eventually prove to
be the temperature-sensing technique with the best
depth resolution.

The most probable value for the temperature at the

SEAN C. SOLOMON

base of the lithosphere, as defined seismically, is
1100°+ 100°C on the basis of all considerations. The
lithosphere is 90 to 100 km thick beneath old oceans
and 50 or more km thicker beneath shields. Shields
are about 100° to 200°C cooler than ocean basins at
100 km depth, but the thermal contrast between
stable continental and oceanic regions probably dis-
appears by 200 km depth. Thermal gradients
throughout mest of the asthenosphere are nearly adi-
abatic. Lateral temperature variations of up to per-
haps 200°C persist at least to 400 to 600 km depth
and are closely related to the convective flow pattern
in the asthenosphere. A major unsolved problem is to
relate quantitatively the inferred temperature varia-
tions in the asthenosphere to a realizable flow model.
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