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Abstract 27 

Iron-oxide apatite (IOA) deposits are mined for iron (Fe) and can also contain economically 28 

exploitable amounts of Cu, P, U, Ag, Co and rare earth elements (REE). Recently, it has been 29 

proposed based on trace element zonation in magnetite grains from the Los Colorados Kiruna-30 

type IOA deposit, Chile, that ore formation is directly linked to a magmatic source. The model 31 

begins with the crystallization of magnetite microlites within an oxidized volatile-rich (H2O+Cl) 32 

andesitic magma reservoir, followed by decompression, nucleation of fluid bubbles on magnetite 33 

microlite surfaces, segregation of a Fe-Cl-rich fluid-magnetite suspension within the magma 34 
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reservoir, and subsequent ascent of the suspension from the magma chamber via pre-existing 35 

structurally enhanced dilatant zones that act as conduits. Emplacement and precipitation of the 36 

suspension results in the formation of magnetite grains with core-to-rim features that record a 37 

transition from purely igneous to magmatic-hydrothermal conditions within IOA deposits. Here 38 

we test this model by using in situ femtosecond laser–ablation MC-ICP-MS measurements of Fe 39 

isotopes to determine grain-to-grain and intra-grain Fe isotope variations in magnetite grains 40 

from the Los Colorados IOA deposit. All in situ δ56Fe values (56Fe/54Fe relative to IRMM-14) 41 

plot within the magmatic range (0.06 to 0.50 ‰), in agreement with previously published bulk 42 

Fe isotope analyses in magnetite from the Los Colorados IOA deposit. Different trace element 43 

signatures of these magnetite grains indicate an igneous or magmatic-hydrothermal origin, 44 

respectively. Although data partly overlap, the assigned igneous magnetites yield on average 45 

higher δ56Fe values (0.24 ± 0.07 ‰; n=33), when compared to magmatic-hydrothermal 46 

magnetites (0.15 ± 0.05 ‰; n=26). Some magnetite grains exhibit a distinct core-to-rim trend 47 

from higher towards lower δ56Fe signatures. Further, the δ56Fe of the igneous magnetites 48 

correlate negatively with trace elements contents typical for igneous formation (Ti, Al, Ga, V, 49 

Mn, Zn); igneous magnetites become isotopically heavier with decreasing concentrations of 50 

these elements, indicating a trend towards higher δ56Fe in the magnetite with magma evolution. 51 

Model calculations of the δ56Fe evolution in melt, magnetite, and fluid further constrain the 52 

magmatic-hydrothermal origin of Kiruna-type IOA deposits. 53 

 54 

Keywords: Los Colorados, Chilean Iron Belt, Kiruna-type deposits, iron oxide-apatite deposits, 55 

iron isotopes, magnetite flotation.  56 

 57 
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Introduction 58 

The Los Colorados iron oxide-apatite (IOA) mineral deposit is one of about fifty Kiruna-type 59 

IOA and iron oxide-copper-gold (IOCG) mineral deposits in the Chilean Iron Belt. The Chilean 60 

Iron Belt is directly linked to the crustal-scale transcurrent Atacama Fault System (Fig. 1a), 61 

which was created by the tectonic change from transtensional to transpressional stress along the 62 

South American subduction zone during the late Lower Cretaceous (Uyeda and Kanamori, 63 

1979). The Los Colorados IOA deposit consists of two sub-parallel massive magnetite ore 64 

bodies, referred to as dikes by the mining company geologists, (Fig. 1b) and both are hosted 65 

within andesite of the Punta del Cobre Formation (Pincheira et al., 1990) along with several 66 

plutonic units (Fig. 1a). Los Colorados has proven resources of up to 986 Mt iron ore with an 67 

average grade of 34.8% (CAP-summary, 2013).  68 

The genesis of Kiruna-type IOA deposits remains controversial, with several models proposed to 69 

explain mineralization, ranging from (non-) magmatic-hydrothermal (Menard, 1995; Rhodes and 70 

Oreskes, 1995, 1999; Barton and Johnson, 1996, 2004; Haynes et al., 1995; Rhodes et al., 1999; 71 

Haynes, 2000; Sillitoe and Burrows, 2002 and Pollard, 2006) to purely igneous processes such as 72 

liquid immiscibility between iron-rich and silicate-rich melts (e.g., Nyström and Henriquez, 73 

1994; Travisany et al., 1995; Naslund et al., 2002; Henriquez et al., 2003; Chen et al., 2010, Hou 74 

et al. 2017, 2018). A recently proposed genetic model for Los Colorados and other Kiruna-type 75 

IOA deposits in the Chilean Iron Belt involves a synergistic combination of igneous and 76 

magmatic-hydrothermal processes to explain the complex geochemistry and textures of 77 

magnetite from the Los Colorados ore bodies (Knipping et al., 2015a, b; Rojas et al., 2018a, b). 78 

 In general, elevated concentrations of compatible and/or immobile trace elements such as Ti, V, 79 

Al, and Mn in magnetite were previously interpreted to indicate a magmatic origin (i.e., 80 
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crystallization from a silicate melt), whereas relatively low concentrations of these elements in 81 

magnetite were interpreted to indicate a magmatic-hydrothermal origin (i.e., precipitation from a 82 

cooling aqueous fluid) (Nielsen et al., 1994; Toplis and Carrol, 1995; Dupuis and Beaudoin, 83 

2011; Dare et al., 2012; Nadoll et al. 2014). However, at Los Colorados, some magnetite samples 84 

are characterized by trace element concentrations indicating crystallization from a melt, while 85 

other magnetite samples indicate precipitation from a hydrothermal fluid (Fig. 2). In addition, 86 

many magnetite samples from Los Colorados reveal systematic intra-grain trace element zoning 87 

of trace elements such as Ti, V, Al, Mn, with enriched magnetite cores and depleted magnetite 88 

rims, hinting at a direct transition from purely magmatic to magmatic-hydrothermal processes 89 

(Fig. 2). In order to explain this contradictory geochemistry Knipping et al. (2015a,b) proposed a 90 

magnetite flotation model, which consists of four steps: i) igneous magnetite crystallization from 91 

silicate melt in an andesitic magma reservoir followed by decompression-induced exsolution of 92 

volatile phase bubbles that nucleate on magnetite microlite surfaces (Fig. 3a); ii) further 93 

decompression-induced degassing and buoyancy-driven bubble-magnetite pair ascent (Fig. 3b); 94 

iii) growth and Fe enrichment of the saline bubble-magnetite suspension during continued ascent 95 

of the suspension (Fig. 3c); and iv) fast and efficient segregation of the magnetite suspension 96 

facilitated by hydraulic fracturing in an extensional tectonic regime (Fig. 3d). Cooling of the 97 

magnetite-fluid suspension at the final emplacement depth results in the precipitation of 98 

magmatic-hydrothermal magnetite as rims surrounding igneous magnetite grains and 99 

interstitially as matrix of the ore body (Fig. 3e). Importantly, the preferential nucleation and 100 

growth of fluid bubbles on crystal faces of oxides such as magnetite has been documented in 101 

studies of natural system, and in experiments (Hurwitz and Navon, 1994; Gardner and Denis, 102 

2004; Gualda and Ghiorso, 2007; Edmonds et al. 2014). 103 
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In addition to systematic core-to-rim variability of trace element concentrations, the flotation 104 

model also relies on the bulk Fe isotope signature of the Los Colorados magnetite (Knipping et 105 

al., 2015a; Bilenker et al., 2016), which plots in the “magmatic range” (δ56Fe = +0.06 to +0.50 106 

‰; Heimann et al., 2008; Weis, 2013). Thus, bulk magnetite from Los Colorados is consistent 107 

with magnetite that grew from silicate melt and/or high-temperature magmatic-hydrothermal 108 

fluid in contrast to magnetite from hydrothermal iron oxide deposits (-1.6 to ~ 0.0 ‰) ( 109 

Severmann and Anbar, 2008) such as iron skarns that reveal significantly lower δ56Fe values (- 110 

0.36 to + 0.01 ‰) (Weis, 2013). Despite the unambiguously magmatic/magmatic-hydrothermal 111 

Fe isotope signal recorded in magnetite from Los Colorados, the intra-grain and grain-to-grain 112 

variation in Fe isotope composition remains unconstrained. However, it is expected from the 113 

magnetite flotation model that δ56Fe values would differentiate, consistent with trace-element 114 

variability, between magnetite cores (i.e. igneous magnetite enriched in, e.g., Ti, V, Al, Mn) and 115 

respective rims (i.e. magmatic-hydrothermal magnetite depleted in, e.g., Ti, V, Al, Mn) due to Fe 116 

isotope fractionation between melt-magnetite and magnetite-fluid. 117 

The current study was motivated by recent improvements in using femtosecond laser-ablation 118 

multi-collector inductively-coupled plasma mass spectrometry (LA-MC-ICP-MS) for high-119 

precision, high-spatial resolution Fe isotope measurements (Oeser et al., 2014). We test the 120 

Knipping et al. flotation model by using in situ LA-MC-ICP-MS Fe isotope data collected from 121 

Los Colorados magnetite grains. Notably, the measurements were performed on the same grains 122 

previously analyzed by Knipping et al. (2015a, b) for their major and trace element 123 

compositions. Our new in situ Fe isotope data reveal core-to-rim variations in δ56Fe values that 124 

are consistent with Fe isotope fractionation processes occurring during the continuum from 125 

purely igneous to magmatic-hydrothermal conditions. We further explore the Fe isotope 126 
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variations within igneous magnetite (cores) by using model calculations of the δ56Fe evolution of 127 

melt, magnetite, and fluid, providing constrains for the magmatic-hydrothermal evolution of 128 

Kiruna-type IOA systems. 129 

 130 

Samples and analytical procedure 131 

We analyzed 15 magnetite separate grains with in situ Fe isotope LA-MC-ICP-MS, wherein ten 132 

magnetite grains originate from drill core LC-04 and five from drill core LC-05 (Fig. 1b). Both 133 

drill holes crosscut the western (main) magnetite ore body of the Los Colorados deposit (Table 134 

1). Magnetite samples from drill core LC-04 were taken at depths of 38.8, 66.7, 99.5, 104.4, 135 

125.3 and 129.3 m from the northernmost part of the western ore body, while magnetite samples 136 

from drill core LC-05 were extracted at 20.7, 82.6, 106.0, 126.0 and 150.0 m, in the center of the 137 

western ore body. Each magnetite grain was analyzed with two to eight raster spots (~ 100 x 138 

100μm) for a total of 69 analyses. When possible, raster spots were taken as close as possible to 139 

previous LA-ICP-MS line transects for trace element analysis measured by Knipping et al. 140 

(2015a, b); however, sample surface and inclusions sometimes inhibited measurements in the 141 

immediate vicinity.  142 

The Fe isotope measurements were performed at the Leibniz Universität Hannover (Germany) 143 

by using a high mass resolution MC-ICP-MS (Thermo-Finnigan Neptune Plus) connected to a 144 

Spectra-Physics Solstice femtosecond laser ablation system. The laser ablation system is 145 

equipped with a 100 femtosecond Ti-sapphire regenerative amplifier, operating at a fundamental 146 

wavelength of 775 nm, which was frequency-quadrupled, resulting in a wavelength of 194 nm. 147 

The output energy was about 3.2 mJ/pulse at a fundamental wavelength of 775 nm. Pumping 148 

with 500 Hz resulted in a pulse energy of 70 µJ at a wavelength of 194 nm. We used the ablation 149 
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cell and stage/visualization system (modified New Wave LUV 266) as described in Horn et al. 150 

(2006) and Horn and von Blanckenburg (2007). The femtosecond LA-MC-ICP-MS Fe isotope 151 

measurements were performed at high mass resolution (M/ΔM ≈ 9000, 5–95% peak side width 152 

definition) to resolve molecular interferences of argon nitrides and argon oxides on Fe isotopes 153 

(and also potentially sample-induced interferences of CaO and CaN; see Weyer and Schwieters 154 

2003). Employment of an H-type skimmer cone for the in situ Fe isotope determinations resulted 155 

in normal intensities of interfering argon oxides and argon nitrides, i.e., < 1V. All analyses were 156 

performed by using a raster technique in which areas of ~ 100 µm x 100 µm were ablated by 157 

using a 50-60 µm spot size.    158 

The Fe isotope compositions are reported using delta notation, and δ56Fe values are given as 159 

variation in parts per million (‰) from the composition of IRMM-14 (Institute of Reference 160 

Materials and Measurements standard 014). 161 

 162 

δ56Fe = [((56Fe/54Fe)sample/(56Fe/54Fe)IRMM-14)-1]×1000    equation 1 163 

 164 

The IRMM-14 standard was measured after every 1-2 sample analyses for drift monitoring. Horn 165 

et al. (2006) demonstrated that this procedure yields absolute values with a high accuracy of ≤ 166 

0.1 ‰ for δ56Fe in oxides, hydroxides, carbonates metals and sulfides (see their Fig. 9). The high 167 

accuracy was confirmed by session-to-session and in-session monitoring of an internal secondary 168 

pure Fe reference material (“puratronic”, Johnson Matthey, lot No. FE495007IF2, 99.995% Fe) 169 

for which we reproduced the absolute δ56Fe within ± 0.05 ‰. Importantly, during our in situ Fe 170 

isotope analyses a Ni reference solution (NIST SRM 986, 5 ppm Ni in 0.5 M HNO3 solution) 171 

was added via a quartz glass spray chamber and introduced into the plasma along with the 172 
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ablation aerosol in order to (a) use the measured Ni isotope ratios as an external mass bias 173 

monitor (Oeser et al., 2014), and (b) maintain “wet” plasma conditions. As demonstrated by 174 

Zheng et al. (2018), potential matrix effects during in situ Fe isotope analyses by fs-LA-MC-175 

ICP-MS are drastically reduced under such “wet” plasma conditions, enabling us to perform 176 

accurate and precise Fe isotope measurements without matrix-matching of sample (magnetite) 177 

and standard (metal).      178 

Each analytical spot analysis was measured for 54Fe, 56Fe and 57Fe,   and the calculated ratios of 179 

56Fe/54Fe and 57Fe/54Fe and the resulting δ56Fe and δ57Fe values are plotted against each other in 180 

Fig. 4, revealing a slope of 1.42 (R2=0.9)  , which is in good agreement with the mass dependent 181 

fractionation ratio of 1.47 that is based on the natural abundances of Fe isotopes; 54Fe = 5.85% ; 182 

56Fe = 91.75; 57Fe = 2.12% (e.g., Dauphas and Rouxel, 2006), as we do not expect any mass-183 

independent fractionation during measurements (Horn et al., 2006). Thus, fractionation factors 184 

from the literature given in δ57Fe-notation can be simply recalculated into δ56Fe-notation, or vice 185 

versa, when comparing them with our data. Further details about the method are provided in 186 

Horn et al. (2006) and Oeser et al. (2014). 187 

 188 

Results 189 

The in situ δ56Fe values for magnetite from Los Colorados range from 0.04 to 0.38 ‰ (n=69; 190 

Table 1), wherein samples from drill core LC-05 have a more narrow range (0.06 to 0.27 ‰) 191 

when compared to samples from drill core LC-04. Some magnetite grains are zoned from heavier 192 

δ56Fe values in magnetite cores to lower values in magnetite rims (e.g., sample LC-05-82.6: 0.24 193 

± 0.02 ‰ in the core versus 0.16 ± 0.04 ‰ in the rim).  Other samples show constant low δ56Fe 194 

values (e.g., sample LC-05-126: 0.11 ± 0.02‰), or constant high δ56Fe values (e.g., sample LC-195 
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04-38.8d: 0.33 ± 0.06‰) without obvious zoning (Table 1). One exception is sample LC-05-196 

20.7, which shows zoning from lighter δ56Fe values in the core (0.07 ± 0.01‰) towards 197 

relatively heavier δ56Fe values in its rim (0.13 ± 0.02‰). In order to interpret these Fe isotope 198 

signatures, we will use the textural appearance and sample depths information of magnetite 199 

grains combined with trace element data published by Knipping et al. (2015b) to assign the 200 

results of this study to magmatic-hydrothermal and igneous origin. 201 

 202 

Discussion 203 

Igneous vs. magmatic-hydrothermal magnetite 204 

Almost all of the δ56Fe values measured in this study plot in the magmatic range (0.06-0.50 ‰) 205 

(Table 1) defined by Heimann et al. (2008), and are consistent with previous bulk δ56Fe data of 206 

entire magnetite grains from the same samples analyzed by traditional solution MC-ICP-MS 207 

(Knipping et al., 2015a; Bilenker et al., 2016). In these samples, Knipping et al. (2015a,b) 208 

discovered systematic variation in trace element abundances of, e.g., Ti, Al, Mn, between 209 

magnetite cores and rims, interpreted by those authors as evidence for the crystallization of 210 

magnetite cores from a silicate melt (i.e., igneous magnetite) followed by the precipitation of 211 

magnetite rims and matrix magnetite (i.e., interstitial magnetite) from a fluid phase derived from 212 

the same magma reservoir (i.e., magmatic-hydrothermal magnetite). In order to determine 213 

whether the new Fe isotope data indicate an igneous and/or magmatic-hydrothermal origin for 214 

magnetite, trace element transects collected using LA-ICP-MS by Knipping et al. (2015b) and 215 

sample depths information were used to initially distinguish (see supplementary material). 216 

Magnetite has an inverse spinel structure in which ferrous Fe can be substituted by divalent (Mg, 217 

Ni, Mn, Co and Zn) and ferric Fe by trivalent cations (Al, Cr, V, Mn and Ga) as well as by Ti4+ 218 
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in combination with a divalent cation (Lindsley, 1976; Wechsler et al. 1984; Ghiorso and Evans, 219 

2008). A higher concentration of these compatible elements, especially elements that are 220 

immobile in fluids, e.g., Ti and Al (Van Baalen, 1993; Verlaguet et al. 2006), are robust 221 

indicators of an igneous formation. According to many studies, Ti and Al are the best trace 222 

elements to discriminate between igneous and hydrothermal magnetite because they are mainly 223 

detected in high temperature igneous magnetite (Nielsen et al., 1994; Toplis and Carrol, 1995; 224 

Dupuis and Beaudoin, 2011; Dare et al., 2012; Nadoll et al. 2014).  225 

Thus, we used Ti and Al concentrations in Los Colorados magnetite as a proxy for 226 

discrimination between igneous (core) and hydrothermal (rim) magnetite. Fig. 5 shows an 227 

example of a previous LA-ICP-MS trace element transect (Knipping et al. 2015b) in proximity to 228 

the in situ Fe isotope measurements. A sudden decrease in Ti and Al concentration was detected 229 

when measuring from core to rim. Hence, the raster spot A (δ56Fe = 0.16 ± 0.04 ‰) is assigned 230 

as magmatic-hydrothermal magnetite “rim”, whereas the remaining raster spots B-F (δ56Fe = 231 

0.19-0.24 ± 0.05 ‰) are interpreted as igneous magnetite “core”. Also other measured grains 232 

show this kind of zoning where isotopically heavier Fe is concentrated with a high concentration 233 

of compatible and/or immobile elements (e.g., Ti and Al) in the center of the grains, and 234 

isotopically lighter Fe and lower concentrations of these elements exist in the rims of the grains 235 

(Table 1). In contrast, samples LC-04-66.7b, LC-04-129.3c, and LC-05-126 have constantly low 236 

concentrations of Ti (~ 110, ~ 3800 and ~ 650 ppm) and Al (400-700, ~1800 and ~ 1900 ppm), 237 

and were assigned as magnetite formed solely under magmatic-hydrothermal conditions, 238 

whereas samples LC-04-129.3d and LC-05-150b show constantly higher concentrations of trace 239 

elements typical for an igneous origin (Ti = 4800-5400 and ~7400 ppm; Al = 5000-5500 ppm 240 

and ~ 5100 ppm) (see supplementary material). The samples analyzed from Los Colorados were 241 
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fragments of massive magnetite that sometimes show distinct magnetite cores with magmatic-242 

hydrothermal rims or within a massive magmatic-hydrothermal magnetite matrix (Fig. 3e, area 243 

A). However, some areas may reflect completely magmatic-hydrothermal matrix magnetite, 244 

which precipitated in void spaces after cooling (Fig. 3e, area B), while other locations likely 245 

reveal aggregates of several accumulated igneous magnetite crystals (Fig. 3e, area C).  246 

Simultaneously, the magnetite samples without trace element zoning, i.e., with constant low or 247 

constant high trace element concentration (e.g., Ti and Al), also have relatively constant Fe 248 

isotope ratios without any obvious zoning (LC-04-66.7b: 0.15 - 0.22 ‰, LC-04-129.3c: 0.04 - 249 

0.11 ‰, LC-05-126: 0.09 - 0.13 ‰, LC-04-129.3d: 0.18 - 0.24 ‰, LC-05-150b: 0.14 – 0.20 ‰). 250 

The anomalous sample LC-05-20.7, which yielded lighter Fe isotope values in its core (0.07 ± 251 

0.05 ‰) versus relatively heavier Fe isotope values in its rim (0.14 ± 0.06 ‰), contains high Ti 252 

(2400-2600 ppm) and Al concentrations (4400-4800 ppm) throughout the grain indicating an 253 

exclusively igneous formation.  254 

After assigning all in situ Fe isotope values to their probable origin (i.e., igneous vs. magmatic-255 

hydrothermal, Table 1 and supplementary material) based on textural and trace element chemical 256 

data and plotted versus sample depth for each drill core, a systematic pattern is revealed (Fig. 6), 257 

where δ56Fe decreases from relatively heavy values (δ56Fe= 0.24 ± 0.07 ‰; 2SD with n=33) in 258 

primary igneous magnetite to relatively lower values (δ56Fe= 0.15 ± 0.05 ‰; 2SD with n=26) in 259 

magmatic-hydrothermal magnetite.  However, there is an additional trend within the purely 260 

igneous realm (i.e., red data in Fig. 7) indicating increasing δ56Fe with decreasing compatible 261 

and/or immobile trace elements (e.g., Ti, Al, V, Ga, Zn and Mn) in magnetite, which provide 262 

new insights on the transition between the igneous phase of magnetite crystallization to the 263 

subsequent magmatic-hydrothermal stage.   264 
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 265 

Igneous magnetite crystallization  266 

Observations from empirical and experimental studies indicate that elements such as Al, Mn, Ti, 267 

V, Ga and Zn are typically enriched in magmatic magnetite, and that the concentrations of trace 268 

elements in magnetite increase systematically with increasing temperature (Nadoll et al., 2014; 269 

Toplis and Carroll, 1995). This is in agreement with the observed enrichment of Ti and Al in 270 

magnetite from more primitive silicate melts when compared to more evolved systems (Dare et 271 

al., 2012; Grigsby, 1990; Lindsley, 1991). Thus, higher concentrations of Al, Mn, Ti, V, Ga and 272 

Zn are expected in magnetite that nucleates and grows during early magmatic stages, while 273 

relatively lower concentrations of trace elements in igneous magnetite may indicate growth 274 

during a later magmatic stage (indicated by red arrow in Fig. 7). Hence, the magnetite sample 275 

with highest concentration of Al, Mn, Ti, V, Ga and Zn (LC-05-150) is interpreted here as the 276 

most primitive magnetite composition, which simultaneously reveals among the lowest δ56Femgt 277 

values (0.14 to 0.20 ‰) of igneous magnetite (red data in Fig. 6) measured at Los Colorados. A 278 

potential parental melt can be calculated for these δ56Femgt data by using equation 2, which was 279 

determined by Sossi et al. (2012) based on tholeiitic samples of the Red Hill intrusion. 280 

  281 

Δ56Femgt-melt = δ56Femgt - δ56Femelt = Δ56Femgt-melt * 1.47 = +0.20 ‰ * 106/T2; T in K       equation 2 282 

 283 

The derived δ56Femelt values (0.07 to 0.13 ‰ at 1125 °C; i.e., the temperature of first crystallizing 284 

magnetite) are in agreement with the average bulk Fe isotope composition (δ56Febulk = 0.11 ± 285 

0.05‰) of silicate rocks ranging between 55-70 wt% SiO2 determined by various studies (Table 286 

2; e.g., Poitrasson and Freydier, 2005; Schoenberg and von Blanckenburg, 2006; Heimann et al. 287 
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2008; Teng et al. 2008; Schüssler et al., 2009; Sossi et al., 2012; Telus et al., 2012; Zambardi et 288 

al., 2014), which is in agreement with the local and regional geology around Los Colorados 289 

(andesitic host rock and dioritic plutons) (Fig. 1).   290 

However, the igneous magnetite at Los Colorados with lower concentrations of Ti, V, Al, Mn, 291 

Ga and Zn (Fig. 7) reveal a heavier Fe isotope composition (δ56Femgt up to 0.38 ‰), consistent 292 

with magnetite that would have need to be crystallized from a melt with a significantly higher 293 

δ56Femelt (up to 0.30 ‰ at T = 1050 °C). Such heavy Fe isotope compositions are often measured 294 

in silicate rocks with more evolved compositions (SiO2 > 70 wt%) when compared to andesite. 295 

 Initially, this observation was explained by the exsolution of deuteric fluids during late 296 

differentiation stages (Poitrasson and Freydier, 2005; Heimann et al. 2008; Telus et al., 2012). 297 

Exsolved magmatic-hydrothermal fluids were supposed to preferentially leach ferrous Fe and, 298 

thus, relatively light δ56Fe from the silicate melt (Poitrasson and Freydier, 2005; Heimann et al. 299 

2008; Telus et al., 2012; Bilenker et al., 2012); e.g., δ56Fefluid =  -0.05 to -0.39 ‰ at 500 and 700 300 

°C (Heimann et al., 2008).  301 

Although the fractionation effect by deuteric fluids at late differentiation stages was recently 302 

determined to be of minor importance in order to explain the increasing δ56Febulk of rocks with 303 

SiO2 >70 wt% (Dauphas et al. 2017), it may still play a significant role for early fractionation 304 

melt-dominant magmas that exsolve fluids during degassing processes caused by magma ascent 305 

or overlaying pluton formation.  306 

Thus, a degassing melt would become enriched in heavy δ56Fe resulting in crystallizing igneous 307 

magnetite that would consequently incorporate also increasingly heavier Fe isotopes as a 308 

function of degassing  (δ56Femgt > 0.18 ‰.), correlating negatively with trace element 309 

concentrations in magnetite, such as Ti, V, Ga, Mn, Zn and Al (Fig. 7). This is because Ti, V, 310 
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Ga, Mn, and Zn are compatible in magnetite relative to silicate melts (Nielsen, 1992; Okamoto, 311 

1979; La Tourette et al., 1991; Ewart and Griffin, 1994) and ongoing decompression-induced 312 

crystallization of magnetite itself would lower their concentrations in the residual melt. In 313 

addition, decompression-induced degassing of a (sulfur-poor) system may increase oxygen 314 

fugacity of the system (Mathez, 1984; Burgisser and Scaillet, 2007; Bell and Simon, 2011) and, 315 

thus, may affect the oxidation state of V and Mn, limiting the substitution into magnetite’s 316 

structure. In contrast the partitioning of Sn into magnetite may increase with increasing oxygen 317 

fugacity (Carew, 2004) which is consistent with correlating higher Sn values and heavier Fe 318 

isotope signatures that are caused during degassing of the melt (Fig. 8). Manganese and Zn are 319 

compatible in magmatic-hydrothermal fluid (Zajacz et al., 2008) and degassing would therefore 320 

decrease the concentration of these elements in magnetite even more significantly. In contrast, Al 321 

is a major element in silicate melts and incompatible in magnetite (Dmgt/melt
Al=0.117; La Tourette 322 

et al., 1991), and is often considered as an immobile element in magmatic-hydrothermal fluid 323 

(e.g., Carmichael, 1969). However, this characterization is mainly based on the low solubility of 324 

aluminum hydroxides and aluminum silicates in aqueous fluids. Indeed, more recent 325 

experimental studies (e.g., Verlaguet et al., 2006) have shown that Al can be mobile despite its 326 

low solubility in aqueous fluid. This mobility is especially pronounced during disequilibrium 327 

processes such as fluctuations in pressure, temperature, and fluid composition. Thus, a kinetic 328 

degassing process may be capable of leaching Al from the melt into the fluid phase, resulting in a 329 

decreasing Al content in magnetite with continued degassing, while δ56Femgt increases (Fig. 7).  330 

 331 

Magmatic-hydrothermal magnetite precipitation 332 
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The extensional tectonic stress in the Atacama Fault System promotes ongoing decompression 333 

and allows an efficient separation of the fluid-magnetite suspension from the parental magma 334 

reservoir and its rapid transport via hydraulic fractures in crustal fault systems. The dissolved 335 

FeCl2 in the fluid-magnetite suspension will precipitate magmatic-hydrothermal magnetite due to 336 

the decreasing solubility of FeCl2 at hydrothermal temperatures (~ 450-620 °C) that is more 337 

effective with the degree of decompression, i.e. rapid decompression may lead to the formation 338 

of larger ore bodies (Simon et al., 2004; Rojas et al. 2018). The magmatic-hydrothermal 339 

magnetite will precipitate as rims and as matrix surrounding the igneous magnetite grains or 340 

accumulation of igneous grains (Fig. 3e) (Knipping et al., 2015a,b). Accordingly, the 341 

hydrothermally precipitated magnetite contains relatively high concentrations of compatible and 342 

mobile elements like Mn and Zn that are almost as high as in the igneous magnetite (Fig. 7), 343 

when compared to immobile elements that are more depleted in the hydrothermally precipitated 344 

magnetite. However, a clear trend towards isotopically heavy or light Fe isotope composition 345 

with trace element variation, as observed for the igneous magnetite domains, is not detectable for 346 

the magmatic-hydrothermal magnetite (Fig. 7 and 8). The constant value of δ56Fe = 0.15 ± 0.05 347 

‰ for the magmatic-hydrothermal magnetite probably indicates one fast depositional event at a 348 

certain pressure and temperature (Rojas et al. 2018). When applying equation 3 (Heimann et al., 349 

2008) for the calculation of magnetite-fluid Fe isotope fractionation, the Fe isotope composition 350 

of a hypothetical parental magmatic-hydrothermal fluid ranges from -0.15 to -0.32 ‰ for 351 

temperatures between 700 and 500 °C; this range is consistent with Fe isotope compositions of 352 

magmatic-hydrothermal fluids (δ56Fefluid = -0.05 to -0.39 ‰) estimated by Heimann et al. (2008).  353 

Δ56Femgt-fluid= δ56Femgt - δ56Fefluid = +0.28 ‰ * 106/T2; T in K   equation 3  354 
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Equation 3 predicts a Δ56Femgt-fluid value of +0.25 ‰ at 800 °C, which, we highlight, is fairly 355 

consistent with the results of recent magnetite-fluid Fe isotope fractionation experiments in the 356 

presence of a 2 M FeCl2 ∙ 4H2O solution that yielded fractionation factors of Δ56Femgt-fluid of 357 

+0.35 ‰ (based on measured 56Fe/54Fe in experimental fluids) or +0.30 ‰ (re-calculated from 358 

Δ57Femgt-fluid) at 800 °C (Sossi and O’Neill, 2017). 359 

 360 

Iron isotope fractionation model 361 

To explain the observed variation in Fe isotope composition among magnetite grains, we 362 

developed an holistic Fe isotope fractionation model for the formation of the Los Colorados 363 

magnetite. These calculations take into account the magnetite-flotation model for Kiruna-type 364 

IOA deposits developed by Knipping et al. (2015a,b) and serves as a first order verification of 365 

this model.  366 

During the four steps of the magnetite-flotation model, three stages of Fe fractionation can be 367 

distinguished: crystallization of magnetite from the melt in a parent magma chamber (i.e., δ56Fe 368 

fractionation between magnetite-melt; Stage 1), decompression-induced crystallization of 369 

igneous magnetite from a degassing melt during magma ascent (i.e., δ56Fe fractionation between 370 

melt-fluid and magnetite-melt; Stage 2), and precipitation of magnetite from a segregated 371 

magmatic-hydrothermal fluid (i.e., δ56Fe fractionation between magnetite-fluid; Stage 3). Here, 372 

the current (“snapshot”) Fe isotope compositions of magnetite grown during Stage 2-3 are 373 

predicted to estimate the maximum variability in δ56Femgt in the system presuming negligible re-374 

equilibration after crystallization/precipitation during fast open system degassing. This procedure 375 

allows us to compare the modeled range of δ56Fe to the measured in situ range.  376 
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 377 

Stage 1: Initial magnetite crystallization  378 

Stage 1 of the model simulates cooling of a magma reservoir after emplacement from Tliquidus to a 379 

reasonable pre-eruptive storage T of 1050 °C, resulting in initial crystallization of magnetite 380 

from silicate melt (initial igneous mgt) (Fig. 9a).  381 

The Los Colorados Kiruna-type IOA deposit is located within the andesitic Punta del Cobre 382 

formation, which is a formation typical for arc settings and, thus, andesite (i.e., P1D andesite 383 

from Martel et al., 1999) is used as the source magma composition for the following predictions. 384 

Arc magmas are typically hydrous (2-8 wt% H2O) and oxidized (NNO+0 to NNO+4; in log units 385 

oxygen fugacity (fO2) relative to the Ni-NiO oxygen buffer) (Carmichael, 1991), while crustal 386 

thinning in back-arc settings allows for the storage of relatively hot magma (> 1000 °C) at 387 

intermediate depths (3-10 km ~ 100-400 MPa). We used the software package MELTS (cf. 388 

Ghiorso and Sack, 1995) to predict cooling- and decompression-induced magma evolution; i.e., 389 

magnetite, melt, and fluid fractions, and residual melt composition (see Fig. 9). We assume an 390 

initial bulk water content of 6 wt%, an fO2 of NNO+3, and an initial pressure of 250 MPa (depth 391 

~7 km). For these parameters, MELTS predicts magnetite as the liquidus phase with a liquidus 392 

temperature (Tliquidus) of 1125 °C, in agreement with experiments by Martel et al. (1999), where 393 

magnetite was the liquidus phase in andesite at T > 1040 °C, 200 MPa and NNO+2 to NNO+3.  394 

The bulk Fe isotope composition of the andesitic magma reservoir was set at δ56Femelt = 0.11 ‰ 395 

(see Section 4.2; red star in Fig. 10). When applying equation 2 for the calculation of Fe isotope 396 

fractionation between magnetite-melt, the first magnetite grains to crystallize from the andesitic 397 

melt have a δ56Femgt of 0.18 ‰. Cooling of the andesitic magma reservoir results in continued 398 

crystallization of magnetite, which preferentially incorporates heavy Fe isotopes due to its 399 
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elevated ferric/ferrous Fe composition (Bigeleisen and Mayer, 1947; Polyakov et al., 2007; 400 

Schauble, 2004; Schauble et al., 2009). Thus, the δ56Fe of the model parental melt (δ56Femelt) 401 

decreases during magnetite crystallization and equilibration as long as only magnetite is 402 

crystallizing. Here, magnetite-melt Fe isotope equilibrium fractionation is likely, considering that 403 

cooling rates in magma reservoirs are typically low (often <200 °C/Ma; e.g., Hess et al., 1993). 404 

For instance, the crystallization of a total of 2.43 wt% magnetite (calculated with MELTS for 405 

1050 °C) (Fig. 9a) would decrease the δ56Femelt from 0.11 ‰ (bulk) to 0.08 ‰, calculated by 406 

using equation 4 (Fig. 10; Stage 1) 407 

 408 

δ56Femelt = δ56Febulk - f * Δ56Femgt-melt       equation 4 409 

 410 

where δ56Febulk is the bulk Fe isotopic composition of the system, f is the Fe fraction used from 411 

melt (here by only magnetite crystallization) and Δ56Femgt-melt is the temperature dependent 412 

fractionation factor between magnetite and melt (equation 2). The coexisting magmatic 413 

magnetite (i.e., initial igneous mgt) has a predicted δ56Femgt of 0.16 ‰ (grey star in Fig. 10), 414 

presuming equilibrium fractionation at 1050 °C, which is 0.02 ‰ lighter than the first 415 

crystallizing magnetite grains (black star in Fig. 10). 416 

 417 

Stage 2: Igneous magnetite crystallization during magma decompression 418 

Stage 2 represents magma ascent from intermediate depths (~7 km) to shallow depths (~2 km), 419 

resulting in decompression-induced volatile saturation of the silicate melt and leading to 420 

additional igneous magnetite crystallization in the presence of a fluid phase owing to an increase 421 

of Tliquidus.  422 
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Decompression of the volatile-rich magma, e.g., through overlaying pluton formation common in 423 

this region (Fig. 1) or magma ascent, would lead to the exsolution of volatiles and crystallization 424 

of new igneous mgt (Fig. 9a). In order to estimate the Fe isotope fractionation between all three 425 

phases (i.e., melt-fluid, magnetite-melt), the Fe fraction among these phases must be quantified. 426 

The Fe concentration in the fluid is dependent on the Cl concentration of the fluid (Simon et al. 427 

2004). Here, a Cl concentration of 35 wt% NaCleq is estimated for the exsolved fluid (molality, 428 

m=5.9 mol/kg) based on observations of euhedral halite crystals in magnetite hosted fluid 429 

inclusions (Knipping et al. 2015b). This allows the application of a partition coefficient of 430 

Df/m
Fe=8.5 between fluid and melt according to the experimentally derived relationship: 431 

Df/m
Fe=1.44*m (Zajacz et al., 2008). Thus, the exsolved fluid at a low P of 75 MPa accounts for 432 

14 % of the total Fe, while the initial igneous mgt scavenges 41 % Fe and the new igneous mgt 433 

(magnetite crystallized between 250 and 75 MPa at 1050 °C) scavenges only 9 % Fe, leaving 434 

35% Fe for the remaining melt (Fig. 9b). There are no published experimentally determined Fe 435 

isotope fractionation factors for melts and aqueous fluids. Thus, we estimate a fractionation 436 

factor based on an assumed initial light Fe isotope composition for the exsolving magmatic fluid 437 

of δ56Fefluid = -0.39 ‰ (c.f., Heimann et al., 2008) at the beginning of the degassing (filled blue 438 

star in Fig. 10). This implies that Δ56Femelt-fluid = 0.47 at 1050 °C (equation 5), when using the 439 

final value of δ56Femelt of Stage 1.    440 

 441 

Δ56Femelt-fluid = δ56Femelt - δ56Fefluid       equation 5  442 

 443 

In this model scenario, the exsolution of fluid would have a stronger effect on Fe isotope 444 

fractionation than decompression-induced magnetite crystallization. Thus, when assuming closed 445 
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system equilibrium fractionation, the continuous exsolution of a saline fluid phase would 446 

increase δ56Fefluid from -0.39 ‰ at 250 MPa to -0.33 ‰ at 75 MPa (equation 6) and 447 

consequently, δ56Femelt would increase from 0.08 to 0.13 ‰ (equation 7), resulting in all 448 

magnetite being as heavy as 0.22 ‰ at 75 MPa (equation 8).  449 

 450 

δ56Fefluid = xΔ56Femgt-melt + xΔ56Femelt-fluid - δ56Febulk + yΔ56Femelt-fluid   equation 6 451 

δ56Femelt = δ56Fefluid + Δ56Femelt-fluid       equation 7 452 

δ56Femgt = (δ56Febulk - yδ56Femelt - zδ56Fefluid) / x     equation 8 453 

 454 

In equation 8, x is the Fe fraction used by all igneous magnetite (initial igneous mgt + new 455 

igneous mgt), y is the Fe fraction used by the melt, and z is the Fe fraction used by the fluid, i.e., 456 

x + z = 1 - y =  f, which is the Fe fraction used from melt.  457 

An open system Rayleigh style fractionation would further increase δ56Femelt, from 0.08 to 0.21 458 

‰ (equation 9) and δ56Fefluid from -0.39 to -0.26 ‰ (equation 10), resulting in a maximum 459 

δ56Femgt of 0.29 ‰ (equation 2) (Fig. 10 - Stage 2).  460 

 461 

δ56Femelt = ((1000 + δ56Feinitial-M2) * f (1-α)) - 1000     equation 9 462 

δ56Fefluid = (1000 + δ56Femelt) / α - 1000      equation 10 463 

 464 

In equation 9, f equals the sum of new igneous mgt (magnetite growing during degassing) and 465 

fluid fraction (xnew+z), δ56Feinitial-M2 is the Fe isotopy of the melt at the beginning of Stage 2 466 

(δ56Feinitial-M2 = 0.08 ‰) and Δ56Femelt-fluid ≈ 1000 ln(α). 467 

 468 
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Considering that both fractionation styles are end member scenarios, we also calculated an 469 

intermediate scenario in which magnetite (new igneous mgt) and aqueous fluid are extracted only 470 

once from the system during degassing at an intermediate pressure step of 150 MPa; this is 471 

referred to as “open system - one step” fractionation in Fig. 10. This scenario would increase 472 

δ56Fefluid from -0.39 to -0.28 ‰ (equation 11), δ56Femelt from 0.08 to 0.19 ‰ (equation 12) and 473 

result in a maximum δ56Femgt value as heavy as 0.27 ‰ (equation 13).  474 

 475 

δ56Fefluid = xΔ56Femgt-melt  + xΔ56Femelt-fluid  - δ56Feone-step + yΔ56Femelt-fluid  equation 11 476 

δ56Femelt = δ56Fefluid + Δ56Femelt-fluid       equation 12 477 

δ56Femgt = (δ56Feone-step - yδ56Femelt - zδ56Fefluid) / x     equation 13 478 

 479 

Here, δ56Feone-step is the Fe isotopic composition of the melt calculated for the desired step (e.g., 480 

150 MPa) using equations 6 and 7, but excluding the initial mgt from the Fe fractions between 481 

melt, aqueous fluid and new igneous mgt.  482 

Consequently, degassing of a saline fluid with an initial δ56Fefluid as light as -0.39 ‰ (Heimann et 483 

al., 2008) would increase δ56Femgt of the new igneous mgt (i.e., magnetite that crystallizes during 484 

decompression) to be as isotopically heavy as the measured natural igneous magnetite samples 485 

from Los Colorados (Table 1), shown as a red field in Fig. 10. Importantly, this is consistent with 486 

the measured increasing δ56Femgt values in igneous magnetite with decreasing concentrations of 487 

trace elements such as Ti, Al, Mn, V, Ga and Zn (Fig. 7).  488 

 489 

Stage 3: Magmatic-hydrothermal magnetite precipitation during fluid cooling 490 
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Stage 3 of the model simulates magnetite precipitation from an aqueous fluid as a result of 491 

cooling. This fluid was separated from the source magma at the end of Stage 2, together with 492 

significant amounts of igneous magnetite (i.e., a fluid-magnetite suspension).  493 

The evolution of δ56Femgt for magnetite that precipitates from the magmatic-hydrothermal fluid 494 

can be predicted as a function of decreasing temperature (e.g., from 800 to 400 °C) by using 495 

equation 3. As a first order assumption, we suggest that the Fe isotope composition of this 496 

magmatic-hydrothermal magnetite is best approximated by (open system) Rayleigh 497 

crystallization (equation 14).  498 

 499 

δ56Fefluid
f
  = (1000 + δ56Feinitial-F3) * f (α-1)) - 1000      equation 14   500 

The “snapshot” δ56Femgt
f at a given fraction f can then be determined by equation 15: 501 

δ56Femgt
f
  = Δ56Femgt-fluid + δ56Fefluid

f
       equation 15 502 

 503 

where Δ56Femgt-fluid ≈ 1000 ln(α). We assume an initial Fe isotope composition of the fluid of 504 

δ56Feinitial-F3 = -0.26 ‰, which is the heaviest predicted δ56Fe value at the end of Stage 2 (white 505 

star in Fig. 10). Thus, the predicted Fe isotope composition of the magmatic-hydrothermal 506 

magnetite represents the maximum possible value (i.e., isotopically heaviest). 507 

Model calculations for Stage 3 indicate that the measured δ56Femgt value of the magmatic-508 

hydrothermal magnetite, shown as a blue field in the Fig. 10, is reproduced by the proposed 509 

model scenario (i.e., Rayleigh fractionation), if precipitation occurs during cooling from 600 to 510 
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400 °C. However, the slightly elevated Δ56Femgt-fluid values determined experimentally by Sossi 511 

and O’Neill (2017) at 800 °C, when compared to the model values predicted by equation 3, 512 

indicate that precipitation temperatures may have exceeded 600 °C. These temperatures are 513 

consistent with fluid inclusion studies of IOA/IOCG deposits in Chile and Peru, where 514 

homogenization temperatures range from 150 to 550 °C, with some >800 °C  (Bromann et al, 515 

1999; Chen 2010; Kreiner 2011; Velasco and Tornos 2009; Barton, 2014). Notably, the 516 

estimated pressures (50-150 MPa) and fluid salinities (6-50 wt% NaCleq) in these studies are 517 

consistent with the predicted conditions of our model (i.e., Pfinal< 75 MPa, magmatic-518 

hydrothermal fluid composition of 35 wt% NaCleq). The remaining iron in the hydrothermal fluid 519 

(>60 %) can further ascend and eventually precipitate at lower temperatures and pressures 520 

forming potentially IOCG deposits stratigraphically above IOA deposits (Knipping et al. 2015 a 521 

and b). 522 

Implications 523 

New in situ Fe isotope data, used in conjunction with trace element compositions (e.g., Ti, Al), 524 

textural observations and sample depth information, can help to distinguish igneous magnetite 525 

cores from magmatic-hydrothermal magnetite rims in the Los Colorados Kiruna-type IOA 526 

deposit, Chile. The model presented explains the measured δ56Fe variability within magnetite 527 

grains, where hydrothermal parts are lighter than igneous parts. When trace elemental 528 

compositions and sample depths information are taken into account for those magnetite grains 529 

that show no zoning in order to discriminate between igneous and hydrothermal magnetite, most 530 

of the interpreted purely magmatic-hydrothermal magnetites have on average lower δ56Fe when 531 

compared to purely igneous magnetites. The sum of all results reveal a systematic pattern at Los 532 
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Colorados where δ56Fe is on average higher in igneous magnetite (mean δ56Fe= 0.24 ± 0.07 ‰; 533 

n=33) when compared to magmatic-hydrothermal magnetite (mean δ56Fe= 0.15 ± 0.05 ‰; 534 

n=26).  535 

Using magnetite-melt, melt-fluid, and magnetite-fluid Fe isotope fractionation factors, we predict 536 

the evolution of δ56Femgt in purely igneous magnetite formed during crystallization from a 537 

cooling (Stage 1) and decompression-induced degassing silicate melt (Stage 2), and precipitation 538 

of magmatic-hydrothermal magnetite from a cooling exsolved saline magmatic-hydrothermal 539 

fluid (Stage 3). These stages, and their pressure-temperature evolution, are modeled in 540 

accordance with the magnetite-flotation model proposed by Knipping et al. (2015a, b) for the 541 

formation of Los Colorados. The predicted variations in δ56Femgt cover the ranges measured in 542 

the igneous and magmatic-hydrothermal magnetite from Los Colorados, respectively. We 543 

conclude that in situ Fe isotope analyses together with trace element composition of magnetite 544 

grains (1) can provide important insights about the source and evolution of magnetite-rich ore 545 

deposits, and (2) confirm the magnetite-flotation model as a plausible scenario for the formation 546 

of Kiruna-type IOA deposits. 547 
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 783 

 784 

Figure captions 785 

Fig. 1: Maps of Los Colorados. a) Location of the Los Colorados IOA deposit in Chile. 786 

Geological map shows the close relationship between Los Colorados and different plutons 787 

(modified after Arévalo et al. 2003) associated with the Los Colorados Fault, which is the central 788 

branch of the Atacama Fault System at this latitude. b) Plan view of Los Colorados IOA deposit 789 

and locations of drill cores (LC-04 and LC-05). 790 

 791 
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Fig. 2: Trace element data for magnetite grains from Los Colorados (Knipping et al. 2015b). The 792 

data indicate a transition from high concentrations of [Ti+V] vs. [Al+Mn] (open red circles) 793 

typical for a high temperature magmatic (igneous) origin, towards lower trace element 794 

concentrations (open blue circles) consistent with precipitation from a cooling (magmatic-) 795 

hydrothermal fluid. Many samples are characterized by a distinct, intra-grain core-to-rim trace 796 

element zoning (filled red and blue circles connected by tie lines). 797 

 798 

Fig. 3: Illustration of the flotation model modified from Knipping et al. (2015a,b): a) igneous 799 

magnetite crystallization and initial fluid bubble nucleation; b) further decompression-induced 800 

degassing and buoyancy-driven bubble-magnetite pair ascent; c) Fe enrichment of the saline 801 

bubble-magnetite suspension during continued ascent; and, d) efficient segregation of the 802 

magnetite suspension by hydraulic fracturing and precipitation of dissolved Fe. e) Schematic 803 

sketch of massive magnetite from Los Colorados, including igneous magnetite “cores” (black) 804 

with magmatic-hydrothermal magnetite “rims” (dark grey) and/or within a magmatic-805 

hydrothermal magnetite “matrix” (light grey). Areas A, B and C are examples for possible 806 

sampling regions for the analyses of this study: (A) sampling typical igneous magnetite core with 807 

magmatic-hydrothermal rim, (B) sampling pure magmatic-hydrothermal magnetite matrix, (C) 808 

sampling an agglomerate of pure igneous magnetite crystals. 809 

 810 

Fig. 4: δ57Fe plotted against δ56Fe. The measured δ56Fe and δ57Fe values plot on a near-ideal 811 

trend (gray line; m = 1.42, R2 = 0.9) for mass dependent isotope fractionation (black line; m = 812 

1.47) allowing the comparability of our results with published δ57Fe values. 813 

 814 

Fig. 5: Reflected light image of sample LC-05-82.6a and trace element transect. The green box 815 

highlights the previous measured trace element transect by LA-ICP-MS (Knipping et al. 2015b). 816 

Red and blue values represent δ56Fe data (in ‰) of raster areas collected by in-situ Fe-isotope 817 

LA-MC-ICP-MS. LA-ICP-MS elemental profiles are shown for Fe (black), Al (dark red) and Ti 818 

(dark green) indicating a sudden decrease in trace elements towards the grain rim that is also 819 

visible in EPMA trace element map for Ti.  820 

 821 
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Fig. 6: δ56Fe vs. depth of sampled magnetite grains. (a) Results of drill core LC-04 and (b) 822 

results of drill core LC-05. Grey bands represent the magmatic range defined by Heimann et al. 823 

(2008), which include both pure igneous and magmatic-hydrothermal magnetite. Red symbols 824 

indicate igneous magnetite and blue data represent magmatic-hydrothermal magnetite 825 

rims/matrix from Los Colorados. 826 

 827 

Fig. 7: Compatible trace element concentrations in magnetite vs. δ56Fe indicate the 828 

compositional evolution of igneous magnetite with ongoing fluid exsolution shown by red arrow. 829 

Here, only those δ56Fe data are plotted where previous LA-ICP-MS trace element analyses were 830 

collected in direct proximity.  831 

Fig. 8: δ56Fe vs. Sn in Los Colorados magnetite. Tin is more compatible in magnetite at more 832 

oxidizing conditions (Carew, 2004) suggesting oxidation during decompression-induced 833 

crystallization (Mathez, 1984; Burgisser and Scaillet, 2007; Bell and Simon, 2011). Here, only 834 

those δ56Fe data are plotted where previous LA-ICP-MS trace element analyses  were collected in 835 

direct proximity.  836 

Fig. 9: MELTS models using the P1D andesite composition (Martel et al. 1999), 1050 °C, 837 

NNO+3 and 6 wt% H2O. (a) wt% of the existing phases (melt, mgt and fluid) and (b) Fe fraction 838 

between existing phases during decompression from 250 to 75 MPa. 35 wt% NaCleq was 839 

assumed for the fluid (according to Knipping et al. 2015b) and thus a partition coefficient of 840 

Df/m
Fe=8.5 (Zajacz et al., 2008) was used to calculate the Fe concentration in the fluid. Initial 841 

igneous mgt indicates the amount of mgt crystallized prior to decompression and new igneous 842 

mgt indicates the amount of mgt crystallized during/after decompression.  843 

 844 

Fig. 10: Predicted Fe isotope evolution of co-existing melt, fluid and magnetite. The δ56Fe values 845 

for melt and fluid represent the bulk remaining Fe isotope composition at a given fraction. In 846 

contrast, the δ56Fe values displayed for magnetite represent the “snapshot” Fe isotope 847 

composition at a given f. This allows direct comparison of the δ56Fe values for magnetite to the 848 

measured values, presuming grain-to-grain and within grain diffusive re-equilibration is 849 

negligible (unless for closed-system scenario). Stage 1: Cooling-induced crystallization of initial 850 
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igneous mgt in the magma reservoir. Stage 2: Decompression-induced degassing and 851 

crystallization of new igneous mgt in the magma reservoir. At the end of Stage 2 a fluid-852 

magnetite suspension is separated from the magma reservoir. Stage 3: Cooling-induced 853 

precipitation of magmatic-hydrothermal magnetite from a separated fluid at shallow depth.   854 

Assumed conditions contain an andesitic melt with a δ56Febulk = 0.11 ‰ (red star) at 250 MPa 855 

with 6 wt% dissolved H2O. Decompression is assumed down to 75 MPa with the exsolution of 856 

~2.8 wt% H2O with a molality of 5.9 m Cl (= 35 wt% NaCleq).  The red and blue areas highlight 857 

the average δ56Fe (± 2) of the measured and assigned igneous (0.24 ± 0.07 ‰) and magmatic-858 

hydrothermal magnetite grains (0.15 ± 0.05 ‰), respectively.   859 

Comparison to Fig. 3: Fig. 3a represents end of Stage 1 and beginning of Stage 2; Fig. 3b-c 860 

represents Stage 2; Fig. 3d represents Stage 3.  861 
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Table 1: δ56Fe and trace element concentrations of Los Colorados magnetite. Trace element 862 
concentrations are only given for those in-situ δ56Fe raster spots where trace element transects 863 
were measured by LA-ICP-MS in direct proximity. The magnetites were  assigned as igneous 864 
(magm.) or magmatic-hydrothermal (hydro.), based on their Al and Ti concentrations and/or 865 
textural appearance. 866 

  
# 

δ56F
e 

[‰] 2 σ 

Al 
[ppm

] 
Ti 

[ppm] 

V 
[ppm

] 
Mn 

[ppm] 
Zn 

[ppm] 

Ga 
[pp
m] 

defined 
as 

LC-05-20.7b 
 

A 0.12 0.06 4458 2439 2965 1546 254 65 magm. 

depth [m] 20.7 B 0.15 0.06 4458 2439 2965 1546 254 65 magm. 

core/rim  no C 0.08 0.05 4764 2617 3015 1830 304 68 magm. 

    D 0.06 0.05 - - - - - - magm. 

            LC-05-82.6a 
 

A 0.16 0.04 1315 568 3031 1297 173 59 hydro. 

depth [m] 82.6 B 0.20 0.05 2476 2019 3057 1636 225 68 magm. 

core/rim  yes C 0.21 0.05 2476 2019 3057 1636 225 68 magm. 

  
D 0.24 0.05 - - - - - - magm. 

  
E 0.19 0.05 - - - - - - magm. 

  
F 0.21 0.05 - - - - - - magm. 

            LC-05-106d 
 

A 0.23 0.05 2389 679 3132 1275 188 51 hydro. 

depth [m] 106 B 0.25 0.05 3012 1274 3146 1732 229 57 magm. 

core/rim  yes C 0.25 0.05 - - - - - - magm. 

    D 0.27 0.05 - - - - - - magm. 

  
  

         LC-06-126a 
 

A 0.10 0.05 1898 644 2909 1110 149 65 hydro. 

depth [m] 126 B 0.13 0.05 2005 660 2954 1093 124 63 hydro. 

core/rim  no C 0.10 0.05 - - - - - - hydro. 

  
D 0.09 0.05 - - - - - - hydro. 

  
E 0.12 0.05 - - - - - - hydro. 

    F 0.12 0.05 - - - - - - hydro. 

  
  

         LC-05-150b 
 

A 0.14 0.05 5123 7396 7089 1740 388 72 magm. 

depth [m] 150 B 0.20 0.05 - - - - - - magm. 

core/rim  no                     

  
  

         LC-04-38.8b 
 

A 0.25 0.05 2444 1249 2556 517 74 62 magm. 

depth [m] 38.8 B 0.16 0.06 667 916 2471 290 14 50 hydro. 

core/rim  yes C 0.26 0.05 2807 1508 2623 553 51 61 magm. 

  
D 0.27 0.05 2807 1508 2623 553 51 61 magm. 

  
E 0.31 0.05 - - - - - - magm. 
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F 0.30 0.05 - - - - - - magm. 

  
G 0.27 0.05 - - - - - - magm. 

    H 0.32 0.05 - - - - - - magm. 

  
  

         LC-04-38.8d 
 

A 0.38 0.05 2283 1281 1988 652 75 60 magm. 

depth [m] 38.8 B 0.36 0.05 3337 1385 2009 602 64 62 magm. 

core/rim  no C 0.32 0.05 - - - - - - magm. 

    D 0.25 0.05 - - - - - - magm. 

  
  

         LC-04-66.7b 
 

A 0.21 0.05 412 132 1105 671 47 43 hydro. 

depth [m] 66.7 B 0.15 0.05 693 111 1085 828 106 54 hydro. 

core/rim  no E 0.15 0.05 693 111 1085 828 106 54 hydro. 

  
F 0.22 0.04 693 111 1085 828 106 54 hydro. 

  
G 0.21 0.04 - - - - - - hydro. 

    H 0.21 0.05 - - - - - - hydro. 

  
  

         LC-04-104c 
 

A 0.21 0.06 1745 2592 2643 746 157 59 hydro. 

depth [m] 104 B 0.29 0.06 2773 6392 2684 1444 97 61 magm. 

core/rim  yes C 0.27 0.06 2773 6392 2684 1444 97 61 magm. 

  
D 0.25 0.06 2773 6392 2684 1444 97 61 magm. 

  
E 0.27 0.06 - - - - - - magm. 

    F 0.13 0.07 - - - - - - hydro. 

  
  

         LC-04-125.3e 
 

A 0.17 0.05 - - - - - - hydro. 

depth [m] 125.3 B 0.15 0.05 2191 2607 2559 640 152 50 hydro. 

core/rim  no C 0.20 0.05 3307 3290 2527 1134 112 58 hydro. 

  
D 0.13 0.05 - - - - - - hydro. 

    E 0.18 0.04 - - - - - - hydro. 

  
  

         LC-04-129.3c 
 

A 0.11 0.04 1804 3799 3524 1177 88 60 hydro. 

depth [m] 129.3 B 0.04 0.05 - - - - - - hydro. 

core/rim  no                     

  
  

         LC-04-129.3d 
 

A 0.21 0.05 4968 4768 3275 1461 143 69 magm. 

depth [m] 129.3 B 0.18 0.05 5473 5420 3288 1519 161 68 magm. 

core/rim  no C 0.24 0.05 - - - - - - magm. 

    D 0.21 0.05 - - - - - - magm. 

  
  

         LC-04-129.3e 
 

A 0.16 0.05 - - - - - - hydro. 

depth [m] 129.3 B 0.14 0.05 - - - - - - hydro. 

core/rim  no                     
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 867 

Table 2: Compilation of literature data on δ56Fe (measured or recalculated from δ57Fe) relative 868 
to IRMM-14 for igneous silicate rocks with 55 wt% < SiO2 < 70 wt%. The average of all studies 869 
results in δ56Fe = 0.11 ±0.04 ‰. 870 

Author Average δ56Fe Stdev, 2 sigma n 

Poitrasson and Freydier, 2005 0.11 0.01 3 

Schoenberg and von Blanckenburg, 2006 0.12 0.01 10 

Heimann et al. 2008 0.10 0.04 18 

Teng et al. 2008 0.20 0.02 2 

Schuessler et al. 2009 0.07 0.03 10 

Sossi et al. 2012 0.14 0.05 8 

Telus et al. 2012 (and references therein) 0.12 0.04 18 

Zambardi et al. 2014 0.11 0.03 5 

Average 0.11 0.04 69 

 871 

 872 

 873 

 874 

 875 

 876 

 877 
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Figure 2 888 
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Figure 10 951 

 952 



# δ56Fe [‰] 2 σ Al [ppm] Ti [ppm] V [ppm]

Sample ID LC‐05‐20.7b A 0.12 0.06 4458 2439 2965

depth [m] ‐20.7 B 0.15 0.06 4458 2439 2965

core/rim  no C 0.08 0.05 4764 2617 3015

D 0.06 0.05 ‐ ‐ ‐

Sample ID LC‐05‐82‐6a A 0.16 0.04 1315 568 3031

depth [m] ‐82.6 B 0.20 0.05 2476 2019 3057

core/rim  yes C 0.21 0.05 2476 2019 3057

D 0.24 0.05 ‐ ‐ ‐

E 0.19 0.05 ‐ ‐ ‐

F 0.21 0.05 ‐ ‐ ‐

Sample ID LC‐05‐106d A 0.23 0.05 2389 679 3132

depth [m] ‐106 B 0.25 0.05 3012 1274 3146

core/rim  yes C 0.25 0.05 ‐ ‐ ‐

D 0.27 0.05 ‐ ‐ ‐

Sample ID LC‐05‐126a A 0.10 0.05 1898 644 2909

depth [m] ‐126 B 0.13 0.05 2005 660 2954

core/rim  no C 0.10 0.05 ‐ ‐ ‐

D 0.09 0.05 ‐ ‐ ‐

E 0.12 0.05 ‐ ‐ ‐

F 0.12 0.05 ‐ ‐ ‐

Sample ID LC‐05‐150b A 0.14 0.05 5123 7396 7089

depth [m] ‐150 B 0.20 0.05 ‐ ‐ ‐

core/rim  no

Sample ID LC‐04‐38.8b A 0.25 0.05 2444 1249 2556

depth [m] ‐38.8 B 0.16 0.06 667 916 2471

core/rim  yes C 0.26 0.05 2807 1508 2623

D 0.27 0.05 2807 1508 2623

E 0.31 0.05 ‐ ‐ ‐

F 0.30 0.05 ‐ ‐ ‐

G 0.27 0.05 ‐ ‐ ‐

H 0.32 0.05 ‐ ‐ ‐

Sample ID LC‐04‐38.8d A 0.38 0.05 2283 1281 1988

depth [m] ‐38.8 B 0.36 0.05 3337 1385 2009

core/rim  no C 0.32 0.05 ‐ ‐ ‐

D 0.25 0.05 ‐ ‐ ‐

Sample ID LC‐04‐66.7b A 0.21 0.05 412 132 1105

depth [m] ‐66.7 B 0.15 0.05 693 111 1085

core/rim  no E 0.15 0.05 693 111 1085

F 0.22 0.04 693 111 1085



G 0.21 0.04 ‐ ‐ ‐

H 0.21 0.05 ‐ ‐ ‐

Sample ID LC‐04‐104.4c A 0.21 0.06 1745 2592 2643

depth [m] ‐104 B 0.29 0.06 2773 6392 2684

core/rim  yes C 0.27 0.06 2773 6392 2684

D 0.25 0.06 2773 6392 2684

E 0.27 0.06 ‐ ‐ ‐

F 0.13 0.07 ‐ ‐ ‐

Sample ID LC‐04‐125‐3e A 0.17 0.05 ‐ ‐ ‐

depth [m] ‐125.3 B 0.15 0.05 2191 2607 2559

core/rim  no C 0.20 0.05 3307 3290 2527

D 0.13 0.05 ‐ ‐ ‐

E 0.18 0.04 ‐ ‐ ‐

Sample ID LC‐04‐129‐3c A 0.11 0.04 1804 3799 3524

depth [m] ‐129.3 B 0.04 0.05 ‐ ‐ ‐

core/rim  no

Sample ID LC‐04‐129‐3d A 0.21 0.05 4968 4768 3275

depth [m] ‐129.3 B 0.18 0.05 5473 5420 3288

core/rim  no C 0.24 0.05 ‐ ‐ ‐

D 0.21 0.05 ‐ ‐ ‐

Sample ID LC‐04‐129.3e A 0.16 0.05 ‐ ‐ ‐

depth [m] ‐129.3 B 0.14 0.05 ‐ ‐ ‐

core/rim  no



Mn [ppm] Zn [ppm] Ga [ppm] defined as

1546 254 65 magm.

1546 254 65 magm.

1830 304 68 magm.

‐ ‐ ‐ magm.

1297 173 59 hydro.

1636 225 68 magm.

1636 225 68 magm.

‐ ‐ ‐ magm.

‐ ‐ ‐ magm.

‐ ‐ ‐ magm.

1275 188 51 hydro.

1732 229 57 magm.

‐ ‐ ‐ magm.

‐ ‐ ‐ magm.

1110 149 65 hydro.

1093 124 63 hydro.

‐ ‐ ‐ hydro.

‐ ‐ ‐ hydro.

‐ ‐ ‐ hydro.

‐ ‐ ‐ hydro.

1740 388 72 magm.

‐ ‐ ‐ magm.

517 74 62 magm.

290 14 50 hydro.

553 51 61 magm.

553 51 61 magm.

‐ ‐ ‐ magm.

‐ ‐ ‐ magm.

‐ ‐ ‐ magm.

‐ ‐ ‐ magm.

652 75 60 magm.

602 64 62 magm.

‐ ‐ ‐ magm.

‐ ‐ ‐ magm.

671 47 43 hydro.

828 106 54 hydro.

828 106 54 hydro.

828 106 54 hydro.



‐ ‐ ‐ hydro.

‐ ‐ ‐ hydro.

746 157 59 hydro.

1444 97 61 magm.

1444 97 61 magm.

1444 97 61 magm.

‐ ‐ ‐ magm.

‐ ‐ ‐ hydro.

‐ ‐ ‐ hydro.

640 152 50 hydro.

1134 112 58 hydro.

‐ ‐ ‐ hydro.

‐ ‐ ‐ hydro.

1177 88 60 hydro.

‐ ‐ ‐ hydro.

1461 143 69 magm.

1519 161 68 magm.

‐ ‐ ‐ magm.

‐ ‐ ‐ magm.

‐ ‐ ‐ hydro.

‐ ‐ ‐ hydro.



author average 

δ56Fe

2 sigma n

Poitrasson and Freydier, 2005 0.11 0.01 3

Schoenberg and von Blanckenburg, 2006 0.12 0.01 10

Heimann et al. 2008 0.10 0.04 18
Teng et al. 2008 0.20 0.02 2
Schuessler et al. 2009 0.07 0.03 10
Sossi et al. 2012 0.14 0.05 8
Telus et al. 2012 (and references therein) 0.12 0.04 18

Zambardi et al. 2014 0.11 0.03 5

average 0.11 0.04 69
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