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ABSTRACT 24 

Iron (II) only occupies octahedral sites in phyllosilicates, whereas Fe(III) can occupy both 25 

octahedral and tetrahedral sites. The controls on Fe(III) distribution between tetrahedral and 26 

octahedral sites have been a matter of great interest in order to understand the interplay between 27 

formation environment (Fe abundance, redox conditions) and crystal-chemical factors (stability of 28 

the crystal lattice) during crystallization of Fe-phyllosilicates. Here, for the first time, we present a 29 

model of Fe(III) distribution in 2:1 phyllosilicates. We investigated 21 samples of 2:1 30 

phyllosilicates of submarine hydrothermal origin using XRD, chemical analysis and Mössbauer 31 

spectroscopy (and other supporting techniques not presented here). An additional dataset of 49 32 

analyses of 2:1 phyllosilicates from the literature was also used. Overall, the data cover a wide 33 

range of dioctahedral and trioctahedral phyllosilicates, including endmember minerals and 34 

interstratified phases. Dioctahedral phyllosilicates have a steric control whereby tetrahedral Fe(III) 35 

is only allowed if at least five out of six octahedral atoms are larger than Al (typically Fe[III], 36 

Fe[II], Mg) that produces an expanded structure where tetrahedral sites can accommodate Fe(III). 37 

After this threshold, further Fe(III) atoms occupy tetrahedral sites preferentially (~73 % of further 38 

Fe[III] atoms) over octahedral sites. In trioctahedral 2:1 phyllosilicates there is no steric hindrance 39 

to tetrahedral Fe(III) because the crystal dimensions are such that tetrahedral sites can accommodate 40 

Fe(III). On average, Fe(III) enters tetrahedral and octahedral sites in similar proportion, and the 41 

only apparent control on tetrahedral Fe(III) abundance is Fe(III) availability during crystallization. 42 

This model allows to predict Fe(III) distribution between structural sites, provides an avenue for 43 

further exploration of the thermodynamic stability of phyllosilicates using cationic size, and 44 

provides a tool to better describe stability/reactivity of Fe-rich phyllosilicates, the most reactive of 45 

phyllosilicates and very relevant in geochemical and biological processes.  46 

 47 

Keywords: Dioctahedral 2:1 phyllosilicates; Fe; Tetrahedral Fe; Trioctahedral 2:1 phyllosilicates. 48 
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INTRODUCTION 50 

Iron-rich phyllosilicates are important because they are more reactive than their Al- and Mg-rich 51 

counterparts. Phyllosilicates with significant Fe(II) content, typically trioctahedral, are weathered 52 

more rapidly than Al- and Mg-rich ones (Wilson 2004). Iron in phyllosilicates may undergo 53 

oxidation and reduction, which has immediate effect on mineral stability, due to modifications to 54 

the layer charge. Typically, Fe oxidation state in non-expanding phyllosilicates is not affected by 55 

inorganic agents, unless they are extreme (e.g., hydrothermal fluids, strong acid attack). However, 56 

microorganisms can modify Fe oxidation state to a certain extent in non-expandable phyllosilicates 57 

(e.g., illite, chlorite; Dong et al. 2009). In expandable phyllosilicates (smectite, vermiculite), Fe 58 

oxidation state is influenced by both external redox conditions (Fialips et al. 2002) and the direct 59 

action of microorganisms (Jaisi et al. 2005). The above reactions are important for microorganism 60 

respiration and, more generally, in soils, where water saturation conditions, microbial activity, and 61 

organic matter concentration change Fe oxidation state in phyllosilicates. As a consequence, these 62 

minerals may experience changes of particle size, particle aggregation state, cation exchange 63 

capacity, and even their mineralogy (Stucki et al. 2002; Cuadros 2017). Such changes influence 64 

further bio-geochemical processes. Recent articles have demonstrated that Fe in environments with 65 

redox fluctuations causes rapid formation of Fe-illite or glauconite from kaolinite or smectite, in 66 

reactions of geochemical significance at a global scale (Baldermann et al. 2015; Cuadros et al. 67 

2017). As a consequence of all the above, Fe in phyllosilicates promotes faster mineralogical and 68 

chemical changes, and a greater, more intense interaction of these minerals with their biological and 69 

inorganic environment. Improved understanding of the crystal-chemistry of Fe-phyllosilicates will 70 

help to better establish their reactivity. 71 

 72 

Iron most frequently occupies octahedral sites in phyllosilicates. In a first evaluation, it appears that 73 

both Fe(II) and Fe(III) fit better within the larger octahedral site than in the smaller tetrahedral site. 74 

Iron (III) occupies tetrahedral sites but no Fe(II) has been found so far occupying tetrahedral sites in 75 
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phyllosilicates or, more generally, in silicates. In phyllosilicates, Fe(II) does not enter tetrahedral 76 

sites probably due to the combination of large ionic radius (0.71 Å in a tetrahedral environment 77 

according to Whittaker and Muntus 1970; compare with the tetrahedral ionic radii of Si and Al of 78 

0.26 and 0.39 Å, respectively, from Shannon 1976) and divalent electric charge that does not 79 

balance efficiently the negative charge of oxide anions in corner-shared tetrahedra. Iron (III), 80 

however, with a trivalent charge and smaller radius (tetrahedral ionic radius of 0.57 Å; Whittaker 81 

and Muntus 1970) mitigates totally or partially these hindrances. The distribution of Fe(III) between 82 

the tetrahedral and octahedral sheets in phyllosilicates is generally displaced towards the octahedra. 83 

It has been frequently assumed that phyllosilicates with low to medium Fe(III) content have no 84 

tetrahedral Fe, and thus Fe(III) presence in the tetrahedral sheet is considered only in Fe(III)-rich 85 

phyllosilicates. Even in Fe(III)-rich phyllosilicates, if no spectroscopic data were available to 86 

establish Fe(III) site location, it was frequently assumed that Fe(III) only enters the tetrahedral sheet 87 

if there is not enough Si + Al to occupy it entirely (see Gates et al. 2002, who explained this state of 88 

affairs and challenged it). Early studies (1960s and 1970s) reported evidence from Mössbauer 89 

spectroscopy that this was not necessarily the case. However, reports of tetrahedral Fe(III) in 90 

phyllosilicates have been controversial due to lack of consensus over proper assignment of 91 

Mössbauer peaks to structural sites, as discussed below.  92 

 93 

Detection of tetrahedral Fe(III) by Mössbauer faces several obstacles. Because tetrahedral Fe 94 

contents are frequently low, the uncertainty associated with the correspondingly low-intensity peaks 95 

in the Mössbauer spectra may be high. Further, there is overlap between the low-energy lines (low-96 

velocity values) of tetrahedral Fe(III), octahedral Fe(III) and octahedral Fe(II) (e.g., Coey et al. 97 

1984; Rancourt et al. 1992), making it difficult to identify tetrahedral Fe(III) and quantify it. Even if 98 

peak positions and relative intensities were correctly identified, their assignment to specific sites is 99 

controversial due to the variable range of both isomer shift and quadrupole splitting that Fe(III) 100 

displays in tetrahedral and octahedral coordination. Within individual specimens, octahedral Fe(III) 101 
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typically displays two doublets, and possibly three (Drits et al. 1997), generated by different 102 

chemical and structural arrangements. Two octahedral Fe(II) peaks are also frequent. Initially, it 103 

was suggested that the two octahedral Fe(III) and Fe(II) sites represented cis- and trans-positions 104 

(Rozenson and Heller-Kalai 1977), and so were they assigned by several authors. Later studies, 105 

however, indicated that cis and trans octahedral sites cannot be resolved either for Fe(III) or Fe(II) 106 

(Murad and Wagner 1994; Rancourt 1994; Dyar 2002). As a result of all the above, some peak 107 

assignments to tetrahedral Fe(III) have been controversial. For example, the peak assignments to 108 

tetrahedral Fe(III) in biotite by Dyar (1990) were contested by Rancourt et al. (1992), and after 109 

further discussion and investigation were finally considered most probably caused by Fe(III) in very 110 

distorted octahedral sites (Dyar 2002). Similarly, different interpretations of Mössbauer spectra of 111 

dioctahedral 2:1 phyllosilicates have led to contrasting tetrahedral Fe(III) contents, more obviously 112 

so for low contents (Cardile 1989 and references therein). 113 

 114 

With time, accumulated experience has helped to clarify these issues and provided increasing 115 

confidence that Mössbauer spectroscopy can reliably indicate the existence and proportion of 116 

Fe(III) in tetrahedral sites (Dyar 2002). There is now evidence that Fe(III) occupies tetrahedral sites 117 

even if Si + Al could occupy them entirely. Examples with strong evidence have used combined 118 

XANES, EXAFS, near-IR, X-ray diffraction and chemical data on nontronite (Manceau et al. 2000; 119 

Gates et al. 2002). Other studies came to the same conclusion using more indirect results, such as 120 

infrared investigation of octahedral cations in celadonites and glauconites (Slonimskaya et al. 1986; 121 

Besson and Drits 1997; Petit et al. 2015).  122 

 123 

Accordingly, there is no doubt that Fe(III) can occupy tetrahedral sites in phyllosilicates 124 

“displacing” Al to the octahedral sheet. The question arises: what controls Fe(III) occupancy of 125 

tetrahedral sites? The extensive study by Gates et al. (2002) concluded that tetrahedral Fe is 126 

unlikely in nontronite for Fe2O3 <34 wt%. Previously, Dyar (1987) suggested a relation between the 127 
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average size of the octahedral cations in trioctahedral micas and tetrahedral Fe occupancy. Baron et 128 

al. (2016) linked formation pH with tetrahedral Fe(III) for the particular case of synthetic Si-Fe 129 

nontronites. Until now, however, there is no consistent model of tetrahedral Fe(III) occupancy in 130 

phyllosilicates. This unresolved question has barred progress towards deeper understanding of 131 

stability and reactivity of Fe-phyllosilicates. 132 

 133 

The first glimpse of such a model was provided by Sánchez-Marañón et al. (2018), who showed 134 

that there is a threshold of Fe content in 2:1 phyllosilicates for the occurrence of tetrahedral Fe(III) 135 

(Fig. 1). This threshold increases from trioctahedral phyllosilicates (approximately zero) to 136 

interstratified dioctahedral-trioctahedral structures and to dioctahedral phyllosilicates (Fig. 1). The 137 

samples showing this behavior are mostly originated in submarine hydrothermal sites, where Fe is 138 

frequently abundant, from hydrothermal fluids and Fe sulfides (Hekinian et al. 1993); a few other 139 

samples are of terrestrial origin. They were all described and investigated in detail by Cuadros et al. 140 

(1993) using chemical, mineralogical, spectroscopic, and thermogravimetric methods. Further 141 

spectroscopic information about the samples was provided in the near- and mid-infrared (Michalski 142 

et al. 2015; Cuadros et al. 2016) and in the visible part of the spectrum (Sánchez-Marañón et al. 143 

2018). In this contribution, tetrahedral Fe(III) occupancy in 2:1 phyllosilicates is further analyzed 144 

using the set of samples from Cuadros et al. (2013) and 49 analyses from the literature. A model is 145 

proposed describing how tetrahedral occupancy by Fe(III) takes place in both dioctahedral and 146 

trioctahedral 2:1 phyllosilicates. 147 

 148 

MATERIALS AND METHODS 149 

Experimental work 150 

The samples from Cuadros et al. (2013) originated mostly from several seafloor hydrothermal fields 151 

with a few ones of terrestrial origin. In the present study, only those investigated with Mössbauer 152 

spectroscopy are used. They are all from submarine hydrothermal sites only, and they originated 153 
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from the following sites: Atlantis II Deep (Red Sea), Guaymas Basin (Gulf of California), East 154 

Pacific Rise, and Mid-Atlantic Ridge.  155 

 156 

The samples were investigated with multiple analytical techniques (Cuadros et al. 2013). The 157 

techniques described here are those for which results are reported. First, the samples were 158 

investigated as powders for their full mineralogy. The same powders were studied to analyze in 159 

detail the 060 system (59-64 °2θ) with a PANalytical X'Pert Pro diffractometer, at 45 kV and 40 160 

mA, using Cu Kα radiation, with divergence slit of 0.25°, and Soller 1 and 2 slits of 1.146°. This 161 

apparatus uses a solid-state detector (X'Celerator) covering an angle of 2.1° that integrates the 162 

diffracted intensity over that angle dynamically as it scans. The samples were side-loaded to avoid 163 

preferential orientation of the particles. The specimens were scanned in the 59-64 °2θ range at low 164 

speed (62 min scan, equivalent speed of 12.4 s/step), with a resolution of 0.0167 °2θ (scan step in a 165 

conventional scanner).  166 

 167 

Salts were then removed by dissolution in deionized water and Fe oxides by the dithionite-citrate-168 

bicarbonate method (this latter method was used only in six samples; Cuadros et al. 2013). Then, 169 

the phyllosilicates were separated in the <2 μm size fraction by dispersion in deionized water and 170 

centrifugation. For the detailed description of such methods and the specific mineral phases 171 

removed see Cuadros et al. (2013) and the corresponding supplementary information. All results 172 

reported here except those of the XRD 060 peak system correspond to the <2 μm size fraction. X-173 

ray diffraction of oriented mounts was used to identify the phyllosilicates, most of them consisting 174 

of interstratified phases, and to quantify their respective proportions. In some cases, this study 175 

revealed trace amounts of non-phyllosilicate minerals. The samples were prepared as oriented 176 

mounts (10 mg of the powders dispersed in 2 ml of deionized water; pipetting of the dispersion on 177 

glass slides; letting them dry). They were studied as air-dried and as intercalated with ethylene-178 

glycol (EG) (overnight in an EG-saturated atmosphere at 60 °C). The samples were investigated in 179 
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the apparatus and conditions indicated above except that the scanning range was 2-40 °2θ and the 180 

scanning time 63 min (equivalent to 1.66 s/step). The quantification of the interstratified clay phases 181 

was carried out by modeling the patterns of EG-intercalated samples using CLAYSim from MDI. 182 

This software allows modeling of the 00l peaks of interstratified minerals with two layer 183 

components, and mixtures of up to ten such phases. 184 

 185 

The specimens were studied with Mössbauer spectroscopy at Mount Holyoke College, 186 

Massachusetts (Cuadros et al. 2013). Sample mounts were prepared by gently mixing 30-40 mg of 187 

powdered sample with sugar in order to reduce preferred orientation. To mitigate the effects of 188 

thickness, all samples were run at <2 mg Fe/cm2, an order of magnitude below the “ideal” 189 

thicknesses calculated by Long et al. (1983); discussion of this effect is given in Dyar et al. (2008). 190 

The mixtures were placed in a sample holder confined by Kapton tape. Mössbauer spectra were 191 

acquired at 295 K using a source of ~40 mCi 57Co in Rh on a WEB Research Co. model WT302 192 

spectrometer. For each sample, the fraction of the baseline due to the Compton scattering of 122 193 

keV gammas by electrons inside the detector was determined by measuring the count rate with and 194 

without a 14.4-keV stop filter (~2 mm of Al foil) in the gamma beam. Compton-corrected 195 

absorption was calculated for each spectrum with the formula A/(1 - b), where b is the Compton 196 

fraction and A is the uncorrected absorption. This correction does not change the results of the fits 197 

but does allow accurate determination of % absorption in the spectra. The correction is necessary 198 

because the range of energy deposited in the detector by Compton events extends from 0 to 40 keV, 199 

overlapping both the 14 keV and 2 keV energies deposited by the 14 keV gammas.  200 

 201 

Run times were 6-48 h for each spectrum, and baseline counts were ~3-15 million after the 202 

Compton correction, as needed for reasonable signal-to-noise ratios. Data were collected in 1024 203 

channels and corrected for nonlinearity via interpolation to a linear velocity scale, defined by the 204 

spectrum of the 25 µm Fe foil used for calibration. Data were then folded before fitting, using a 205 
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procedure that folds the spectrum about the channel value that produces the minimum least squares 206 

sum difference between the first half of the spectrum and the reflected second half of the spectrum. 207 

All Mössbauer data are accessible at http://www.mtholyoke.edu/courses/mdyar/database/.  208 

 209 

Spectra were fitted with 2-3 Lorentzian doublets using the MEX_FielDD program (University of 210 

Ghent, courtesy of E. DeGrave). Isomer shifts (IS, or δ), and quadrupole splittings (QS, or Δ) of the 211 

doublets were allowed to vary, and widths (full width at half maximum) of all four peaks were 212 

coupled to vary in pairs. In a few cases, it was necessary to constrain peak widths to lie above a 213 

certain value in order to obtain reasonable parameters, but most spectra were fitted with only the 214 

minimal constraints described above. 215 

 216 

Error bars for Mössbauer measurements are discussed by Dyar (1984) and Dyar et al. (2008), with 217 

fits to well-resolved spectra having errors of ±0.02 mm/s for IS and QS, and ±3 % absolute on 218 

areas. Many of the spectra studied here have multiple overlapping distributions, so the errors are 219 

likely slightly higher: ±0.02-0.05 mm/s for IS and QS, with errors of ±3-5 % absolute on areas. 220 

Reproducibility (precision) of peak areas based on repeated fits using different constraints (IS, QS, 221 

width, and areas constrained in all possible combinations of individual peaks and pairs) and fitting 222 

models (Lorentzian, Gaussian, quadrupole splitting distributions) is ±0.3 % absolute for these well-223 

resolved spectra. Accuracy has been determined in previous studies of amphiboles to be ±3-5 % 224 

(Dyar 1989) but is highly dependent on the spectrum. This issue is discussed by Dyar et al. (2008). 225 

 226 

Chemical analysis was performed on the samples after the above mentioned chemical and physical 227 

treatments to eliminate or reduce other mineral phases. The powders were dried overnight at 110 °C 228 

and dissolved by acid attack with HF-HClO4-aqua regia in closed bottles in a microwave oven with 229 

or without previous fusion with LiBO2. The solutions were analyzed using inductively coupled 230 

plasma-atomic emission spectrometry (ICP-AES, in a Thermo iCap 6500 Duo). Analytical errors 231 
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were 1-7 wt% relative to the element oxide results for major elements (average of 4 wt%). The 232 

chemical analyses were corrected for non-clay mineral phases that had not been removed in the 233 

original treatment and then converted to structural formulas on the basis of O10(OH)2 (Cuadros et al. 234 

2013). The proportion of Fe(II) was taken from Mössbauer spectroscopy. Mössbauer and infrared 235 

spectroscopy (mid-infrared, see Cuadros et al. 2013) were used as guides for allocation of Fe and Al 236 

between the tetrahedral and octahedral sheets. Here we present only the samples for which there are 237 

Mössbauer data, because this technique provides more direct evidence than infrared spectroscopy. 238 

Magnesium was allocated to the octahedral sheet. After calculation of the structural formula, the 239 

difference between layer charge and interlayer cation charge was 0.0015 (per O10[OH]2) in one case 240 

and <0.0008 in the rest, which indicates reliable formulas.  241 

 242 

Data from the literature 243 

The data from Cuadros et al. (2013) (only those for which there are Mössbauer results) were 244 

completed with others from the literature. For this, articles were selected in which chemical and 245 

spectroscopic investigation of Fe-rich 2:1 phyllosilicates had been carried out. The goal was to 246 

collect reliable distributions of Fe(III) between the tetrahedral and octahedral sheet, for which 247 

reason the results were scrutinized and only those that appeared sufficiently reliable were used. The 248 

criteria for the selection were the following. Spectroscopic data were required that provide direct 249 

evidence for tetrahedral Fe(III) (e.g., Mössbauer, XANES, EXAFS), rather than other indirect 250 

evidence (e.g., octahedral cation pairs from infrared spectroscopy). Because Mössbauer data have 251 

been difficult to interpret due to peak overlap, low tetrahedral Fe(III) content and doubtful peak 252 

assignment (see introduction), data were mainly selected from rather recent articles, for which the 253 

accumulated experience of Mössbauer spectra fitting and interpretation guarantees reliable results, 254 

or articles also providing evidence from XANES and/or EXAFS spectroscopies. Some other data 255 

were collected from Mössbauer results indicating abundant tetrahedral Fe(III), less likely to have 256 

significant errors, and from synthetic samples with no Al, which simplifies the issue of Fe(III) 257 
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tetrahedral occupancy. Data were not used from Mössbauer data where the authors indicated 258 

significant uncertainty about tetrahedral Fe(III) occupancy or where different authors had obtained 259 

significantly different Mössbauer spectra from the same samples, or interpreted the same spectra in 260 

a significantly different manner. The structural formulas from all studies were checked for 261 

consistency. Data were used only if the layer charge from the lattice cations differed ≤0.03 per 262 

O10(OH)2 from the charge of the interlayer cations (typically the difference was <0.01). Some 263 

samples have been investigated in two studies and appear twice. In studies where many different 264 

samples provided very similar results (chemistry and Fe[III] tetrahedral occupancy) a selection was 265 

made that represented the ranges of values obtained.  266 

 267 

RESULTS 268 

XRD data 269 

The samples investigated by Cuadros et al. (2013) can be grouped in four classes: nontronite (N), 270 

interstratified glauconite-nontronite (G-N), interstratified talc-nontronite (T-N), and interstratified 271 

talc-saponite (T-S). T-S samples have higher crystal order than the other groups (Fig. 2; Cuadros et 272 

al. 2013). The proportion of the several phyllosilicates was calculated from modeling of the XRD 273 

patterns of the oriented mounts (Table 1; for full details see Cuadros et al. 2013). The number of 274 

phases (endmember or interstratified) in each sample ranged from 1 to 4. Only the overall 275 

proportions of smectite (nontronite or saponite) versus the non-expandable (glauconite or talc) 276 

phyllosilicates are reported here (Table 1). The measured positions of the 060 peaks were in good 277 

agreement with the phase determination from the oriented mounts. The T-N samples are special 278 

because they are interstratified phases with trioctahedral (talc) and dioctahedral (nontronite) layers. 279 

Their crystal chemistry is complicated because they have Fe(III) in excess of what the expandable 280 

(nontronite) layers can admit, which indicates the existence of nontronite domains within talc layers 281 

(Cuadros et al. 2013). In any case, they have two 060 peaks, corresponding to talc and nontronite, 282 

except in the case of Va3-413KH (150-153), where the talc peak at 1.536 Å is asymmetric with a 283 
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shoulder towards the high-angle side that may correspond to the nontronite peak. Notice that the 284 

positions of the 060 peaks were re-visited for this contribution (Table 1) and some are slightly 285 

modified from those in Cuadros et al. (2013). 286 

 287 

Mössbauer spectra 288 

The Mössbauer spectra were dominated by octahedral Fe(III) doublets (Fig. 3, Table 2). Most 289 

samples displayed two doublets, as is typical in phyllosilicates, most likely generated by octahedron 290 

distortions due to local chemical and structural modifications (Drits et al. 1997). The spectra 291 

indicated a variable range of octahedral Fe(II), higher in the trioctahedral T-S samples, as expected. 292 

Also variable was the amount of tetrahedral Fe(III) (Table 1), although Figure 3 displays spectra 293 

with significant tetrahedral Fe(III) only. Two samples contained magnetite (M64/1 139GTV-5E 294 

[Turtle Pits] and Va3-413KH [313-318]), sample 1183-9 contained goethite (not shown; see 295 

Cuadros et al. 2013), and sample Va3-413KH (382-389) contained hematite (Fig. 3, Table 2; 296 

Cuadros et al. 2013). These and other trace minerals were accounted for in the calculation of the 297 

phyllosilicate compositions (Cuadros et al. 2013). The Mössbauer data allowed determination of 298 

Fe(III)/Fe(II) ratios and distribution of Fe(III) between tetrahedral and octahedral sites; these were 299 

then checked for consistency with the mid-infrared data of Cuadros et al. (2013).  300 

 301 

Structural formulas and tetrahedral Fe(III) occupancy 302 

The structural formulas of samples from Cuadros et al. (2013) and from the literature are divided in 303 

four groups (Table 1). The first group is that of nontronite, where there is also one Fe-pyrophyllite, 304 

which does not belong in any group but is arguably most related to the nontronite class. The second 305 

group is that of dioctahedral micaceous minerals, with glauconite, celadonite and G-N. This group 306 

is labeled as G-N because most samples are glauconite-nontronite. The third group is that of T-N, 307 

and contains only samples from Cuadros et al. (2013), not surprisingly because this type of 308 

interstratified mineral is probably both rare and difficult to identify. Some reports exist of 309 
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interstratified trioctahedral-dioctahedral phases (e.g., kaolinite-biotite by Ahn and Peacor 1987; 310 

biotite-beidellite by Aoudjit et al. 1995; phlogopite-beidellite by Aldega et al. 2009) but with no 311 

spectroscopic data on Fe valence or location. The last group is that of trioctahedral specimens, with 312 

T-S samples from Cuadros et al. (2013), Fe-rich saponites, Fe-rich talc, and Fe-micas. The reason to 313 

group all these minerals in one single trioctahedral group will become evident in the discussion. 314 

Within each of the four groups, samples are arranged from low to high tetrahedral Fe(III) (Table 1). 315 

The positions of the XRD 060 peaks are included, where available (Table 1).  316 

 317 

The plot of total Fe vs. tetrahedral Fe(III) content using all samples from Cuadros et al. (2013) (Fig. 318 

1) shows a control on Fe(III) tetrahedral occupancy by the total Fe content, and that this control is 319 

different depending on the trioctahedral / dioctahedral nature of the 2:1 phyllosilicates. The same 320 

plot was developed for the samples gathered in this contribution (Fig. 4a). The differences are the 321 

addition of samples from the literature and the elimination of those samples from Cuadros et al. 322 

(2013) for which there were no Mössbauer data.  323 

 324 

The trioctahedral samples showed a variable behaviour. Some displayed no tetrahedral Fe(III) in a 325 

wide range of total Fe content (0.5-2.4 Fe atoms per O10[OH]2; Fig. 4a). Many others, however, 326 

displayed a broad trend of increasing tetrahedral Fe(III) with increasing total Fe content. One single 327 

correlation was calculated for those samples with tetrahedral Fe(III), except the two specimens with 328 

tetrahedral Fe(III) > 0.8 atoms per O10[OH]2 (Fig. 4a), which appeared to be significant (R2 = 0.55). 329 

Altogether, these data suggest that the link between total Fe and tetrahedral Fe(III) in trioctahedral 330 

2:1 phyllosilicates is rather loose. A group of samples appear to follow a broad trend of increasing 331 

tetrahedral Fe(III) and total Fe, but deviations are possible both below and above it. 332 

 333 

The dioctahedral (N and G-N) and the trioctahedral-dioctahedral specimens (T-N) all have similar 334 

behavior when total Fe and tetrahedral Fe(III) are compared (Fig. 4a). There is a threshold of total 335 
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Fe needed before Fe(III) can enter tetrahedral sites (red and green “x” data points in Fig. 4a are 336 

below the threshold). This threshold lies between 1.63 and 1.88 Fe atoms per O10(OH)2 (Fig. 4a), 337 

from which value there is a steep increase of tetrahedral Fe(III) as total Fe increases (green, red and 338 

orange circles, Fig. 4a). Although with a similar correlation line, the regression for the T-N samples 339 

is not significant (R2 = 0.33). Notice that the two T-N samples with lowest tetrahedral Fe(III) in 340 

Figure 1 are not in Figure 4a because no Mössbauer data were available. The absence of these two 341 

samples changes the corresponding correlation substantially (orange lines in Figs. 1 and 4a) and 342 

they will be discussed below. 343 

 344 

The difference in behavior between trioctahedral samples and both dioctahedral and trioctahedral-345 

dioctahedral specimens suggests an important structural control on allowing Fe(III) incorporation 346 

into the tetrahedral sheet (discussed at length in the discussion section). Importantly, the 347 

trioctahedral lattice dimensions are larger than those of the dioctahedral lattice due to the greater 348 

occupancy of the octahedral sheet and the large size of the major Mg2+ cation. If such a structural 349 

factor operates as a control on tetrahedral Fe(III) occupancy, the comparison between tetrahedral 350 

Fe(III) and total Fe (Fig. 4a) does not represent the complete phenomenon because Mg is also an 351 

important variable controlling crystal lattice dimensions. Thus, tetrahedral Fe(III) was plotted vs. 352 

total Fe + Mg (total Fe = tetrahedral Fe[III] + octahedral Fe[III] + octahedral Fe[II]; Mg = 353 

octahedral Mg as the samples lack interlayer Mg, Table 1) (Fig. 4b). This new plot causes small 354 

changes in N, G-N and T-S samples (from Fig. 4a) because their Mg content is low. However, the 355 

addition of Mg improves the correlation for the T-N samples, which becomes significant (R2 = 0.59; 356 

Fig. 4b).  357 

 358 

The greatest change after Mg inclusion in the relation takes place in the trioctahedral samples, as 359 

expected. In this case, most data points become aligned in a single trend in the range of tetrahedral 360 

Fe(III) from 0 to 0.93 atoms per O10(OH)2 (Fig. 4b), with a significant correlation (R2 = 0.80).   361 
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 362 

DISCUSSION 363 

Preliminary considerations about Fe(III) site distribution  364 

The two main obvious controls on tetrahedral Fe(III) content in 2:1 phyllosilicates are (1) Fe(III) 365 

availability during mineral formation and (2) the size of the tetrahedral sites, which must be large 366 

enough to accommodate Fe(III). In principle, formation in conditions of high Fe concentration 367 

increases the chances that Fe occupies tetrahedral sites. However, while Fe(III) enters tetrahedral 368 

sites of 2:1 phyllosilicates, Fe(II) does not. This fact suggests a steric control (tetrahedral radii of 369 

Fe[II] = 0.71 Å, of Fe[III] = 0.57; Whittaker and Muntus 1970), most possibly enhanced by the 370 

large charge imbalanced produced by Fe(II) for Si substitution in the tetrahedra. Accordingly, even 371 

in high Fe concentration media, no tetrahedral Fe(II) will be incorporated, only Fe(III). Thus, no 372 

tetrahedral Fe should be expected in 2:1 phyllosilicates formed in reducing environments where 373 

only Fe(II) was available. This should be apparent from examination of non-expandable 2:1 374 

phyllosilicates, where Fe(II) is stable against changing redox conditions. These minerals may have 375 

high octahedral Fe(II) contents but no tetrahedral Fe(II). However, expanding 2:1 phyllosilicates 376 

may not be useful to establish origins in an Fe(II)-rich environment because Fe(II) is not stable 377 

against redox conditions change. Any such phase containing significant octahedral Fe(II) will 378 

oxidize in surface or near-surface conditions and may recrystallize into a new phase containing both 379 

tetrahedral and octahedral Fe(III) (and perhaps residual octahedral Fe[II]). There is evidence of such 380 

processes from Badaut et al. (1985), who recovered a trioctahedral Fe(II)-rich smectite from the 381 

Atlantis II Deep in the Red Sea that oxidized partially in contact with the atmosphere producing a 382 

mixture of nontronite, trioctahedral Fe(II)-rich smectite and Fe(III) oxide. These changes did not 383 

happen in a geological environment, but prove that a recrystallization process may take place upon 384 

oxidation. 385 

 386 
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When Fe(III) is available during the formation of 2:1 phyllosilicates, whether or not together with 387 

Fe(II), what controls the occupancy of tetrahedral sites by Fe(III)? The greater Fe(III) octahedral 388 

occupancy widely found (see sample in Table 1) is indicative that octahedral sites are generally 389 

better suited for Fe(III) than tetrahedral sites. This, however, is not a fact of absolute value but is 390 

relative to the other cations competing for tetrahedral and octahedral positions, and to the size of the 391 

tetrahedral sites. Cardile (1989) discussed evidence that both Fe(III) and Fe(II) occupy tetrahedral 392 

sites in spinels, even to their exclusion from octahedral sites, due to the larger tetrahedral sites in 393 

spinels as compared to those in phyllosilicates. With respect to cation competition for specific sites 394 

in phyllosilicates, it appears that the radius and charge of Si+4, Al+3, Fe+3, Fe+2, and Mg+2 only allow 395 

Al3+ and Fe3+ to occupy both tetrahedral and octahedral sites. The relative stability of these two 396 

cations in the two sites should be a control for Fe(III) distribution between both sites. The fact that 397 

Al is more widely found in tetrahedral sites than Fe(III) in 2:1 phyllosilicates suggests that the 398 

combined effects are more favorable to tetrahedral Al than to tetrahedral Fe(III). 399 

 400 

Steric control on tetrahedral Fe(III) content 401 

The plot of tetrahedral Fe(III) vs. total Fe (Fig. 4a) indicates that the size of the tetrahedral sites is 402 

important in controlling tetrahedral Fe(III) occupation, as argued below. Trioctahedral samples can 403 

have tetrahedral Fe(III) at any value of total Fe content, even if very low. This is not the case with 404 

the dioctahedral and dioctahedral-trioctahedral samples, which require at least ~1.65 Fe atoms per 405 

O10(OH)2 in the octahedral sheet before Fe(III) can occupy tetrahedral sites. Such a threshold value 406 

is obtained from the intercept at the abscissa in the equations (1.68 total Fe for N, 1.63 total Fe for 407 

G-N, and 1.88 total Fe for T-N; Fig. 4a), of which less weight is given to the value for T-N (1.88 408 

total Fe) because of their low coefficient of determination (R2 = 0.33). For all these samples (N, G-409 

N and T-N), Fe(III) >> Fe(II) (Table 1). The sharp boundary for the admission of Fe(III) in the 410 

tetrahedra is interpreted to indicate that a large proportion of octahedral Fe is required to produce a 411 

structure with tetrahedral sites large enough to host Fe(III). The octahedral cations in the samples 412 
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are Fe, Al and Mg, with minor Mn and Ti (Table 1). Their radii in octahedral coordination are Al+3 413 

0.535 Å, Fe+3 0.645 Å, Mg+2 0.72 Å, and Fe+2 0.78 Å (Shannon 1976). Thus, Fe(II) (included in the 414 

variable total Fe of Fig. 4a) and Mg, together with Fe(III), contribute to expand the crystal structure. 415 

 416 

The plot of tetrahedral Fe(III) vs. total Fe + Mg (Fig. 4b) is the complete representation of the 417 

required number of “large” cations in the structure of N, G-N, and T-N samples to allow tetrahedral 418 

Fe(III) occupancy. The fact that the R2 value of the regression for the T-N samples is better in 419 

Figure 4b than in Figure 4a is in good agreement with the conclusion that octahedral Mg contributes 420 

to facilitating tetrahedral Fe(III) occupancy. The total number of large octahedral cations required is 421 

1.69 atoms per O10(OH)2 for N, 1.89 atoms for G-N, and 1.79 atoms for G-N (intercept at the 422 

abscissa in Fig. 4b). From the average between these three values and the average octahedral 423 

occupancy of the corresponding samples (2.02 atoms per O10[OH]2, Table 1), the structural 424 

requirement for tetrahedral Fe(III) presence is that 5.3 atoms out of 6 in the octahedral sheet are Fe 425 

or Mg, rather than Al. A similar calculation, based instead on the smallest of the intercept values 426 

(1.69 atoms per O10[OH]2, from N samples, with average octahedral occupancy of 2.00 atoms; 427 

Table 1) produces the same result, where 5.1 atoms out of 6 atoms must be Fe or Mg. The 428 

significance of this number is that, on average, five in each ring of six octahedra must be occupied 429 

by Fe or Mg (Fig. 5). The larger dimensions of the Mg- and Fe-occupied octahedra cause a 430 

concomitant increase of the dimensions of the tetrahedra (Fig. 6). The minimum size to allow 431 

Fe(III) in the tetrahedra is reached when five out of six octahedra sites are occupied by Mg or Fe (or 432 

Mn or other large cation). Synthetic Si-Fe and Si-Fe-Al nontronites (Petit et al. 2015; Baron et al. 433 

2016) fit our regression but are not included here as tetrahedral Fe(III) was based on or supported 434 

by IR data, an indirect method of assessing tetrahedral composition. 435 

 436 

Above the threshold, there is a rapid increase of tetrahedral Fe(III) with increasing Fe in the 437 

structure (Fig. 4a). From the average value of the three slopes in the plot, 0.73 out of each Fe atom 438 
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above the threshold are in the tetrahedral sheet. Notice again that most Fe in samples N, G-N and T-439 

N is Fe(III) (Table 1). Thus, after the threshold, Fe(III) preferentially occupies tetrahedral sites, 440 

perhaps because of the relative stability of Al and Fe(III) in tetrahedral and octahedral sites of the 441 

expanded lattice dimensions of the 2:1 phyllosilicate. 442 

 443 

Further experimental evidence of the steric control on tetrahedral Fe(III) abundance was sought by 444 

investigating the b dimension of the crystal lattice in the samples. The position of the 060 peak 445 

system provides the approximate value of the lattice b parameter. A plot of 060 values versus 446 

tetrahedral Fe(III) shows that dioctahedral and trioctahedral samples are in different areas, although 447 

two nontronite samples are in an intermediate position and one nontronite within the trioctahedral 448 

space (Fig. 7). It has been recognized before that nontronite can have 060 values overlapping those 449 

of trioctahedral 2:1 phyllosilicates (e.g., 1.521 Å from Brindley 1980; 1.522-1.535 Å from Russell 450 

and Clark 1978, and Cuadros et al. 2013). All T-N samples except one have two 060 maxima (Fig. 451 

7). There is no meaningful correlation between tetrahedral Fe and the 060 peak positions either for 452 

dioctahedral or trioctahedral samples, although a broad trend is apparent for the trioctahedral 453 

specimens. However, the b parameter represents only one dimension of the crystal lattice, and does 454 

not necessarily provide a full description of the size expansion of tetrahedral sites. Figure 6 455 

illustrates that the length increase of the sides of the octahedra along the b direction (stretching 456 

black arrows 1) contributes greatly to increase the side length of the tetrahedra (red arrows). 457 

However, also significant is the contribution of the length increase of sides with a smaller 458 

component in the b direction (black arrows 2, 3, 4; Fig. 6). In addition, the octahedra are more 459 

distorted than appear in Figure 6 (e.g., Bailey 1984). Further unlocking between the b dimension 460 

and tetrahedral site size is produced by other fitting mechanisms between tetrahedral and octahedral 461 

sheets, such as tetrahedral rotation and tilt, and changes in octahedral sheet thickness (e.g., Bailey 462 

1984). 463 

 464 



19 
 
Contrary to these results, Russell and Clark (1978) found a very good correlation between the b 465 

parameters of several montmorillonites and nontronites and their octahedral and tetrahedral Fe(III) 466 

contents, as determined in a previous Mössbauer study by Goodman et al. (1976). Such a result, 467 

however, could not be confirmed by other authors for other montmorillonites and nontronites 468 

(Cardile 1989), perhaps indicating inaccurate Mössbauer interpretation or a special set of samples 469 

used by Goodman et al. (1976) and Russell and Clark (1978). The nontronite samples in the present 470 

study were tested for the same plots of Russell and Clark (1978) and produced much weaker 471 

correlations (R2 ~ 0.5, not shown) than those found by the previous authors. Including the G-N 472 

samples, also dioctahedral, in this test generated still weaker correlations. Notice that some subsets 473 

of dioctahedral data points in Figure 7 could produce meaningful correlations. Seemingly, there is a 474 

response variability of the b dimension to total and tetrahedral Fe(III) increase that may depend on a 475 

variety of factors. Although the results of Russell and Clark (1978) have not been reproduced, they 476 

were an impressive attempt, perhaps the first, to relate Fe(III) tetrahedral occupancy to the size of 477 

the crystal lattice of 2:1 phyllosilicates. Recently reported correlations between tetrahedral Fe(III) 478 

and b in synthetic samples, specific to Si-Al-Fe nontronites (Petit et al. 2015) or to Si-Fe 479 

nontronites (Baron et al. 2016), rather corroborate that such correlations exist only within specific 480 

sample groups. 481 

 482 

Fe(III) availability during crystallization as control on tetrahedral Fe(III) 483 

The larger dimensions of the crystal lattice of 2:1 trioctahedral phyllosilicates, as compared to 484 

dioctahedral ones, imply that there is no steric control on the admission of Fe(III) into their 485 

tetrahedra (Fig. 4a). However, it is intriguing that some broad correlation is suggested between total 486 

Fe content and tetrahedral Fe(III) for some trioctahedral samples (Fig. 4a). Comparison of 487 

tetrahedral Fe(III) with total Fe + Mg (Fig. 4b) suggests that low tetrahedral Fe(III) content is 488 

compatible with a range of total Fe + Mg content but that increasing tetrahedral Fe(III) contents 489 

occur only where total Fe + Mg > 3 atoms per O10(OH)2 (Fig. 4b). It is unlikely that Mg contributes 490 
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to this trend, because there is no steric control on the tetrahedral Fe(III) abundance in trioctahedral 491 

samples. Most likely, such a trend is the same of tetrahedral Fe(III) vs. total Fe (Fig. 4a), where the 492 

addition of Mg logically squeezes all data points within a narrower range in the x-axis (Fig. 4b).  493 

 494 

It was discussed above that the availability of Fe(III) in the formation environment of 2:1 495 

phyllosilicates should be a control on tetrahedral Fe occupancy. A plot of tetrahedral Fe(III) vs. 496 

total Fe(III) (octahedral and tetrahedral) of trioctahedral samples provides some confirmation of this 497 

hypothesis (Fig. 8a). A broad correlation (R2 = 0.66) results between the two variables. Importantly, 498 

in this case all trioctahedral samples are included in the correlation (contrary to Fig. 4a). Most 499 

likely, then, the trends of the trioctahedral samples in Figure 4a and 4b are a manifestation of the 500 

trend in Figure 8a, which suggests that the only control on tetrahedral Fe(III) in trioctahedral 2:1 501 

phyllosilicates is Fe(III) availability. Further, this correlation suggests that the probability of Fe(III) 502 

entering tetrahedral or octahedral sites in trioctahedral phyllosilicates is broadly equal (y-intercept 503 

close to zero, slope = 0.68; Fig. 8a). See that if the correlation is forced through y-intercept = 0, the 504 

slope becomes 0.55, with R2 = 0.63 (not shown). 505 

 506 

It is possible that the values in the plot of tetrahedral Fe(III) vs. total Fe(III) for the trioctahedral 507 

phyllosilicates (Fig. 8a) are not those immediately after formation due to later partial oxidation or 508 

reduction. The correlation was tested for both smectite samples only, and non-expandable samples 509 

only. It was thought that perhaps non-expandable samples (micas and talc), in which Fe oxidation 510 

state is more easily preserved, could show a narrower relation between tetrahedral and total Fe(III). 511 

This was the case to some extent (Fig. 8b). This result lends support to the hypothesis that total or 512 

partial oxidation of octahedral Fe(II) in saponite layers at some stage after mineral formation blurs 513 

the link between environmental Fe(III) abundance and Fe(III) distribution between tetrahedral and 514 

octahedral sites. The same test for smectite samples produced a non-significant regression of lower 515 

slope (not shown). 516 
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 517 

The very presence of available Fe(III) to be incorporated to the crystal lattice of trioctahedral or 518 

dioctahedral 2:1 phyllosilicates indicates that formation conditions are from intermediate oxic-519 

anoxic (coexistence of Fe[II] and Fe[III]) to oxic (only Fe[III] is present). The solubility of Fe(III) 520 

in neutral to alkaline conditions is very low, but there is much evidence from a wide range of 521 

environments that Fe(III) is very reactive in poorly-crystalline phases that become precursors of 522 

Fe(III)-rich phyllosilicates. Nontronite from submarine hydrothermal settings has been described as 523 

forming by the reaction of poorly crystallized  Fe(III) oxide and oxy-hydroxide phases with silica 524 

adsorbed on their surface (Masuda 1995; Gurvich 2006; Taitel-Goldman et al. 2009; Cuadros et al. 525 

2018) or with siliceous tests (Cole 1985). Nontronite in the Columbia River Basalt formed at or 526 

near the surface, at temperature < 100 °C and atmospheric pressure by reaction of fluids with the 527 

basalt (Baker and Strawn 2014). The altering basalt provided the Si-rich fluids and abundant Fe 528 

(rapidly oxidized to Fe[III]) in a non-crystalline matrix. A similar process takes place in the low-529 

temperature, submarine alteration of basaltic glass (Chamley 1989). Silica adsorption and reaction 530 

with goethite to produce Fe-rich smectite and nontronite has been described in saline lakes such as 531 

Chad (Pédro et al. 1978). Iron-beidellite and nontronite also form in the alkaline B horizons of 532 

vertisols (Chamley 1989). During the humid season, Fe, Si and Al are mobilized in the organic-rich 533 

A horizon by organic complexing agents. These ions accumulate in the B horizon during the dry 534 

season, where they detach from their organic ligands and react to form Fe-beidellite and nontronite 535 

(Chamley 1989). The different settings and common reaction elements in all the above 536 

environments suggest that the reactions are purely inorganic. However, microbial involvement has 537 

been described in some cases and may well accelerate the process by mobilizing Fe(III) into the 538 

fluids and acting as nucleation points (Ueshima and Tazaki 2001).  539 

 540 

The special case of dioctrahedral-trioctahedral 2:1 phyllosilicates 541 
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The T-N samples are special in that they are made up of dioctahedral and trioctahedral domains. 542 

Cuadros et al. (2013) showed that the talc (non-expandable) layers of T-N do not correspond 543 

exactly to the trioctahedral domains. There is an excess of octahedral Fe(III) in the submarine 544 

hydrothermal T-N samples indicating that there are nontronite domains within talc layers. In other 545 

words, there is more Fe(III) than indicated by the proportion of (expandable) nontronite, and some 546 

of this Fe(III) must be in the (non-expandable) talc layers. This is possible because the layers (or 547 

TOT units: tetrahedral-octahedral-tetrahedral) in interstratified 2:1 phyllosilicate phases are “polar” 548 

(Lagaly 1979; Güven 1991). This means that the expandable and non-expandable units are defined 549 

by the sequence tetrahedral-interlayer-tetrahedral (TIT), which have a homogeneous composition, 550 

while the TOT units may be heterogeneous, with T sheets of different composition (Cuadros et al. 551 

2013). Because there may be a composition change across the TOT units, the O sheet can also have 552 

a composition intermediate between those of the two types of interstratified layers (Cuadros 2012 553 

and references therein; Cuadros et al. 2013). 554 

 555 

Cuadros et al. (2013) investigated two samples of terrestrial origin containing dioctahedral and 556 

trioctahedral layers in separate phases, with no or very little layer interstratification. These samples 557 

were CRB-03-026, a mixture of celadonite (a proportion of 75% as determined from XRD 558 

modeling of oriented mounts) and saponite (25%); and Nontronite 51, a mixture of nontronite 559 

(75%) and interstratified T-N (with 95% talc layers and 5% nontronite layers). Because these two 560 

samples have no or very minor interstratification, they contain no or very few polar layers, and their 561 

chemical data exactly match the relative proportions of expandable (saponite, nontronite) and non-562 

expandable (celadonite, talc) components (Cuadros et al. 2013). These are the two “T-N, Cel” 563 

samples in Figure 1 at total Fe ~1.25 atoms per O10(OH)2. They most likely have a different 564 

behaviour from that of the other T-N specimens, which are interstratified talc-nontronite. The 565 

correlation of all “TN, Cel” samples is good (R2 = 0.89; Fig. 1) but this may be deceptive for two 566 

reasons. First, the two terrestrial samples plot separately from the true T-N samples. Second, the 567 
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true T-N samples appear to align along a different line from that of the regression of all “T-N, Cel” 568 

samples (Fig. 1). The meaningful correlation of tetrahedral Fe(III) vs. total Fe + Mg (R2 = 0.59, Fig. 569 

4b) suggests that indeed submarine hydrothermal T-N samples are a set behaving coherently and 570 

separately from the two terrestrial dioctahedral-trioctahedral samples. 571 

 572 

This conclusion is further supported by the following considerations. The two terrestrial samples 573 

contain fully dioctahedral layers and fully trioctahedral layers that are not interstratified and thus 574 

not connected in the crystals. This means that the trioctahedral layers within these two samples have 575 

no steric restrictions to tetrahedral Fe(III). At the same time, the dioctahedral layers within these 576 

samples have the steric control described above (5 atoms within each ring of 6 must be Fe or Mg). 577 

The plot of total Fe vs. tetrahedral Fe(III) (Fig. 1) must then produce data points falling between 578 

those of trioctahedral and dioctahedral samples, which is exactly the result for the two terrestrial “T-579 

N, Cel” samples (Total Fe ~1.25 atoms per O10[OH]2, Fig. 1). Such an intermediate value does not 580 

have a physical meaning representing steric control on tetrahedral Fe(III) abundance, but rather it is 581 

the average between values from layers with no steric control (trioctahedral layers) and layers with 582 

steric control (dioctahedral). The true interstratified T-N samples, however, fall within the group of 583 

the dioctahedral samples (N, G-N; Figs. 1 and 4).This is because their octahedral sheets are either 584 

totally or partially nontronite-like (dioctahedral) in composition, which causes them to behave as 585 

dioctahedral samples with respect to steric control on tetrahedral Fe(III) content. The proportion of 586 

expandable layers (or nontronite) measured with XRD in these samples ranged 60-80% (Table 1). 587 

Thus, the fraction of dioctahedral domains in these samples amounts to 60-80% plus the nontronite 588 

domains within non-expandable (or talc) layers. Consequently, the submarine hydrothermal T-N 589 

samples are dominantly dioctahedral and it is reasonable that they plot with N and G-N samples.  590 

 591 

The plot of total Fe(III) vs. tetrahedral Fe(III) (Fig. 8a) shows curious behavior for the T-N samples, 592 

which appear along a tight negative correlation (Fig. 8a). This seems counterintuitive, because 593 
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greater availability of Fe(III) is expected to result in greater tetrahedral Fe(III) occupancy. 594 

However, such is the case for entirely trioctahedral samples only, because they do not have steric 595 

restrictions (Fig. 8a). Samples T-N have steric restrictions because they are dominantly 596 

dioctahedral. For them, total Fe(III) is a proxy for the proportion of dioctahedral (nontronite) 597 

domains, because Fe(III) is more abundant in these domains than in trioctahedral talc domains. The 598 

greater the proportion of nontronite domains, the greater the sample proportion having steric control 599 

on Fe(III) occupancy, and thus the less tetrahedral Fe(III). In other words, the negative correlation 600 

in Figure 8a is ultimately between tetrahedral Fe(III) and nontronite domain volume in the samples. 601 

In summary, the overall proportion of trioctahedral domains in each T-N sample is so small that 602 

they behave as dioctahedral (Fig. 4), but the range of dioctahedral-to-trioctahedral domain volume 603 

covered by these samples is manifested in a negative correlation between tetrahedral Fe(III) and the 604 

volume of nontronite domains (Fig. 8a). 605 

 606 

Maximum tetrahedral Fe(III) content  607 

The maximum values of tetrahedral Fe(III) in this study are found in two trioctahedral samples, 608 

with 0.93 and 0.86 atoms per O10(OH)2, both phlogopites from the same locality, followed by 0.75 609 

atoms per O10(OH)2, in a nontronite, and 0.66 atoms per O10(OH)2, in a T-N with 80% of nontronite 610 

layers (Table 1, Figure 4). Higher values are possible, for example that reported by Filut et al. 611 

(1985) for a specimen of anandite with the formula Si2.60Fe(III)1.40 612 

[Al0.10Fe(III)0.28Fe(II)2.01Mg0.46Mn(III)0.04Mn(II)0.04Ti0.01] Ba0.96K0.03Na0.01 O10(OH)F0.04S0.84Cl0.16. 613 

This sample was not used in the present study because the oxidation state of Mn was assumed and 614 

there is a charge imbalance in the formula. Trioctahedral brittle micas are probably the 2:1 615 

phyllosilicates that can reach highest tetrahedral Fe(III) occupancy because the layer charge is 616 

highest of all micas, allowing higher Fe(III)-for-Si-substitution,  and they typically form in 617 

environments with higher Fe/Al ratio than their dioctahedral counterparts. Accordingly, maximum 618 

tetrahedral Fe(III) occupancy may be ~1.5 atoms per O10(OH)2. However, such high values can 619 
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probably be reached only in environments of extremely high Fe(III)/Si+Al abundance. The large 620 

difference between the tetrahedral radii of Fe(III) and Si (0.57 and 0.26 Å, respectively; Whittaker 621 

and Muntus 1970; Shannon 1976) implies that high Fe(III)-for-Si substitution sets strain on the 622 

lattice, such that Fe(III) can compete successfully for tetrahedral sites only where Si and Al are in 623 

low abundance. 624 

 625 

The anandite of Filut et al. (1985), with tetahedral Fe(III) of 1.40 and total Fe(III) of 1.70 atoms per 626 

O10(OH)F0.04S0.84Cl0.16 would plot well above the line for the trioctahedral samples in Figure 8a. 627 

This stresses that the distribution of Fe(III) between octahedral and tetrahedral sites in trioctahedral 628 

2:1 phyllosilicates is approximate to 50% only on average, because chemical and structural 629 

constraints modify it widely. 630 

 631 

IMPLICATIONS 632 

Our model of tetrahedral Fe(III) control on 2:1 phyllosilicates establishes important chemical-633 

structural relationships that have been long sought. The model enables prediction of Fe(III) 634 

distribution between structural sites, after the sample mineralogy has been established, with only 635 

chemical data, removing an important crystal-chemical uncertainty from studies not including 636 

spectroscopic data. The model also allows further exploration of the thermodynamic stability of 637 

phyllosilicates including cationic size considerations. Such an approach may prove helpful to 638 

further our understanding of the factors controlling the stability of minerals with complex and 639 

variable composition. Iron-rich phyllosilicates are the most reactive and so very significant for 640 

geochemical and biological processes. Our model will help to better link mineral stability/reactivity 641 

to Fe bio-geochemical cycles. 642 
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Figure captions 880 

 881 

Figure 1. Correlation between the tetrahedral Fe (only Fe[III]) and total Fe (tetrahedral Fe[III] + 882 

octahedral Fe[III] + octahedral Fe[II]) as atoms per O10(OH)2 from the samples in Cuadros et al. 883 

(2013), as shown by Sánchez-Marañón et al. (2018). Three groups are defined, trioctahedral 884 

samples (interstratified talc-saponite, T-S), dioctahedral-trioctahedral specimens (interstratified talc-885 

nontronite, mixture of celadonite with saponite, mixture of talc and nontronite, labeled “T-N, Cel”) 886 

and dioctahedral samples (interstratified glauconite-nontronite, G-N). The nontronite data points 887 

(N) are not sufficient to define a correlation. The threshold of total Fe content for the occurrence of 888 

tetrahedral Fe varies for the type of sample, increasing from trioctahedral to diotahedral-889 

trioctahedral and to dioctahedral. 890 

 891 

Figure 2. XRD patterns of the oriented mounts of samples corresponding to each of the 892 

representative groups, from air-dry (AD) and ethylene-glycol intercalated (EG) specimens. They are 893 

nontronite (N) Cy 82-14-5; glauconite-nontronite (G-N) Va22-146KS (586-587); talc-nontronite (T-894 

N) Va22-146KS (575-577); and talc-saponite (T-S) Va3-413KH (382-389). The peak at 7.4 Å in G-895 

N could correspond to hydrotalcite or Fe-serpentine; if the latter is the case, the calculated amount 896 

of serpentine is ~ 2 %. The T-S sample shows traces of hematite (Hem) and mirabilite (Mir) that 897 

remained after the purification process; both were accounted for in the calculation of the 898 

phyllosilicate composition (Cuadros et al. 2013). The intensity of the XRD patterns of T-S has been 899 

reduced to half for a better display. 900 

 901 

Figure 3. Mössbauer spectra and their decomposition into the individual components of four 902 

samples representative of each group (the same samples as in Fig. 2). They all show significant 903 

tetrahedral Fe(III) content. Hematite is present in the T-S sample, corresponding to one of the 904 

octahedral Fe(III) components. 905 
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 906 

Figure 4. Plots of chemical composition vs. tetrahedral Fe(III) content for samples in Table 1. Total 907 

Fe indicates Fe(II) + Fe(III), tetrahedral and octahedral. All values are atoms per O10(OH)2. “x” 908 

Symbols indicate that the data points were not used in the correlations. Open blue circles indicate 909 

synthetic trioctahedral samples, and they are always superimposed on other symbols (i.e., synthetic 910 

sample included [dot] or not included in the correlation [“x”]). 911 

 912 

Figure 5. Sketch of the octahedral sheet of dioctahedral phyllosilicates showing the minimum 913 

amount of large cations (mainly Fe[III or II] and Mg) required to expand the crystal lattice and 914 

allow Fe(III) to enter tetrahedral sites. The arrangement of Al- and Mg/Fe-sites at the bottom is 915 

perfectly ordered for the sake of simplicity, but there is no need that this is the case.  916 

 917 

Figure 6. Sketch of octahedral and tetrahedral sites in phyllosilicates. Green octahedra are occupied 918 

by Fe or Mg; the orange octahedron is occupied by Al. The black arrows are examples indicating 919 

the direction of growth of the sides of the tetrahedra when occupied by Fe/Mg rather than Al. The 920 

size increase of the octahedra produces an increase of the size of the tetrahedra (red arrows; the red 921 

arrow within one of the tetrahedra depicts the extension of the side from one of the basal corners to 922 

the apical corner shared with the octahedron below). The b crystallographic direction is indicated. 923 

 924 

Figure 7. Plot of the position of the maximum of the 060 XRD peak system vs. the tetrahedral 925 

Fe(III) content, as atoms per O10(OH)2. All T-N samples but one displayed two maxima (one from 926 

the dioctahedral domains and one from trioctahedral domains). Open symbols indicate data from the 927 

bibliography. 928 

 929 

Figure 8. (a) Plot of total Fe(III) (tetrahedral and octahedral) vs. tetrahedral Fe(III) for trioctahedral 930 

samples and trioctahedral-dioctahedral samples (T-N). (b) The same plot for trioctahedral, non-931 
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expandable samples; i.e., saponites and saponite-rich samples have been removed. All data are 932 

atoms per O10(OH)2. 933 



Table 1. Structural formulas of samples in which Fe(III)/Fe(II) ratios and distribution of Fe(III) between tetrahedral and octahedral sites are from spectroscopic methods; and d-spacing of the 060 peak or peaks. 

Type Mineralogy Sample %Di-
Sm 

%Tri-
Sm 

Si 
tet 

Al 
tet 

FeIII 
tet 

Al 
oct 

Mg 
oct 

FeIII 
oct 

FeII 
oct 

Mn 
oct 

Ti 
oct 

Σ 
oct 

Fe 
Tot 

TotFe+Mg 
oct 

Mg 
int 

Ca 
int 

Na 
int 

K 
int 

060 (Å) Reference 

Dioct. Fe-smectite W Australia 100  3.79 0.21 0.00 0.75 0.20 1.04 0.00 nr nr 1.98 1.04 1.23 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite SWa-1 100  3.70 0.30 0.00 0.55 0.13 1.31 0.00 nr nr 1.99 1.31 1.44 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite SWa-1 100  3.69 0.31 0.00 0.53 0.13 1.34 0.01 nr nr 2.00 1.34 1.47 0.00 0.00 0.44 0.00 1.509 Manceau et al. 
(2000) 

Dioct. Nontronite PV 100  3.79 0.22 0.00 0.33 0.24 1.44 0.01 nr nr 2.00 1.44 1.68 0.00 0.00 0.45 0.00 1.514 Manceau et al. 
(2000) 

Dioct. Nontronite Cheney 100  3.53 0.47 0.00 0.50 0.03 1.48 0.00 nr nr 2.00 1.48 1.50 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite Garfield 100  3.61 0.39 0.00 0.16 0.02 1.82 0.01 nr nr 2.01 1.83 1.85 0.00 0.00 0.41 0.00 1.521 Manceau et al. 
(2000) 

Dioct. Nontronite Giralong 100  3.66 0.32 0.03 0.22 0.14 1.65 0.00 nr nr 2.01 1.67 1.81 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite NAu-1 100  3.49 0.48 0.04 0.18 0.02 1.81 0.00 nr nr 2.01 1.84 1.86 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite Garfield 100  3.51 0.44 0.05 0.17 0.02 1.82 0.00 nr nr 2.00 1.87 1.88 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite Manito 100  3.54 0.41 0.06 0.21 0.06 1.74 0.00 nr nr 2.01 1.80 1.86 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite Mountainville 100  3.51 0.39 0.11 0.21 0.02 1.77 0.00 nr nr 2.00 1.88 1.90 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite Hoher Hagen 100  3.65 0.24 0.11 0.00 0.04 1.96 0.02 nd nd 2.02 2.09 2.13 0.00 0.01 0.35 0.01  Köster et al. 
(1999) 

Dioct. Nontronite Bingham 100  3.59 0.30 0.12 0.15 0.12 1.74 0.00 nr nr 2.00 1.86 1.97 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Fe-pyrophyllite  0  3.80 0.04 0.16 0.09 0.11 1.87 0.00 nr nr 2.07 2.03 2.14 0.00 0.05 0.00 0.00 1.517 Coey et al. 
(1984) 

Dioct. Nontronite HQ 100  3.49 0.30 0.21 0.26 0.02 1.73 0.00 nr nr 2.00 1.94 1.95 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite NG-1 100  3.56 0.13 0.31 0.36 0.03 1.61 0.00 nr nr 2.00 1.92 1.95 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite Nau-2 100  3.56 0.13 0.31 0.36 0.03 1.61 0.00 nr nr 2.00 1.92 1.95 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite NG-1 100  3.65 0.04 0.32 0.44 0.03 1.54 0.01 nr nr 2.02 1.86 1.89 0.00 0.00 0.35 0.00 1.522 Manceau et al. 
(2000) 

Dioct. Nontronite Spokane 100  3.63 0.02 0.35 0.02 0.02 1.95 0.00 nr nr 1.98 2.30 2.32 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite Cy 82-14-5 100  3.60 0.04 0.36 0.00 0.28 1.76 0.00 0.00 0.00 2.04 2.12 2.40 0.00 0.03 0.48 0.03 1.517 Cuadros et al. 
(2013) 

Dioct. Nontronite 1183-15 100  3.62 0.01 0.37 0.00 0.31 1.67 0.00 0.01 0.00 1.99 2.04 2.35 0.00 0.00 0.40 0.31 1.513 Cuadros et al. 
(2013) 

Dioct. Nontronite CZ 100  3.52 0.02 0.46 0.12 0.02 1.87 0.00 nr nr 2.00 2.33 2.35 nr nr nr nr  Gates et al. 
(2002) 

Dioct. Nontronite Synthetic 100  3.25 0.00 0.75 0.00 0.00 2.00 0.00 0.00 0.00 2.00 2.75 2.75 0.00 0.00 0.75 0.00 1.540 Decarreau et 
al. (2008) 

Dioct. G-N Va22-146KS 
(1145-1146) 

47  3.95 0.05 0.00 0.04 0.25 1.65 0.05 0.00 0.00 1.99 1.70 1.95 0.00 0.01 0.11 0.24 1.510 Cuadros et al. 
(2013) 



Dioct. Celadonite Celadonite 69 0  3.94 0.06 0.00 0.05 0.41 1.15 0.36 nr nr 1.97 1.51 1.92 0.00 0.03 0.01 0.83 1.512 Drits et al. 
(1997) 

Dioct. Glauconite Kul-2 0  3.72 0.28 0.00 0.84 0.40 0.55 0.26 nr nr 2.05 0.81 1.21 0.00 0.02 0.00 0.77  Zaitseva et al. 
(2008) 

Dioct. G-N Glauconite Bsh-11 <10  3.69 0.31 0.00 1.04 0.42 0.38 0.22 nr nr 2.06 0.60 1.02 0.00 0.02 0.00 0.74  Zaitseva et al. 
(2008) 

Dioct. G-N Glauconite Dobre 5  3.64 0.36 0.00 0.76 0.31 0.79 0.15 nr nr 2.01 0.94 1.25 0.00 0.04 0.01 0.70  Kotlicki et al. 
(1981) 

Dioct. G-N Glauconite K4 15  3.83 0.17 0.00 0.59 0.45 0.86 0.09 nr nr 1.99 0.95 1.40 0.00 0.05 0.00 0.63  Kotlicki et al. 
(1981) 

Dioct. Glauconite Pil 0  3.75 0.27 0.00 0.44 0.42 0.93 0.21 nr nr 2.00 1.14 1.56 0.00 0.05 0.06 0.75 1.513 Drits et al. 
(1997) 

Dioct. Glauconite 655 0  3.71 0.24 0.00 0.16 0.63 1.10 0.12 nr nr 2.01 1.22 1.85 0.00 0.05 0 0.92 1.515 Drits et al. 
(1997) 

Dioct. G-N Va22-146KS 
(1144-1145) 

68  3.93 0.05 0.02 0.00 0.25 1.69 0.05 0.00 0.00 2.00 1.76 2.01 0.00 0.00 0.12 0.25 1.510 Cuadros et al. 
(2013) 

Dioct. G-N Va22-146KS 
(1030-1034) 

23  3.80 0.02 0.18 0.06 0.17 1.58 0.11 0.05 0.00 1.98 1.87 2.04 0.00 0.04 0.03 0.49 1.511 Cuadros et al. 
(2013) 

Dioct. G-N Va22-146KS (603-
604) 

50  3.74 0.04 0.22 0.03 0.18 1.79 0.00 0.00 0.00 2.00 2.01 2.19 0.00 0.06 0.00 0.33 1.515 Cuadros et al. 
(2013) 

Dioct. G-N Va22-146KS (612-
614) 

59  3.68 0.09 0.23 0.02 0.20 1.79 0.00 0.00 0.00 2.02 2.02 2.22 0.00 0.09 0.00 0.27 1.514 Cuadros et al. 
(2013) 

Dioct. G-N Va22-146KS (588-
591) 

56  3.73 0.00 0.27 0.05 0.17 1.73 0.04 0.00 0.00 1.99 2.04 2.21 0.00 0.09 0.00 0.35 1.512 Cuadros et al. 
(2013) 

Dioct. G-N Va22-146KS (586-
587) 

39  3.55 0.09 0.36 0.02 0.18 1.83 0.04 0.00 0.00 2.08 2.23 2.41 0.00 0.07 0.00 0.30 1.514 Cuadros et al. 
(2013) 

Dioct. G-N Va22-146KS (639-
640) 

33  3.62 0.00 0.38 0.00 0.23 1.84 0.00 0.00 0.00 2.08 2.22 2.45 0.00 0.05 0.00 0.28 1.511 Cuadros et al. 
(2013) 

Di.-
Tri. 

T-N Va22-146KS (583-
586) 

69  3.42 0.21 0.37 0.05 0.18 1.96 0.00 0.00 0.01 2.21 2.33 2.51 0.00 0.00 0.01 0.13 1.516/1.532 Cuadros et al. 
(2013) 

Di.-
Tri. 

T-N Va22-146KS (602-
603) 

60  3.13 0.45 0.42 0.00 0.28 1.97 0.00 0.01 0.01 2.27 2.39 2.67 0.00 0.09 0.03 0.11 1.515/1.533 Cuadros et al. 
(2013) 

Di.-
Tri. 

T-N Va22-146KS (575-
577) 

71  3.40 0.10 0.50 0.03 0.18 1.92 0.00 0.00 0.00 2.13 2.42 2.60 0.00 0.12 0.00 0.15 1.515/1.534 Cuadros et al. 
(2013) 

Di.-
Tri. 

T-N CHN-100-18PC 
(290-292) 

68  3.13 0.37 0.50 0.00 0.18 1.81 0.20 0.08 0.01 2.28 2.51 2.69 0.00 0.19 0.00 0.09 1.513/1.530 Cuadros et al. 
(2013) 

Di.-
Tri. 

T-N Va22-146KS (471-
475) 

75  3.24 0.14 0.62 0.14 0.15 1.69 0.20 0.01 0.01 2.21 2.51 2.66 0.00 0.10 0.09 0.21 1.514/1.533 Cuadros et al. 
(2013) 

Di.-
Tri. 

T-N Va3-413KH (150-
153) 

80  3.11 0.23 0.66 0.00 0.55 1.68 0.07 0.02 0.00 2.33 2.41 2.96 0.00 0.13 0.16 0.13 1.536 Cuadros et al. 
(2013) 

Trioct. Fe-saponite Synthetic MF9  100 4.00 0.00 0.00 0.00 2.43 0.30 0.00 0.00 0.00 2.73 0.30 2.73 0.00 0.00 0.26 0.00 1.525
a
 Grauby et al. 

(1994) 

Trioct. Fe-saponite Fe-saponite  100 3.56 0.44 0.00 0.02 2.35 0.00 0.58 0.00 0.00 2.95 0.58 2.93 0.00 0.12 0.30 0.00 1.526 Andrews et al. 
(1983) 

Trioct. Fe-talc   0 3.98 0.01 0.00 0.01 2.98 0.01 0.02 0.00 0.00 3.01 0.03 3.01 0.00 0.00 0.00 0.00  Martin et al. 
(1999) 

Trioct. T-S M64/1 139GTV-5E 
(Turtle Pits) 

 21 3.78 0.19 0.03 0.00 2.80 0.03 0.20 0.00 0.00 3.03 0.26 3.06 0.00 0.00 0.13 0.00 1.530 Cuadros et al. 
(2013) 

Trioct. Fe-saponite Synthetic MF8  100 3.96 0.00 0.04 0.00 2.03 0.56 0.00 0.00 0.00 2.59 0.60 2.63 0.00 0.00 0.32 0.00 1.524
a
 Grauby et al. 

(1994) 

Trioct. Fe-saponite Synthetic N5  100 3.93 0.00 0.07 0.00 2.30 0.03 0.43 0.00 0.00 2.76 0.53 2.83 0.00 0.00 0.50 0.03 1.535
a
 Baldermann et 

al. (2014) 



Trioct. T-S Sea Cliff Dive 308  27 3.86 0.05 0.09 0.06 2.58 0.05 0.29 0.00 0.00 2.99 0.43 3.01 0.00 0.01 0.02 0.01 1.524 Cuadros et al. 
(2013) 

Trioct. T-S Va3-413KH (313-
318) 

 18 3.76 0.06 0.18 0.00 2.51 0.24 0.20 0.00 0.00 2.94 0.62 3.13 0.00 0.05 0.00 0.00 1.530 Cuadros et al. 
(2013) 

Trioct. Fe-saponite Synthetic N8  100 3.82 0.00 0.18 0.00 1.54 0.07 1.17 0.00 0.00 2.78 1.42 2.96 0.00 0.00 0.52 0 1.542
a
 Baldermann et 

al. (2014) 

Trioct. T-S Va3-413KH (382-
389) 

 90 3.59 0.21 0.20 0.00 2.03 0.51 0.18 0.00 0.01 2.73 0.89 2.92 0.00 0.06 0.31 0.00 1.533 Cuadros et al. 
(2013) 

Trioct. Fe-saponite Synthetic N14  100 3.74 0.00 0.26 0.00 0.31 0.18 2.27 0.00 0.00 2.76 2.71 3.02 0.00 0.00 0.53 0.01 1.544
a
 Baldermann et 

al. (2014) 

Trioct. T-S 1183-9  2 3.57 0.04 0.39 0.00 1.52 0.75 0.55 0.01 0.00 2.83 1.69 3.21 0.00 0.01 0.00 0.00 1.53 Cuadros et al. 
(2013) 

Trioct. Biotite MT-1  0 2.73 1.27 0.00 0.20 1.25 0.33 0.89 0.05 0.09 2.82 1.22 2.47 0.00 0.05 0.04 0.80  Dyar & Burns 
(1986) 

Trioct. Biotite SL-18  0 2.75 1.25 0.00 0.12 1.06 0.29 1.08 0.02 0.16 2.72 1.37 2.43 0.00 0.04 0.04 0.96  Dyar & Burns 
(1986) 

Trioct. Biotite BP-1  0 2.80 1.20 0.00 0.17 1.36 0.31 0.83 0.03 0.10 2.79 1.14 2.50 0.00 0.05 0.03 0.81  Dyar & Burns 
(1986) 

Trioct. Biotite MG-1  0 2.74 1.26 0.00 0.09 1.31 0.32 0.92 0.03 0.14 2.81 1.24 2.55 0.00 0.05 0.03 0.81  Dyar & Burns 
(1986) 

Trioct. Biotite BF 9A  0 2.60 1.40 0.00 0.32 1.09 0.13 1.19 0.01 0.15 2.89 1.32 2.41 0.00 0.00 0.06 0.82  Dyar & Burns 
(1986) 

Trioct. Biotite BF 9E  0 2.64 1.36 0.00 0.41 1.07 0.19 1.15 0.00 0.08 2.89 1.34 2.41 0.00 0.00 0.05 0.78  Dyar & Burns 
(1986) 

Trioct. Biotite BF 9G  0 2.68 1.32 0.00 0.40 1.07 0.13 1.18 0.00 0.08 2.87 1.31 2.39 0.00 0.00 0.04 0.85  Dyar & Burns 
(1986) 

Trioct. Ferriphlogopite Tpq 16-4Aa  0 2.91 0.71 0.38 0.00 2.64 0.1 0.22 0.01 0.03 3.00 0.70 3.34 0.00 0.00 0.00 0.99 1.541 Brigatti et al. 
(1999) 

Trioct. Ferriphlogopite   0 2.97 0.64 0.39 0.15 2.55 0.00 0.24 0.00 0.01 2.95 0.62 3.18 0.00 0.00 0.01 0.95  Dyar & Burns 
(1986) 

Trioct. Ferriphlogopite Tpq 16-4Ac  0 3.01 0.13 0.86 0.00 1.99 0.30 0.54 0.02 0.01 2.86 1.70 3.69 0.00 0.00 0.01 0.99 1.551 Brigatti et al. 
(1999) 

Trioct. Ferriphlogopite Tas 22-1b  0 3.07 0.00 0.93 0.00 2.75 0.06 0.17 0.01 0.01 3.00 1.16 3.91 0.00 0.00 0.02 0.98 1.546 Brigatti et al. 
(1999) 

Trioct. Annite 865DS  0 2.75 1.25 0.00 0.01 0.12 0.28 2.08 0.04 0.22 2.75 2.36 2.48 0.00 0.04 0.08 0.88  Dyar & Burns 
(1986) 

Trioct. Ferriannite GE  0 3.03 0.54 0.43 0.00 1.35 0.15 1.48 0.00 0.00 2.98 2.05 3.40 0.00 0.00 0.02 0.83  Dyar & Burns 
(1986) 

Trioct. Ferriannite BHD2/448  0 2.92 0.52 0.55 0.00 0.38 0.12 2.38 0.00 0.01 2.90 3.06 3.44 0.00 0.06 0.00 1.03  Dyar & Burns 
(1986) 

nr: Not reported. 

nd: Not determined. 

a
 Assessed from plots in the article. 

Most T-N samples have two 060 peaks, corresponding to dioctahedral and trioctahedral domains. 

 



Table 2. Mössbauer parameters for spectra in Figure 3.   

 Sample Cy 82-14-5 Va22..586-
587 

Va22..575-
577 

Va3..382-
389 

 Mineralogy N G-N T-N T-S 

 Velocity scale 
(mm/s) 

+/- 4 +/- 4 +/- 4 +/- 4 

 IS (mm/s) 0.14 0.12 0.15 0.13 

Tet Fe(III) QS (mm/s) 0.65 0.45 0.66 0.88 

 Width (mm/s) 0.38 0.26 0.40 0.46 

 Area (%) 17 13 21 30 

 IS (mm/s) 0.38 0.41 0.41  

Oct Fe(III) QS (mm/s) 0.54 0.42 0.42  

 Width (mm/s) 0.51 0.45 0.47  

 Area (%) 67 67 61  

 IS (mm/s) 0.46 0.46 0.45 0.54 

Oct Fe(III) QS (mm/s) 0.89 0.85 0.85 1.06 

 Width (mm/s) 0.46 0.31 0.32 0.44 

 Area (%) 16 18 18 31 

 IS (mm/s)  1.05  1.13 

Oct Fe(II) QS (mm/s)  2.04  2.66 

 Width (mm/s)  0.23*  0.36 

 Area (%)  2  15 

 IS (mm/s)    0.34 

Hematite QS (mm/s)    1.00 

(Oct 
Fe[III]) 

Width (mm/s)    0.36 

 Area (%)    25 

 2 450.1 315.7 377.5 375.2 

 2
norm 0.9 0.6 0.7 0.7 

*Parameter fixed in the curve-fitting process.     

IS = isomer shift.     

QS = quadrupole splitting.      

Width = full width at half maximum.    

Area is expressed as percentage of the total peak area.   

2 = Goodness of fit.     

2
norm = Goodness of fit normalized to number of data points.   
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