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Abstract 19 

 20 

The Phepane Dome is a circular outcrop of metasedimentary rock within the Eastern 21 

Lobe of the Bushveld Complex hypothesized to have formed as a diapir, when underlying 22 

wallrock rose into the overlying magma body. Interactions between the metasedimentary rock of 23 

the Phepane Dome and the magma of the Bushveld Complex were investigated through 24 

measurements of oxygen and lithium isotopic compositions, determination of mineral modes and 25 

major-element mineral compositions, cathodoluminescence imaging, and dihedral angle analysis. 26 

Evidence from cathodoluminescence imaging and dihedral angle analysis suggest that heat 27 

transfer during diapirism caused partial melting and complete recrystallization of the Phepane 28 

Dome metasedimentary rock. Oxygen isotope analysis of samples from traverses spanning the 29 

contact between metasedimentary and igneous rocks demonstrates that relatively minimal 30 

exchange of oxygen (over distance ~4 m) occurred across the contact between the Phepane 31 

Dome and the surrounding Bushveld magma. The lithium concentrations and isotopic 32 

compositions of metasedimentary rock are significantly different from the associated igneous 33 

rocks. Lithium isotope analysis of samples from traverses across the contact demonstrates 34 

exchange of Li over somewhat greater distances (~60 m) than oxygen, consistent with evidence 35 

that suggests a higher diffusivity of Li than most major elements. Models of oxygen diffusion 36 

through intergranular melt and aqueous fluid are used to place maximum constraints on the 37 

duration of diffusive exchange across the contact, resulting in estimates ranging from 5 kyrs to 5 38 

Myrs. These values are consistent with previous estimates of the duration of crystallization of the 39 

Bushveld Complex and Phepane diapir development. 40 

 41 



 3

Introduction 42 

The largest layered mafic intrusion in the world, the Bushveld Complex of South Africa, 43 

formed as mafic to ultramafic magma intruded sedimentary rocks of the Transvaal Supergroup 44 

~2054 Ma (Walraven et al., 1990; Buick et al., 2001) (Figure 1a).  Metasedimentary domes 45 

found within the mafic rock of the Eastern Lobe of the Bushveld Complex are interpreted to have 46 

formed as diapirs of partially melted, sedimentary footwall rock that rose through the denser 47 

mafic magma (Uken and Watkeys, 1997) (Figure 1b). Evidence for this sedimentary diapirism 48 

comes from gravity and structural data (Molyneux and Klinkert, 1978). The Phepane Dome 49 

crops out as one of these domal structures of metasedimentary rock surrounded by Bushveld 50 

Complex rock in the northern Eastern Lobe and shows both structural and mineralogic evidence 51 

for a diapiric origin (Johnson et al., 2004). 52 

Gerya et al. (2003, 2004) described the formation of the Phepane Dome as “cold 53 

diapirism,” since cooler, less dense sedimentary rock rose into the hotter, denser Bushveld 54 

Complex crystallizing magma. Similar “cold diapirism” is hypothesized to occur in subduction 55 

zones (Hall and Kincaid, 2001; Gerya and Yuen, 2003). To better understand this cold diapirism 56 

within the Bushveld Complex magma, studies have modeled the growth of the Phepane diapir 57 

(Gerya et al., 2004) and documented the metamorphic reactions that occurred in the sedimentary 58 

rock at the center of the Phepane Dome (Johnson et al., 2004). However, there is limited study of 59 

these thermally dynamic settings where chemical buoyancy plays such an important role. This 60 

study investigates chemical interaction between the Bushveld Complex magma and the 61 

sedimentary rock that rose as the Phepane diapir using Li and O isotopes as chemical tracers. 62 

The properties of Li, a fluid-mobile element with a ~17% mass difference between the 63 

two stable isotopes (6Li and 7Li), make it a useful tracer for settings where fluids and rock 64 
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interact. Recent studies have reported Li isotopic compositions and concentrations in contact 65 

metamorphic settings (e.g., Teng et al. 2006a; Marks et al., 2007), and O isotope data has been 66 

used in previous studies of intrusion-wallrock contacts (e.g., Shieh and Taylor, 1969; Cartwright 67 

and Valley, 1991; Park et al., 1999; Baumgartner and Valley, 2001). During contact 68 

metamorphism, the juxtaposition of two chemically disparate rock types at relatively high 69 

temperatures can lead to chemical or isotopic exchange across the contact. Such mass transfer 70 

between the two reservoirs is facilitated by diffusion due to gradients in chemical potential. The 71 

extent of the transfer relies on a number of physical properties of the exchange media as well as 72 

on the length of time the two reservoirs are in contact at high temperatures. Therefore, analysis 73 

of the diffusive distance across the contact can elucidate information about the time the two 74 

reservoirs were able to exchange. This study measures Li compositions and O isotopic 75 

compositions across the Phepane Dome-Bushveld Complex contact in order to determine the 76 

extent of diffusive exchange and constrain the timescale of diffusion and diapiric formation. It is 77 

the first to use both Li and O as chemical tracers of diffusion, directly comparing the two 78 

systems and providing an important assessment of each system at the same contact metamorphic 79 

setting. It is also an important corollary to the experimental studies that show that Li will diffuse 80 

orders of magnitude faster than other components in basaltic and rhyolitic melts (Richter et al., 81 

2003).  82 

 83 

Geologic Background 84 

Bushveld Complex 85 

The mafic-ultramafic Rustenburg Layered Suite of the Bushveld Complex intruded into 86 

the Transvaal Basin of South Africa (Figure 1a) at ~2054 Ma in stages of multiple magma 87 
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injections into the clastic and chemical sedimentary rocks of the Transvaal Supergroup 88 

(Cawthorn and Walraven, 1998; Walraven et al., 1990; Buick et al., 2001; Scoates and Friedman, 89 

2008). The stages resulted in five compositional zones: the Marginal, Lower, Critical, Main, and 90 

Upper Zones. During crystallization of each stage, the magma fractionated to form layers of 91 

variable mafic compositions (Cawthorn and Walraven, 1998). The Lebowa Granite Suite and 92 

Rashoop Granophyre are adjacent to the Rustenburg Layered Suite and comprise the more felsic 93 

intrusive portion of the Bushveld Complex (Hill et al., 1996; Schweitzer et al., 1997; Fourie and 94 

Harris, 2011). A minimum preferred age of 2049 +69/-75 Ma for the Lebowa Granite Suite is 95 

resolved from separate intrusions with similar Pb-Pb isochron ages (Walraven et al., 1990). 96 

Important ore concentrations are found throughout the Bushveld Complex, including 75% of the 97 

world’s Pt reserves and 50% of the world’s Pd reserves (Cawthorn, 1999). 98 

The Transvaal Supergroup sediments were deposited onto the Kaapvaal Craton, and 99 

consist of Archean protobasinal rocks overlain by the Black Reef Formation, the Chuniespoort 100 

Group carbonates and banded iron formation, and the Proterozoic age Pretoria Group (Eriksson 101 

et al., 2001). The depositional age of Pretoria Group sedimentary rocks is constrained by a Re-Os 102 

age of pyrite from carbonaceous shale of the Timeball Hill Formation of 2316 ± 17 Ma (Hannah 103 

et al., 2004).  104 

 105 

Phepane Dome 106 

Within the Eastern Lobe of the Bushveld Complex, the eroded Phepane Dome forms a 107 

topographic bowl-like structure of meta-sedimentary rocks (Figure 2). These rocks have been 108 

correlated to the Pretoria Group formations of the Transvaal Supergroup (Johnson et al., 2004). 109 

The outer quartzite directly in contact with the Bushveld Complex igneous rocks has been 110 
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correlated to the Lakenvalei Formation. The Lakenvalei is in contact with Upper Zone mafic 111 

rocks on the western side of the Phepane Dome, while the Lakenvalei on the eastern and 112 

southern sides is in contact with felsic rocks, likely of the Lebowa Granite Suite. The timing of 113 

the felsic magmatism compared to the mafic magmatism at the Phepane Dome is uncertain. 114 

Continuing towards the center of the Phepane Dome, the Vermont, Magaliesburg, and Silverton 115 

Formations are observed (Johnson et al., 2004). The Vermont Formation consists of metapelitic 116 

rock with calc-silicate layers. The top of the Phepane Dome bowl-like ridge is the resistant 117 

Magaliesburg quartzite, with the less resistant Silverton pelitic hornfels in the middle of the 118 

bowl. 119 

 120 

Diapirism in the Eastern Lobe 121 

The contact aureole of the Bushveld Complex is thickest in the northern part of the 122 

Eastern Lobe, extending 5 km down into the underlying sedimentary rock (Uken and Watkeys, 123 

1997; Clarke et al., 2005). It is thought that the thickness of the contact aureole directly relates to 124 

the occurrence of pericline folding and meta-sedimentary domes (Clarke et al., 2005). Water 125 

released from the sedimentary rocks farthest away in the aureole caused anatexis in the overlying 126 

suprasolidus rock closest to the contact (Harris et al., 2003; Johnson et al., 2003). Partial melting 127 

of the sedimentary rock combined with the finger-like intrusion style of the Lower Zone created 128 

nucleation points for diapirism, e.g. the Phepane Dome, and caused folding of the partially 129 

melted sedimentary rocks, e.g. the Steelpoort and Derde Gelid periclines at the Burgersfort Bulge 130 

(Clarke et al., 2005) (See Figure 1b). Diapirism is believed to be triggered by crustal loading 131 

under the long finger-shaped injections of denser mafic magma, with diapirs initiating in the 132 

sedimentary rock inter-finger areas (Uken and Watkeys, 1997). 133 
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Evidence for diapirism comes from the combination of structural, gravity, and 134 

mineralogic data. Molyneux and Klinkert (1978) concluded that mafic rock exists beneath the 135 

sedimentary rocks of the Malope Dome and the Marble Hall structure in the southern region of 136 

the Eastern Lobe based on gravity data. Combining this gravity data with structural data at the 137 

Malope Dome, Molyneux and Klinkert (1978) concluded that the 30° outward dip was too 138 

shallow to explain the underlying mafic rock if Malope formed as a simple dome and inferred a 139 

diapiric origin of the structure. At the Phepane Dome, the almost vertical alignment of curtain 140 

folds and lineations in the core compared to shallow alignments in the outer layers indicates 141 

bulbous formation as a diapir (Uken and Watkeys, 1997; Johnson et al., 2004). Additionally, the 142 

mineral assemblage of the meta-sedimentary rocks in the core of the Phepane Dome is consistent 143 

with the occurrence of partial melting within the dome at temperatures greater than 720°C 144 

(Johnson et al., 2004). The preserved spinel and cordierite symplectites replacing andalusite in 145 

the core of the Phepane Dome suggests that decompression occurred during the thermal peak as 146 

the diapir rose into the Bushveld Complex magma (Johnson et al., 2004). 147 

 148 

Timescale of diapirism 149 

Previous studies have estimated the timescales of Bushveld Complex formation and 150 

cooling (Cawthorn and Walraven, 1998; Nomade et al., 2004; Scoates and Friedman, 2008) and 151 

Phepane diapirism (Gerya et al., 2004). Cawthorn and Walraven (1998) use a thermal model to 152 

determine the amount of time a 7.5 km thick intrusion the size of the Bushveld Complex would 153 

require to cool and crystallize. In their model, they simulated a series of intrusions by adding 154 

layers of magma into wallrock and used equations of conductive heat flow to determine the 155 

vertical changes in heat content across these layers for small increments of time. After 180 kyrs, 156 
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the entire intrusion cooled to less than the assumed solidus temperature of 900°C, rendering the 157 

intrusion completely crystallized by 200 kyrs. This would prohibit further diapiric rise, indicating 158 

that the Phepane Dome diapir would have formed within the 200 kyr time period. Gerya et al. 159 

(2004) use inferred viscosity and thermal properties of the sedimentary rock and heat flow 160 

associated with the Bushveld Complex magma to predict the development of the Phepane diapir. 161 

Their preferred model results in a 200-300°C gradient from the cooler core to hotter rim of the 162 

diapir. The termination of diapir growth occurs when the viscosity of the Bushveld magma 163 

becomes too great as solidification occurs at less than 900°C. Gerya et al. (2004) found the 164 

formation of the diapir within the hotter mafic rock to be plausible in one million years. 165 

Measurements of overlapping U-Pb crystallization ages of zircon (closure temperature > 950°C; 166 

Cherniak and Watson, 2000) and rutile (closure temperature ~720-800°C, using formulation of 167 

Dodson, 1973, and Pb diffusion data of Cherniak, 2000) are consistent with rapid cooling of 168 

100ºC to 1000ºC/m.y. (Scoates and Friedman, 2008). Also, 40Ar/39Ar ages of biotite suggest that 169 

cooling from 700 to <500°C is also rapid (Nomade, et al., 2004). 170 

The two models described above present time estimates for the Phepane Dome formation 171 

as a diapir (cooled to ~900°C) in 200 kyrs and 1 Myrs. This study evaluates the plausibility of 172 

the two given time estimates by measuring O and Li isotopic compositions across a contact 173 

between the Phepane Dome and the Bushveld Complex to determine the extent of diffusive 174 

exchange. If sufficient cross-contact exchange has occurred, the results can be fit with a 175 

numerical diffusion model. The best fit model to the data will constrain the amount of time that 176 

lithium and oxygen exchange occurred in this system, and therefore provide a maximum 177 

constraint to the duration of the Phepane diapir formation.  178 
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Analytical Methods 179 

Samples were collected in four transects across the contact between the Phepane Dome 180 

and the Bushveld Complex; two each on the eastern and western sides (Figure 2). Samples were 181 

also collected from the Pretoria Group in the outer aureole of the Eastern Lobe (See Figure 1b). 182 

Four samples were collected from the Lakenvalei Formation, and one sample was taken from the 183 

Vermont Formation. The locations of samples were recorded as GPS coordinates at the time of 184 

sampling, with smaller-scale distances measured relative to the contact between igneous rock 185 

and metasedimentary rock using measuring tape oriented perpendicular to the quartzite-igneous 186 

rock contact (Table 1). 187 

Modal abundances of minerals in representative samples were determined by point 188 

counting of thin sections from each rock type on the JXA-8900 Electron Probe Microanalyzer 189 

(EPMA) at the University of Maryland. Backscatter electron imaging was used with an energy 190 

dispersive X-ray spectrometer to identify each phase. For each sample, ~2000 points were 191 

counted in a grid of 0.5 mm spacing. Major element compositions of plagioclase were also 192 

obtained using the EPMA. Plagioclase was analyzed using a beam current of ~20 nA with an 193 

accelerating voltage of 15 keV and a 10μm spot size. The weight percent of each element was 194 

calculated from raw intensities using a ZAF correction. Natural silicate mineral standards were 195 

analyzed at the beginning and end of an analytical day for standardization. 196 

Samples of Lakenvalei Quartzite and Sandstone were analyzed by Cathodoluminescence 197 

(CL) imaging at the Smithsonian Institute Department of Mineral Sciences. The CL system 198 

utilizes an ELM 3R Luminoscope with a 17 kV electron beam and 500 μA current, connected to 199 

an optical microscope. Pictures were taken using the program MagnaFIRE with an Olympus 200 

camera that allows for an extended exposure time to acquire the low luminescence of quartz. 201 
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The oxygen isotopic compositions of quartz and feldspar mineral separates and whole 202 

rock powders were measured for samples from the East Phepane 06 and the West Phepane Small 203 

Scale Transects. Quartz separates were rinsed in concentrated HF for 30 seconds and dried to 204 

check for feldspar contamination. The feldspar separates were crushed to powder and analyzed 205 

using X-ray diffraction at the University of Maryland X-ray Crystallographic Center to ensure 206 

purity. Samples were then measured for oxygen isotopic composition at the University of 207 

Wisconsin-Madison Stable Isotope Laboratory. Between 1 and 2 mg of material for each sample 208 

was treated overnight at room temperature in the sample chamber with BrF5, then individually 209 

heated with a CO2 laser in the presence of BrF5 to release O2, which was cryogenically purified, 210 

converted into CO2 and analyzed on a dual inlet five collector Finnigan MAT 251 mass 211 

spectrometer. Results are reported as δ18O relative to standard mean ocean water (VSMOW). 212 

Accuracy and analytical precision were verified during each set of analyses by multiple analyses 213 

of the Gore Mountain garnet standard (UWG-2). Raw standard δ18O values for each session were 214 

corrected to the accepted value for UWG-2 (δ18O= 5.8‰, Valley et al., 1995). The average 215 

uncorrected δ18O value (± 2 S.D.) of UWG-2 for the two run sessions were 5.63±0.08‰ and 216 

5.81±0.05‰.  217 

The lithium concentrations and isotopic compositions of each sample were determined by 218 

measuring whole rock powders. Each sample was cut to find the freshest piece and powdered in 219 

the Mixer Mill 8000 using a tungsten carbide container in the Geochemistry Labs at the 220 

University of Maryland. Dissolution of the powders was conducted using the method of Rudnick 221 

et al. (2004), with an additional concentrated hydrochloric and nitric acid aqua-regia step. Using 222 

a method similar to Moriguti and Nakamura (1998), the resultant solution is passed through three 223 

cation exchange columns in order to separate Li for analysis. Finally, the samples were analyzed 224 
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using the Nu Plasma Multi Collector-Inductively Coupled Plasma-Mass Spectrometers (MC-225 

ICP-MS) at the University of Maryland and the Carnegie Institution of Washington according to 226 

the method described in Teng et al. (2004). Results are reported as δ7Li relative to the standard 227 

L-SVEC. Long-term reproducibility of Li isotopic measurements is within ±1‰ (2σ) as 228 

determined by Teng et al. (2004), and verified through analysis of Li solution standards UMD-1 229 

(+54.7‰) and IRMM-016 (-0.1‰) during each analytical run. The average δ7Li value for all 230 

measurements at the University of Maryland of UMD-1 is 54.7±0.9‰ (2σ, n=26) and for 231 

IRMM-016 it is 0.5±1.0‰ (n=21). The average δ7Li value for all measurements at the Carnegie 232 

Institution of Washington of UMD-1 is 55.0±0.4‰ (2σ, n=2) and for IRMM-016 it is -0.1±0.3‰ 233 

(n=5). Measured 7Li voltages for samples are compared to the 7Li voltage measured for the 50 234 

ppb L-SVEC standard to determine the concentration of Li in solution and then adjusted for the 235 

mass of each sample powder dissolved to determine the rock Li concentration. This results in 236 

values for Li concentration with 2σ uncertainties of <±10% (Teng et al., 2006b) for standard 237 

materials. Variations in concentration above that uncertainty were measured in replicate analyses 238 

of samples for this study. This variation is most likely due to heterogeneity of the rock samples 239 

and could result from incorporation of different amounts of relatively Li-rich low-abundance 240 

phases, such as chlorite or even fluid inclusions. Isotopic compositions were more homogeneous 241 

than Li concentrations with all measurements falling within 1‰ uncertainty (2σ) of the average.  242 

Two basalt standards (BHVO-1 and BHVO-2) were dissolved and processed through the 243 

cation exchange columns. Two measurements of BHVO-1 at the University of Maryland resulted 244 

in an average δ7Li of 4.1‰ and Li concentration of 5.2 ppm. Three BHVO-2 analyses at the 245 

University of Maryland resulted in an average δ7Li of 3.6‰ and Li concentration of 4.9 ppm. 246 

One BHVO-2 analysis at the Carnegie Institution of Washington resulted in a δ7Li of 4.4‰ and 247 
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Li concentration of 4.4 ppm. These results fall within uncertainty of previous measurements of 248 

the Li concentration and δ7Li of these standards. Previously reported measurements of δ7Li for 249 

BHVO-1 range from +4.0 to +6.1‰ and from 4.0 to 5.4 ppm and for BHVO-2 from +4.0 to 250 

+5.5‰ with reported concentrations ranging from 4.1 to 4.8 ppm in the literature (see GeoReM 251 

database, http://georem.mpch-mainz.gwdg.de/). 252 

 253 

Results 254 

Petrology 255 

Quartzite samples from the East and West side of the Phepane Dome consist 256 

predominantly of quartz with <15% alkali feldspar and plagioclase feldspar, minor (<3%) 257 

amounts of muscovite and chlorite and trace calcite, zircon, apatite, rutile and monazite (Table 258 

2). The Bushveld Complex felsic igneous rock is hornblende-bearing granite with a small 259 

amount of biotite and trace amounts of zircon, Fe-Ti oxides and phosphates. The mafic rock is 260 

amphibolitized gabbro or quartz gabbro comprised mostly of labradorite (average plagioclase 261 

composition of An68, see Table 3) and hornblende ± pyroxene. 262 

 263 

Quartz Cathodoluminescence 264 

Cathodoluminescence (CL) exposes growth zoning and annealed micro-cracks and 265 

fractures in quartz that are not optically visible, revealing evidence for the history of mineral 266 

growth and/or late stage fluid infiltration events (Valley and Graham, 1996; Penniston-Dorland, 267 

2001; Harris et al., 2003). Recrystallization events can change the trace element abundance and 268 

defects in the crystal lattice of the quartz, two properties thought to be activators of luminescence 269 

(Götze et al., 2001). Examination under CL can show if the quartz from the Lakenvalei quartzite 270 
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in the Phepane Dome has retained its original sedimentary CL response, has been partially or 271 

completely recrystallized due to the contact metamorphism, and whether there was later 272 

recrystallization due to a late stage fluid infiltration. 273 

To identify the characteristic CL response of Lakevalei sedimentary protoliths, sample 274 

LV4 from the Lakenvalei Sandstone was imaged (Figure 3a,b). This sample has mostly non-275 

luminescing detrital quartz grains, with occasional heterogeneous blue luminescing detrital 276 

grains. Bright red-luminescing authigenic quartz is seen between detrital grains and along some 277 

grain boundaries, and a non-luminescent cement is visible. The mixture of detrital grains and 278 

low- or red-luminescent cement is common for sedimentary rocks (Götze et al., 2001). 279 

In contrast, quartz grains from the Lakenvalei Quartzite generally luminesce bright blue 280 

(Figure 3c: regions labeled B), showing no evidence of the sedimentary signature. There is also a 281 

darker blue luminescence that usually occurs in within grains, separating multiple regions of 282 

smaller bright blue luminescence within individual quartz grains (Figure 3c, regions labeled L). 283 

Non-luminescent quartz is also recognized both in association with abundant fluid inclusions and 284 

along fractures with few or no fluid inclusions (Figure 3c-h). The non-luminescent quartz 285 

associated with fluid inclusions appears in samples from both sides of the Phepane Dome, 286 

occurring within grains, at grain boundaries and following fractures. Most non-luminescent 287 

zones are relatively narrow compared to the size of the grains. The non-luminescent quartz not 288 

associated with fluid inclusion trails in some cases cuts both feldspars and quartz and is only 289 

found in samples from the East side (Figure 3g-h). These fractures must have occurred late, 290 

because they are associated with visible fracturing and have relatively few or no fluid inclusions. 291 

There are few appearances of this texture. 292 

 293 
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Dihedral angle analysis 294 

To confirm that these Phepane Dome samples could indeed have been partially melted, 295 

the measurement of quartz-quartz-feldspar dihedral angles in thin sections from all transects was 296 

used. This method was used by Harris et al. (2003) to recognize the former presence of melt in 297 

the outer aureole of the Bushveld Complex Eastern Lobe. Harris et al. (2003) measured more 298 

than 25 dihedral angles at quartz-quartz-feldspar grain junctions in thin sections of the 299 

Lakenvalei and Magaliesburg Quartzites, observing a two peaked distribution: one peak of 300 

angles in the ~90° range, and one peak of angles in the 105-110° range. Feldspar angles of 105-301 

110° are representative of solid state equilibrium between phases (Vernon, 1968), while angles 302 

less than this are associated with partial melt and subsequent crystallization (Holness, 2006). 303 

Harris et al. (2003) concluded that the distribution of angles they observed corresponds to a 304 

solid-state equilibrium dihedral angle and a lower, melted feldspar dihedral angle. This 305 

represents heterogeneous melting of feldspars at the grain scale in their rocks. 306 

Thin section analysis of six Lakenvalei quartzites shows both populations of dihedral 307 

angles with a similar two peaked distribution, indicating that melt was present during the 308 

formation of the Phepane diapir (Figures 4, 5). Two thin sections (P06-18 and P07-26) show two 309 

obvious peaks in the angle measurements, with a peak in the lower range at ~50° indicative of 310 

partial melting and a peak at ~105° indicative of solid state equilibrium. The dihedral angles 311 

measured in thin sections from samples closest to the contact (P06-15 and P07-30) are more 312 

scattered. This could be due to the optical measurement of thin sections that only records 2-D 313 

angles and not the true 3-D dihedral angle. Harris et al. (2003) reported that the median of >25 314 

measured 2-D angles in one thin section is within 1° of the 3-D angle. The 3-D dihedral angles of 315 

two samples were measured using a universal stage and compared to the results from the 2-D 316 
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measurements to verify this accuracy. The results of measurements with the universal stage 317 

revealed an abundance of low angles with a peak at ~40°, indicating that the 2-D measurement 318 

method has spread these angles over 20-90°. In addition, measurements of angles in P06-18 319 

using both the 2-D method and the universal stage show the same two-peaked distribution 320 

(Figure 5). Thus, the dihedral quartz-quartz-feldspar angles in metasedimentary rocks of the 321 

Phepane diapir record partial melting during formation. 322 

 323 

Oxygen isotopic compositions 324 

The oxygen isotopic compositions of samples from each rock type are shown in Table 4 325 

and Figure 6. The average δ18O of the Lakenvalei quartz is 11.2 ± 0.4‰ on the East side and 326 

10.9 ± 0.6‰ on the West side (all ranges are 2 standard deviations). These values fall within the 327 

range determined by Harris et al. (2003) for quartz from the Lakenvalei and Magaliesburg 328 

Quartzites in the outer aureole of the Eastern Lobe (11.8±0.5‰) and the one Lakenvalei 329 

Quartzite sample (11.06 ± 0.2‰) measured by Schiffries and Rye (1989). Quartz from the felsic 330 

Bushveld Complex igneous rock adjacent to the Phepane Dome has δ18O values of 7.3 ± 0.8‰. 331 

This value is consistent with δ18O values of quartz in Bushveld granites and granophyres (7.95 ± 332 

1.03 ‰) reported by Fourie and Harris (2011). On the West side, the feldspar and whole rock 333 

powders of the mafic Bushveld Complex igneous rock yielded similar δ18O of 8.1 ± 0.6‰ and 334 

7.6 ± 1.2‰ respectively. The δ18O range of plagioclase separates from this study (8.1 ± 0.6‰) is 335 

within the range of Bushveld plagioclase (7.5 ± 1.2‰) measured by Harris et al. (2005) and the 336 

range (7.6 ± 0.3‰) measured by Schiffries and Rye (1989). These studies interpreted the oxygen 337 

isotope compositions as unaltered by a secondary fluid, since the fractionation between pyroxene 338 

and plagioclase δ18O values resulted in the calculation of magmatic temperatures (~1000°C). 339 
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The oxygen isotopic compositions of the minerals in each rock type appear to be mostly 340 

homogeneous, with constant δ18O far from the contact (see Figure 6). Samples closest to the 341 

contact on either side of the contact exhibit variations consistent with isotopic exchange across 342 

the contact (i.e. elevated δ18O in igneous rock and lowered δ18O in the metasedimentary rock 343 

adjacent to the contact). To compare the δ18O of quartz from the Lakenvalei Quartzite with the 344 

δ18O values of plagioclase in the mafic rock, the oxygen isotope composition of fictive quartz in 345 

equilibrium with the mafic Bushveld Complex rock can be calculated from the measured 346 

plagioclase values in the West Small Scale Transect using the fractionation factors for quartz-347 

anorthite and quartz-albite from Clayton and Kiefer (1991) and using mass balance to calculate 348 

the fractionation for quartz-labradorite. For likely temperatures in the Phepane Dome (>720°C; 349 

Johnson et al., 2004), the fictive quartz would be ~9.5‰. At 900°C, just under magmatic 350 

temperatures, the fictive quartz in the mafic rock is ~9‰. 351 

This temperature of 900°C is used as the solidus temperature at which the Bushveld 352 

Complex magma would be completely crystallized in the model of Bushveld Complex cooling 353 

and crystallization (Cawthorn and Walraven, 1998). It also represents the temperature of 354 

“freezing in” of the diapir, as determined by the model of the formation of the Phepane diapir 355 

(Gerya et al., 2004). Assuming that there was no hydrothermal alteration, and that the addition of 356 

the cooler Phepane diapir rock would aid in a locally rapid cooling of the Bushveld magma, the 357 

preferred δ18O values for quartz are the calculated values at 900°C. Subsolidus exchange 358 

between minerals is possible, but exchange is likely halted as the system cooled quickly due to 359 

the influence of the cooler Phepane diapir. Thus, the minerals would record a higher temperature 360 

fractionation compared to slowly cooled systems (e.g., Giletti, 1986). Schiffries and Rye (1989) 361 

found two Upper Zone samples with differences in plagioclase and orthopyroxene δ18O values 362 
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that suggest temperatures of 960°C and 1040°C. Samples measured by Harris et al. (2005) for 363 

Upper Zone rocks show a similar range in inferred temperatures. Therefore, using a temperature 364 

of 900°C is supported by these studies. 365 

 366 

Lithium compositions 367 

Results of the Li whole rock concentrations and isotopic compositions are reported in 368 

Table 5 and illustrated in Figures 7 and 8. The felsic Bushveld Complex has the lowest 369 

concentration of Li, with a relatively constrained range of 5.0 ± 4.0 ppm (all ranges are 2 370 

standard deviations). This differs from the mafic Bushveld Complex rock, which is more varied 371 

in concentration (30 ± 36 ppm). The Lakenvalei Quartzite has a range of Li concentrations of 15 372 

± 7 ppm (see Figure 7 for plots of the East and West sides). The Vermont Metapelite is the most 373 

heterogeneous with Li concentrations ranging from 14 to 105 ppm, with an average Li 374 

concentration of 67 ppm. This variation is likely due to preservation of the initial heterogeneity 375 

in the protolith Vermont Shale, which is known to have sandstone- and calc-silicate-rich layers. 376 

Lastly, two analyses of the Magaliesburg Quartzite resulted in Li concentrations of 13 and 8.8 377 

ppm. 378 

The δ7Li values in each rock type are variable, resulting in large ranges (see Table 5 for 379 

compositions and Figure 8 for plots of δ7Li with distance in each transect). The felsic rock has an 380 

average δ7Li value of 5.9 ± 5.8‰ (all ranges are 2 standard deviations), the Vermont Metapelite 381 

has an average of 3.5 ± 8.2‰, and the mafic rock has a similar average value of 3.7 ± 3.6‰. The 382 

Lakenvalei Quartzite is higher on the East side with an average δ7Li of 19 ± 7‰ on the East side 383 

and 13 ± 8‰ on the West side. 384 
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Measurements of the sedimentary protolith concentrations (Table 5) correlate with their 385 

respective metasedimentary concentrations in the Phepane Dome. Four analyses of the 386 

Lakenvalei Sandstone gave δ7Li values of 9.8‰, 12.4‰, 21.7‰ and 17.3‰ and concentrations 387 

of 2.3, 8.3, 9.1 and 13 ppm. The δ7Li values are all within the range of Lakenvalei Quartzite δ7Li 388 

compositions, but the Lakenvalei Sandstone Li concentrations are slightly lower overall 389 

compared to the Lakenvalei Quartzite concentrations. One analysis of the Vermont Shale 390 

resulted in a concentration of 142 ppm, consistent with the high concentrations found in the 391 

Vermont Metapelite. The δ7Li of the Vermont Shale is 0.3‰, lower than most metapelite 392 

samples, but this is only one sample and cannot be extrapolated to the entire Vermont Shale δ7Li 393 

composition. 394 

Measurements of quartz mineral separates from the Lakenvalei Quartzite resulted in Li 395 

concentrations (20 ± 7 ppm) and δ7Li values (19.4 ± 6.0‰). These values overlap with whole 396 

rock Li compositions (Table 5). 397 

 398 

Discussion 399 

Intergranular media and crystallization history: evidence from dihedral angles and 400 

cathodoluminescence 401 

Diffusion that occurs due to a sharp compositional discontinuity across a contact requires 402 

chemical transport through the rock (Watson and Baxter, 2007). In the absence of advection, this 403 

is likely to be diffusive transport of the element or isotope of interest through an intergranular 404 

medium; volume diffusion through the solid would be too slow for a near surface contact 405 

metamorphic event (Cartwright and Valley, 1991). The type of intergranular medium (dry grain 406 
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boundaries, fluid, or melt) will affect the diffusivity of the element or isotope, so the potential 407 

intergranular media at the Bushveld Complex-Phepane Dome contact are investigated. 408 

The dihedral angle analysis of Lakenvalei quartzite samples from both sides of the 409 

Phepane Dome indicates that the Lakenvalei had partially melted at the grain-scale during 410 

formation. If partial melt was present and interconnected at the contact between the Phepane 411 

Dome and the Bushveld Complex, it would have facilitated diffusive exchange. Holness (1998) 412 

determined that dihedral angles must be lower than 60° for the intergranular melt to be 413 

connected. The low angle peak of dihedral angles measured by the 3-D method is ~40° (~50° by 414 

the 2-D method). This suggests that partial melt in the Lakenvalei would have been connected 415 

along grain boundaries, allowing for across-contact diffusive exchange. 416 

The numerous fluid inclusions in quartz and feldspar from both the Phepane Dome and 417 

the Bushveld Complex rock indicate the presence of a fluid. Thin section analysis shows that 418 

fluid inclusions are commonly secondary, concentrating along fractures that cut across multiple 419 

quartz grains. In some cases these late, planar fluid inclusions are also associated with non-420 

luminescing quartz, suggesting a later, low-temperature interaction of the rocks with fluids. 421 

However, these late non-luminescing bands are not abundant, suggesting that low-temperature 422 

recrystallization of quartz was not a significant event in the history of these rocks. 423 

Cathodoluminescence imaging shows that some of the fluid inclusions can be related to a 424 

recrystallization event during contact metamorphism. As seen in Figures 3c-d fluid inclusions 425 

follow the curved region of darker luminescent blue that surrounds a region of bright blue. Since 426 

this assemblage of fluid inclusions is not linear, it is unlikely that the fluid inclusions formed in 427 

response to a fracture-healing event. Instead, the inclusions were likely a pore fluid that was 428 

trapped, indicating that the bright blue represents an earlier-formed quartz grain and the darker 429 
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blue is an overgrowth during recrystallization in the presence of fluid. A similar darker blue 430 

luminescence occurs along grain boundaries of bright blue luminescent quartz in grains without 431 

fluid inclusions. Because the fluid inclusion density and the abundance of darker luminescence 432 

increase in samples closer to the contact (e.g. Figures 3g-h), it is likely that the darker 433 

luminescence is related to recrystallization at grain edges in the presence of fluid, with the 434 

samples near the contact experiencing more fluid and/or recrystallization during this stage than 435 

samples farther from the contact. 436 

The colors and textures of CL are indicative of three different stages of metamorphism. 437 

The first is related to the bright blue luminescence and probably occurred as the Lakenvalei 438 

sandstone partially melted and metamorphosed during Bushveld Complex intrusion. Bright blue 439 

luminescence is thought to be related to crystallization or recrystallization at high temperature. 440 

Sprunt et al. (1978) found that quartz from contact metamorphic rocks in the Bergell Alps 441 

luminesced the most blue of metamorphic rocks, and Boggs et al. (2002) found that volcanic, 442 

plutonic, and contact metamorphic quartz all luminesced bright blue. More recent studies (e.g., 443 

Rusk et al., 2008) have hypothesized that Ti causes the bright blue luminescence because it 444 

preferentially substitutes for Si in quartz at higher temperatures and is abundant in magmatic 445 

settings. The bright blue luminescence and lack of a preserved sedimentary signature in the 446 

Lakenvalei quartzite suggests complete recrystallization of the quartz during contact 447 

metamorphism. 448 

The second stage of quartz recrystallization formed the darker blue luminescence that is 449 

found within large grains separating regions of brighter luminescence. This recrystallization is 450 

likely related to contact metamorphism as well, and could have occurred as a fluid was released 451 

during crystallization of the magmas. This is supported by the greater abundance of fluid 452 
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inclusions coinciding with darker blue luminescence in samples closer to the contact on the East 453 

side. In addition, quartz grains adjacent to aggregates of sheet silicates and feldspar usually only 454 

show the darker blue luminescence, suggesting that the fluid is also related to the formation of 455 

chlorite in the Lakenvalei Quartzite. The final recrystallization stage created the fracture-related 456 

non-luminescent quartz and is not as widespread as the other stages, suggesting minor late-stage 457 

fluid infiltration. The maximum abundance of this type of quartz CL is ~5% near the contact. 458 

The associated fracturing must have occurred after complete crystallization, since fractures cross 459 

cut both feldspars and quartz. This small amount of late stage fluid infiltration is negligible 460 

compared to the dominant recrystallization texture of blue luminescence. Thus, it is likely that 461 

both fluid and a partial melt were present as intergranular media during high-temperature contact 462 

metamorphism and diapirism of the Phepane Dome, and since late stage fluid infiltration appears 463 

to have been relatively minor, earlier across-contact diffusive exchange would not have been 464 

significantly affected by it.   465 

 466 

Oxygen isotopic compositions 467 

The δ18O values of these Bushveld Complex mafic rocks (whole-rock average δ18O = 468 

7.6‰) are higher than typical mantle derived rocks (~5.7‰, Ito et al., 1987; Eiler, 2001) 469 

indicating interaction of the mafic rock with crustal rocks or fluids. However, these 18O-enriched 470 

compositions are found in mafic rocks throughout the entire Bushveld Complex and have been 471 

interpreted to be a product of crustal contamination (Schiffries and Rye, 1989; Harris et al., 472 

2005). Although the concurrent felsic magmatism could have been derived from the mafic 473 

Bushveld Complex or sedimentary rocks of the contact aureole, the oxygen isotopic 474 

compositions do not support either of these hypotheses (Fourie and Harris, 2011). The marked 475 
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difference between the measured δ18O of quartz in the metasedimentary rock (average 11.2‰) 476 

and that of the felsic rock (average 7.3‰) precludes the sedimentary aureole rocks as a source 477 

for this magma, consistent with the conclusions of Fourie and Harris (2011). Additionally, the 478 

oxygen isotope composition of quartz separates from the felsic rock (7.3‰) does not agree with 479 

the fictive quartz values in the mafic rock, which must be greater than the measured plagioclase 480 

values (δ18O= ~8.1‰) and are likely ~9.2‰. Thus, the oxygen isotopic composition of the 481 

metasedimentary rocks of the Phepane Dome do not suggest large-scale interaction of the dome 482 

with the Bushveld Complex, and the oxygen isotopic composition of the felsic rock suggests it is 483 

not genetically related to either the Phepane Dome metasedimentary rock or the mafic Bushveld 484 

rock. 485 

The distinct oxygen isotopic compositions of the Lakenvalei Quartzite and the Bushveld 486 

Complex igneous rock show a relatively small-scale gradient in δ18O that suggests diffusion of 487 

oxygen through an intergranular medium across the Bushveld Complex-Phepane Dome contact 488 

(Fig. 6). Evidence from quartz CL suggests that there was not significant late-stage fluid 489 

infiltration that might have overprinted δ18O compositions of these rocks. The lack of significant 490 

secondary alteration implies that a high-temperature diffusive profile in δ18O compositions 491 

across the contact of the Bushveld Complex and Phepane Dome would have been preserved. 492 

The CL evidence also suggests that minerals were completely recrystallized by the high-493 

temperature event and therefore the minerals would have recorded the isotopic composition 494 

present within an intergranular fluid (or fluids) due to across-contact exchange. While it is 495 

possible that there was isotopic exchange between quartz and other minerals during cooling, it is 496 

not a likely explanation for the observed isotopic gradient. Closure temperatures for quartz were 497 

calculated following Dodson (1973) with the following assumptions: a grain radius of 1 mm, a 498 
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cooling rate of 100ºC/Myr, grains are spheres, values for D0 and E taken from Giletti and Yund 499 

(1984) for α-quartz. The closure temperature using these values is ~515ºC which suggests that 500 

the oxygen isotopes in quartz could be open to post-crystallization exchange during cooling. 501 

However such post-crystallization exchange would affect mineral compositions but by itself 502 

would not affect whole-rock δ18O values. The presence of a gradient in whole-rock δ18O in mafic 503 

rocks along the West small-scale traverse argues against post-crystallization isotopic exchange as 504 

the cause for the observed isotopic gradients. Therefore this possibility is not considered in the 505 

following models. 506 

The distinctly different oxygen isotopic compositions of the Lakenvalei Quartzite and the 507 

Bushveld Complex igneous rock and the similarity in isotopic composition of the igneous rocks 508 

to other unaltered rocks from the region preclude large-scale (> ~4 m) interaction between these 509 

rocks. These characteristics also suggest that significant fluid advection across the contact did 510 

not occur during or after the intrusive event. Other studies of oxygen isotopic compositions at 511 

wallrock-intrusion contacts measured diffusive exchange occurring at distances of 1-5 m from 512 

the contact (Cartwright and Valley, 1991; Park et al., 1999). 513 

 514 

Lithium compositions 515 

If there was oxygen isotopic exchange across the Phepane Dome-Bushveld Complex 516 

contact, it occurred over distances of  < 4 m. Because Li is a fluid-mobile element with a greater 517 

diffusivity than most other major elements (Richter et al., 1999), the same samples were 518 

measured for their Li concentration and isotopic composition to see if Li exchange had reached 519 

farther from the contact. Although the Li data are variable within each rock type, the Li 520 

concentrations and isotopic compositions of adjacent rock types exhibit distinct differences. 521 
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Lithium concentrations and isotopic compositions of the Bushveld Complex rocks are 522 

similar to those of corresponding lithologies worldwide. The Li compositions of the felsic 523 

Bushveld Complex rock fall within the range in composition of both A-type granites from China 524 

(Li concentrations from 2.8 to 80 ppm, δ7Li from -1.8 to 6.9‰; Teng et al., 2009) and I-type 525 

granites from Greenland (5 to 13 ppm, 0.4 to 6.3‰; Marks et al., 2007). The isotopic 526 

composition of the mafic rock is consistent with the average of the deep continental crust 527 

(average δ7Li = 2.5‰; Teng et al., 2008) and measurements of unaltered MORB (1.5 to 5.6‰; 528 

Tomascak et al., 2008), however concentrations are higher than unaltered MORB (3-8 ppm, 529 

Ryan and Langmuir, 1987) and lower continental crust (average 8 ppm). 530 

The Bushveld Complex mafic rock has up to ten times as much Li as the felsic rock, 531 

which is unusual considering that more differentiation is thought to concentrate the moderately 532 

incompatible element Li. It implies that the mafic and felsic rock have different sources, which is 533 

also suggested by the oxygen isotopic compositions. Lithium isotopic compositions have been 534 

shown to remain constant during differentiation (Tomascak et al., 1999; Marks et al., 2007; Teng 535 

et al., 2009) and therefore do not support or preclude a different source for the mafic and felsic 536 

Bushveld Complex rock. 537 

Lithium compositions of the metasedimentary rocks in the Phepane Dome for the most 538 

part fall within the ranges defined by protolith rocks distal from the contact of the Bushveld.  The 539 

sandstones and quartzites have higher δ7Li compared to the shales and metapelites, which is 540 

consistent with the observation that quartz is usually enriched in 7Li relative to clay minerals 541 

(Chan et al., 2006). However, it is difficult to correlate the Li compositions of the 542 

unmetamorphosed Lakenvalei Sandstones to the Lakenvalei Quartzite in the Phepane Dome, 543 
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because there is considerable variability in concentration (2.3 to 13 ppm) and δ7Li values (12.4 to 544 

21.7‰). 545 

 546 

Modeling of isotopic exchange between Phepane Dome and Bushveld Complex 547 

The process of isotopic exchange between the metasedimentary diapir and the 548 

surrounding Bushveld magma should occur over the same general timeframe as the process of 549 

diapir formation. The diapiric rise of the Phepane Dome occurred due to the heating and cooling 550 

of the Transvaal Sedimentary rocks; these are the same processes that control recrystallization 551 

and isotopic exchange between magma and metasedimentary rock. Both the Cawthorn and 552 

Walraven (1998) and the Gerya et al. (2004) models use a solidus temperature for the Bushveld 553 

Complex magma of ~900°C. This is well above the closure temperature for quartz in these rocks 554 

(see discussion above). While the closure temperature for Li in these minerals is not known, 555 

diffusion of Li has been documented at temperatures from ~350° to 600°C in the contact 556 

metamorphic setting of the Tin Mountain pegmatite (Teng et al., 2006a). Thus a duration 557 

estimate determined based on diffusion of both O and Li will likely provide a maximum estimate 558 

of the time of formation of the Phepane Dome. 559 

Profiles were fit to the measured O and Li compositions using a one-dimensional solution 560 

to the mass continuity equation: 561 

    (1) 562 

where C is concentration, x is distance from the contact, t is time, v is the Darcy velocity, φ is the 563 

porosity, De is the effective diffusivity, and Ke is the effective partition coefficient. The effective 564 

partition coefficient takes into account the porosity (φ) of the rocks as well as the fractionation of 565 

the elements into the solid or fluid (Cartwright and Valley, 1991): 566 

∂C
∂t

Ke + vφ ∂C
∂x

= De
∂2C
∂x2
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       (2) 567 

where ρs and ρf  are the density of the solid and fluid respectively and Kc is the partition 568 

coefficient between the mineral and fluid. Isotopic exchange of O and Li is assumed to occur 569 

within an intergranular medium. The effective diffusivity De is defined as (Cartwright and 570 

Valley, 1991): 571 

     (3) 572 

where τ is the tortuosity of the system and D is the diffusivity of the element or isotope in the 573 

medium (aqueous fluid or melt). 574 

Values for densities of the rock (ρs = 2700 kg/m2) and melt (ρf  = 2400 kg/m2) are taken 575 

from estimates for densities of the solid and molten rock in the Gerya et al. (2004) model. The 576 

porosity for diffusion through a partial melt (φ =0.01) used in the models was estimated from the 577 

abundance of cuspate plagioclase in the Lakenvalei Quartzite as a proxy for the amount of melt. 578 

This is likely a minimum constraint and will lead to a calculation of a maximum duration of 579 

diffusion. A range of porosities for diffusion through an intergranular aqueous fluid was used, 580 

from 10-3 to 10-5 (e.g. Norton and Knapp, 1977; Bickle and Baker, 1990; Baxter and DePaolo, 581 

2002). Tortuosity is estimated as τ =1 for metamorphic rocks of these porosities (Cartwright and 582 

Valley, 1991). 583 

In three of the four traverses, the best-fit solution to the mass continuity equation for Li 584 

was found using a model with no advection, only diffusion. The two of these three traverses for 585 

which O isotope exchange was also modeled also were fit best by diffusion-only solutions. The 586 

modeled profiles were matched to the data to solve for the diffusive distance  and to 587 

resolve the duration (t) of a metamorphic event from the diffusive distance. In the West Large-588 

scale traverse, however, an advective component was required to satisfactorily model the Li data 589 

Ke =
ρsKc

ρ f

(1 − φ) + φ

De = φDτ

DetKe
−1
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(there is no O isotope data for this traverse).  In this traverse, the modeled profiles were also 590 

matched to the data to solve for the advective distance . 591 

It is recognized that 6Li diffuses faster than 7Li, and this difference in diffusivity is 592 

quantified through the empirical term β (Richter et al., 2003), where 593 

            (5) 594 

and and  refer to the diffusivity and mass of the specific (x) isotopes of Li (6 and 7). For 595 

condensed material, β is <0.5, with studies finding β= 0.215 for silicate melts, β= 0.12 for 596 

aqueous fluid, and β< 0.071 for Li diffusion in water (Richter et al, 2003; Teng et al., 2006, Fritz, 597 

1992, and Penniston-Dorland et al., 2010; and Richter et al., 2006; respectively). To model Li 598 

diffusion with differing isotopic diffusivities, the 7Li and 6Li concentrations are modeled 599 

separately, with the ratio of DLi for 7Li and 6Li calculated from β. The δ7Li at each distance from 600 

the contact can be calculated from the modeled isotopic concentrations at that distance. In the 601 

case of oxygen isotopes, the diffusion is modeled as self diffusion in which the δ18O values are 602 

modeled as concentration. 603 

Oxygen Models 604 

The best fit to the O isotope data is shown in Figure 6 and in Table 6. The solution to the 605 

model equation for the East Phepane traverse is a characteristic diffusion distance =1.1 606 

m. The best fit for this model and all models in this study is determined using the statistical χ2 607 

test (from Bevington and Robinson, 1992). Because the desired result of this model is the 608 

maximum duration of diffusion, the greatest possible diffusive distance that can still fit the data 609 

z* =
vφt
Ke

D6Li

D7Li

=
m 7Li

m 6Li

⎛ 

⎝ 
⎜ ⎜ 

⎞ 

⎠ 
⎟ ⎟ 

β

DetKe
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is also considered, as this will produce a greater time estimate.  The greatest diffusive distance is 610 

=1.4 m (Figure 6a). 611 

Using these model results and estimates from empirical data to calculate De and Ke 612 

constrains the duration of diffusion (t). For oxygen diffusion through melt, the estimated porosity 613 

and a partition coefficient (Kc) for oxygen of 0.55 (Cartwright and Valley, 1992), result in a Ke of 614 

0.62. Partial melting of the Phepane sedimentary rock likely occurred at T~800°C because the 615 

felsic melt would have a lower solidus temperature than the mafic magma, and the temperature 616 

of the partially melted core of the Phepane Dome was determined to be >720°C (Johnson et al., 617 

2004). Melting of the Phepane rock at these lower temperatures was likely fluid assisted, and 618 

therefore the experimentally determined diffusivity of oxygen through rhyolite in the presence of 619 

water was used (D=9x10-13 m2/s at ~800°C, Behrens et al., 2007) resulting in a De for O 620 

diffusion through melt of 9x10-15 m2/s. The resulting estimate for the duration of O isotopic 621 

exchange through melt using the best-fit model is 2.6 Myrs, while the maximum time estimate is 622 

4.2 Myrs. 623 

Diffusion may have occurred over part of the exchange history through an aqueous fluid, 624 

and the range of time estimates for diffusion through aqueous fluid can also be calculated. Using 625 

the diffusivity of oxygen through aqueous fluid (DO=10-8 m2/s; Bickle and McKenzie, 1987) and 626 

the lowest porosity of 10-5, the slowest effective diffusivity through aqueous fluid is calculated 627 

for the East Phepane traverse (De=10-13 m2/s). The effective partition coefficient utilizes the same 628 

Kc, but is larger for solid-fluid partitioning because the density of the fluid is now lower (800 629 

kg/m2; Ke= 1.86) compared to the density of the melt. These parameters result in a maximum 630 

estimate of the duration of exchange through an intergranular aqueous fluid of 1.2 Myrs (lowest 631 

DetKe
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porosity, highest ). Varying the porosity and the  results in estimates of 632 

duration as short as 7 kyrs (Table 6). 633 

While these calculations are informative, since the igneous rock in contact with the 634 

quartzite in the East is a felsic rock, it may not provide a true estimate of the cooling history of 635 

the mafic Bushveld Complex. For that we need to turn to the west side traverses, in which the 636 

igneous rock is mafic. 637 

Since there is no quartz in the mafic Bushveld rock, modeling of the West Small Scale 638 

Transect requires the calculation of compositions of fictive quartz in the mafic rock to constrain 639 

the extent of across-contact oxygen isotopic exchange with the Lakenvalei Quartzite. The 640 

compositions of the fictive quartz are calculated at 900°C, which is the preferred temperature for 641 

the mafic magma as discussed above. Modeling was calculated similar to that for the East 642 

Phepane traverse, with the best-fit model resulting in a diffusive distance of =0.9 m, and 643 

the maximum diffusive distance is 1.5 m (Figure 6b). Similar values were used for parameters 644 

(De, Ke) used to calculate time from these results as for the East Phepane. The values for 645 

porosity, tortuosity, partition coefficients and diffusion coefficient for Li through aqueous fluid 646 

would all be the same across the contact with a mafic melt as they would be for a felsic melt. The 647 

one parameter that could potentially be different would be the effective diffusivity for diffusion 648 

of Li through mafic magma. We calculate this value using the diffusivity of oxygen through 649 

basalt melt at 900°C of 9x10-13 m2/s (Wendlandt, 1991), which combined with porosity and 650 

tortuosity produce an effective diffusivity of De=9x10-15 m2/s. For oxygen diffusion through 651 

melt, the best fit model results in a time estimate of 1.8 Myrs and the maximum diffusive 652 

distance results in a time estimate of 4.9 Myrs. For O diffusion through aqueous fluid, the 653 
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maximum duration estimate is 1.3 Myrs (lowest porosity, highest ). Varying the 654 

porosity and the  results in estimates of duration as short as 3 kyrs (Table 6). 655 

As there is evidence for both partial melt and aqueous fluid in the Phepane Dome rocks, 656 

the constraint that can be placed on the oxygen isotopic exchange between the Phepane Dome 657 

and the Bushveld Complex is a maximum duration of 4.9 Myrs. This maximum time estimate is 658 

constrained by the maximum diffusive distance for the West Phepane Large scale traverse using 659 

the relatively slow diffusivity of oxygen through melt. This amount of time is consistent with the 660 

estimates of both Cawthorn and Walraven (1998) and Gerya et al. (2004).  661 

 662 

Lithium models 663 

Since Li is a moderately incompatible and fluid-mobile element, Li concentrations and 664 

δ7Li are also likely to be modified by exchange due to melt- and aqueous fluid-rock interactions 665 

at the contact between the Bushveld and the Phepane Dome. The lithium concentrations and δ7Li 666 

values of the various rock types are more variable than the oxygen isotopic compositions. 667 

Lithium substitutes readily for Mg in octahedral sites due to their similar ionic radius. Mafic 668 

minerals such as amphiboles, pyroxenes, and chlorite may therefore have the highest 669 

concentrations of Li in these rocks. While variability in Li concentration is likely due to the 670 

processes of diffusion investigated here, some variability is also likely due to varying proportions 671 

of these minerals. For this reason, determination of the best-fit model profiles to the data was 672 

primarily based on the isotope data. 673 

In the West small-scale traverse there is a distinct jump in δ7Li and Li concentration over 674 

a relatively short distance (1 m) across the contact. The Li concentration of the mafic rock is 675 

higher than that in the quartzite (19 ppm vs. 16 ppm), and the isotopic composition of the mafic 676 
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rock is significantly lower than that of the quartzite (3.4‰ vs. 8.1‰). The results for each rock 677 

type moving away from the contact show a more gradational variation in Li concentration and 678 

isotopic composition. The dramatic difference at the contact is over such a short distance that it 679 

cannot be explained by exchange of Li by either diffusion or advection through an intergranular 680 

fluid. One possible explanation is that the two rock types exchanged Li through an intergranular 681 

fluid, but the mineral phases in each of the rock types partitioned and fractionated Li differently. 682 

Thus, the fluid composition that was in equilibrium with the two rocks would have been the 683 

same across the contact, but the two different rock types would have different bulk rock isotopic 684 

compositions and concentrations due to fractionation/partitioning between the fluid and the 685 

different mineral assemblages. Differences in δ7Li and Li concentration between samples across 686 

the other contacts are consistent with this hypothesis (e.g., the mafic rocks adjacent to the contact 687 

all have consistently higher concentrations of Li and have lower δ7Li compared to the quartzite). 688 

To account for differences in fractionation and partitioning in the models, the Li concentration 689 

and δ7Li of the modeled igneous rocks were adjusted for fractionation and partitioning by a 690 

constant amount, defined by the difference between the closest samples of quartzite and each of 691 

the igneous rocks. In the models for the west-side traverses, the model mafic rock compositions 692 

were adjusted for fractionation and partitioning: =4.7‰,  =0.6 where  693 

and . In the model for the east-side traverse, the 694 

model felsic rock compositions were adjusted for partitioning by =1.6. However, the 695 

δ7Li of the closest samples on either side of the contact from the east side (the East ’07 traverse) 696 

are within uncertainty of having the same δ7Li value (+12.8‰ and +12.1‰), so no adjustment 697 

was made for isotopic fractionation on the east traverses. 698 
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While the data from both traverses on the east and the small-scale traverse on the west 699 

can be explained by diffusion of Li through an intergranular fluid across the contact, the west 700 

large-scale traverse is best explained by a model including diffusion along with a minor 701 

advective component (~20 m advective distance in the direction of the mafic rock). 702 

Diffusion profiles were fit to all four traverses (Figure 8, Table 6). Initial Li isotopic 703 

compositions and concentrations were taken from the average compositions of samples farthest 704 

from the contact. The best-fit model solutions for the diffusive distances range from = 705 

2.4 to 10.6 m. The β value used in these models is 0.17, which is the value that best fits the data. 706 

This value is consistent with previously determined β values. It is greater than the β values used 707 

by Teng et al. (2006) for Li diffusion through a magmatic fluid (0.12 to 0.15), but less than the β 708 

value determined by Richter et al. (2003) for Li diffusion through melt (0.215). 709 

The diffusivities of Li at high temperatures through an intergranular melt or aqueous fluid 710 

are not well constrained. The greater diffusive distances for Li compared to those for O is 711 

predicted by experimental data, which suggests that the diffusivity of Li can be up to 3 orders of 712 

magnitude greater than major elements (Richter et al., 2003). The data provide the opportunity to 713 

evaluate the relative diffusivity of O and Li. In order to evaluate the relative diffusivities, the 714 

partition coefficient for Li must be characterized. The same density parameters of the Phepane 715 

Dome and Bushveld Complex rocks are used in the calculation of the effective partition 716 

coefficient, but the solid-melt partition coefficient (Kc)  of Li must be quantified. A Kc of 0.1 is 717 

used (Brenan et al., 1998) with the caveat that it is for cpx-melt and not the rock compositions or 718 

minerals of this transect. The effective partition coefficient solid-melt partition coefficient (Kc) is 719 

calculated to be 0.12, compared to an effective partition coefficient for oxygen of 0.62. 720 

Assuming that the time for diffusion of O and Li was the same, this value can be used with the 721 

DetKe
−1
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effective partition coefficient for rock-melt for O described above and the different diffusive 722 

distances along the west small-scale contact to calculate the relative diffusivities of Li and O. 723 

Since the diffusive distance for Li in the West small scale traverse is 10 times greater than for O 724 

(10.6 compared to 0.91), the diffusivity of Li scales as the square of the ratio of the diffusive 725 

distances (100) multiplied by the ratio of the two partition coefficients, resulting in a diffusivity 726 

of Li that is ~20 times greater than the diffusivity of O. 727 

 728 

Implications 729 

Evidence from petrographic and cathodoluminescence analysis in the Phepane Dome 730 

indicates that the quartzites recrystallized and experienced partial melting at the peak of 731 

metamorphism. The dihedral angle analysis of Lakenvalei quartzite samples from both sides of 732 

the Phepane Dome indicates the presence of a low-angle peak at ~40-50°. This range of angles is 733 

consistent with partial melting of the Lakenvalei at the grain-scale and suggests that partial melt 734 

in the Lakenvalei was connected along grain boundaries, allowing for across-contact diffusive 735 

exchange. Cathodoluminescence imaging of the quartzite indicates three different stages of 736 

metamorphism and interaction with fluids: an early high-temperature recrystallization of quartz 737 

indicated by bright blue luminescing quartz cores (in contrast to the dark red luminescence of the 738 

protolith sandstone); a later, lower-temperature further recrystallization of quartz indicated by a 739 

darker blue luminescence on the edges of grains, associated with fluid inclusions; and a 740 

volumetrically minor late-stage crystallization of quartz along fractures that cross-cut earlier 741 

formed quartz and feldspars. 742 

There is a significant difference in the oxygen isotopic composition of the three different 743 

rock types analyzed for this study. The change in isotopic composition across the contact 744 
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between quartzite and igneous rock occurs over distances of < ~4 m. The two samples closest to 745 

the contact in each of the two traverses show evidence for isotopic exchange between the two 746 

reservoirs. One-dimensional solutions to the mass continuity equation show that the isotopic 747 

variations in both traverses can be explained by diffusion of oxygen across the boundary between 748 

the two disparate rock types. Estimates of the parameters involved in the modeling suggest that 749 

this exchange occurred for less than 5 Myrs, which is consistent with the amount of time 750 

predicted by both models (Cawthorn and Walraven, 1998; Gerya et al., 2004) for the 751 

crystallization of the Bushveld and formation of the Phepane Dome. This result is also consistent 752 

with the results of Letts et al. (2009) which estimated the total time of cooling of the Bushveld 753 

based on paleomagnetic measurements to be a minimum of ~1.4 million years. At a minimum, 754 

the time recorded by the diffusion profile represents exchange between the diapir and its 755 

surrounding igneous rock after diapiric rise. It is possible that the time may also encompass an 756 

earlier part of the exchange between diapir and the Bushveld during its ascent, however, the data 757 

do not permit speculation about this. 758 

The igneous rocks of the Bushveld Complex have elevated δ18O relative to mantle-759 

derived rocks (Schiffries and Rye, 1989; Harris et al., 2005). Some of the igneous rocks of the 760 

Bushveld show signs of isotopic alteration, for example surrounding hydrothermal veins 761 

(Schiffries and Rye, 1990), however the isotopic evidence from mineral pairs suggest that most 762 

of the igneous rocks record magmatic isotopic compositions (Harris et al., 2005) with little 763 

evidence for exchange with local country rocks. Samples of the same quartzite units that have 764 

been analyzed in this study (Lakenvalei and Magaliesburg) from the northeastern edge of the 765 

Bushveld Complex have δ18O values that show no change in δ18O related to the distance from 766 

the contact (Harris et al., 2003), and are interpreted to result from infiltration of fluids derived 767 
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from dehydration of dehydrating metasedimentary rocks. Elsewhere in the eastern lobe of the 768 

Bushveld, at an external contact with the Steenkampsberg Quartzite, Schiffries and Rye (1990) 769 

documented a decrease in δ18O in the quartzite approaching the contact with the igneous rock 770 

over a distance of at least 2 km. This isotopic variation was attributed to pervasive fluid 771 

infiltration within the quartzite by externally-derived fluids (either from other country rocks or 772 

from the Bushveld). The O isotopic compositions of calcareous country rocks and xenoliths in 773 

the Bushveld also demonstrate a decrease in δ18O approaching the Bushveld (Buick et al., 2000) 774 

which is interpreted as the result of interaction with fluids derived from adjacent dehydrating 775 

country rocks.  776 

There are relatively few contact aureoles in which there is documented isotopic alteration 777 

consistent with diffusion alone across the contact between igneous rock and the wall rock 778 

(without requiring significant fluid infiltration). One example is adjacent to a granite body in the 779 

Adirondacks, where oxygen isotope alteration is restricted to relatively small scales, < ~5 m 780 

(Cartwright and Valley, 1991). In another example, at Quérigut in the Eastern Pyrenees of 781 

France, contacts between the granite and internal septa exhibited exchange dominated by 782 

diffusion on a scale of ~2 m (Durand et al., 2006). In this locality traverses across an outer 783 

contact of the same granite with carbonate country rock exhibited extensive oxygen isotopic 784 

alteration, consistent with fluid infiltration.  785 

The results from the Phepane Dome suggest that while heat transfer caused complete 786 

recrystallization and partial melting of the metasedimentary rock, relatively minimal chemical 787 

exchange occurred during interaction between the Phepane Dome and the surrounding Bushveld 788 

magma. This limited exchange is in contrast to the large-scale isotopic variability observed in 789 

country rocks surrounding the Bushveld which is attributed to advection by fluids during high 790 
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temperature metamorphism. These results suggest that the Phepane Dome experienced relatively 791 

limited fluid infiltration . 792 

The lithium concentrations and δ7Li values of the various rock types are more variable 793 

than the oxygen isotopic compositions. There is some systematic variation in Li concentration 794 

and isotopic composition along the profiles that is due to the processes of diffusion investigated 795 

here, however some variability in Li concentration is likely due to varying proportions of Li-rich 796 

minerals. Very small-scale “jumps” in concentration and isotopic composition across lithologic 797 

contacts are attributed to partitioning and fractionation of Li between the different minerals 798 

existing in each rock type and the coexisting melt or aqueous fluid. Taking all these factors into 799 

consideration, the modeling profiles suggest diffusion of Li over distances of < 60 m. The 800 

calculated diffusive distance for Li is one order of magnitude greater than for O in the same 801 

samples. Correcting for the different partition coefficients of O and Li results in a Li diffusivity 802 

that is about 20 times greater than the associated O diffusivity. This supports the experimental 803 

evidence that suggests that Li has a greater diffusivity than other major elements. 804 
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Table 1. Sample locations 1030 
Sample Lithology Latitude, Longitude Distance from contact (m)* 

East Phepane 06 Transect 
P06-1 felsic rock S 24º 29.876’ E 029º 52.833’  
P06-2 felsic rock S 24º 29.882’ E 029º 52.819’  
P06-3 felsic rock S 24º 29.886’ E 029º 52.813’  
P06-4 felsic rock S 24º 29.887’ E 029º 52.813’  
P06-5 felsic rock S 24º 29.900’ E 029º 52.805’  
P06-6 felsic rock S 24º 29.897’ E 029º 52.808’  
P06-7 felsic rock S 24º 29.911’ E 029º 52.794’ 23.6 E 
P06-8 felsic rock S 24º 29.909’ E 029º 52.795’ 27.9 E 
P06-9 felsic rock S 24º 29.917’ E 029º 52.795’ 13.5 E 
P06-10 felsic rock S 24º 29.922’ E 029º 52.794’ 8.6 E 
P06-11 felsic rock S 24º 29.921’ E 029º 52.795’ 5.0 E 
P06-12 felsic rock S 24º 29.922’ E 029º 52.795’ 3.7 E 
P06-13 felsic rock S 24º 29.925’ E 029º 52.792’ 1.5 E 
P06-14 felsic rock S 24º 29.919’ E 029º 52.783’ 4.3 E 
P06-15 quartzite  2.8 W 
P06-16 quartzite  7.6 W 
P06-17 quartzite  8.6 W 
P06-18 quartzite  9.6 W 
P06-19 quartzite  13.3 W 
P06-20 metapelite S 24º 29.960’ E 029º 52.783’  

West Phepane Large Transect 
P07-1 quartzite S 24º 30.860’ E 029º 51.076’  
P07-2 metapelite S 24º 29.868’ E 029º 51.090’  
P07-3 quartzite S 24º 29.883’ E 029º 51.077’  
P07-4 quartzite S 24º 29.887’ E 029º 51.078’  
P07-5 metapelite S 24º 29.903’ E 029º 51.074’  
P07-6 mafic rock S 24º 29.900’ E 029º 51.035’  
P07-7 mafic rock S 24º 29.896’ E 029º 51.026’  
P07-8 mafic rock S 24º 29.890’ E 029º 51.011’  
P07-9 mafic rock S 24º 29.892’ E 029º 51.002’  
P07-10 mafic rock S 24º 29.887’ E 029º 51.001’  
P07-11 mafic rock S 24º 29.880’ E 029º 50.971’  
P07-12 mafic rock S 24º 29.800’ E 029º 50.909’  
P07-13 mafic rock S 24º 29.810’ E 029º 50.907’  
P07-14 quartzite S 24º 29.845’ E 029º 51.058’  
P07-15 mafic rock S 24º 29.872’ E 029º 51.046’  
P07-16 metapelite S 24º 29.849’ E 029º 51.088’  
P07-17 quartzite S 24º 29.861’ E 029º 51.052’  
P07-18 metapelite S 24º 29.868’ E 029º 51.103’  
P07-19 calcsilicate S 24º 29.861’ E 029º 51.114’  
P07-20 metapelite S 24º 29.875’ E 029º 51.125’  
P07-21 quartzite S 24º 29.867’ E 029º 51.140’  
P07-22 quartzite S 24º 29.856’ E 029º 51.160’  
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Table 1. Sample locations (cont.)    1031 
Sample Lithology Latitude, Longitude Distance from contact (m)* 

West Phepane Large Transect 
P07-23 metapelite S 24º 29.864’ E 029º 51.198’  
P07-24 metapelite S 24º 29.886’ E 029º 51.220’  
P07-25 quartzite S 24º 29.891’ E 029º 51.263’  

West Phepane Small Transect 
P07-26 quartzite S 24º 30.423’ E 029º 51.090’  
P07-27 metapelite S 24º 29.415’ E 029º 51.109’  
P07-28 quartzite S 24º 29.424’ E 029º 51.094’  
P07-29 quartzite S 24º 29.433’ E 029º 51.077’  
P07-30 quartzite S 24º 29.422’ E 029º 51.065’  
P07-31 mafic rock S 24º 29.424’ E 029º 51.064’ 9.0 W 
P07-32 mafic rock S 24º 29.423’ E 029º 51.053’ 14.0 W 
P07-33 mafic rock S 24º 29.414’ E 029º 51.048’ 23.2 W 
P07-34 mafic rock S 24º 29.427’ E 029º 51.045’ 32.6 W 

East Phepane 07 Transect 
P07-49 felsic rock S 24º 29.731’ E 029º 52.621’  
P07-50 quartzite S 24º 29.753’ E 029º 52.582’ 0.2 W 
P07-51 quartzite S 24º 29.753’ E 029º 52.582’ 4.3 W 
P07-52 felsic rock S 24º 29.753’ E 029º 52.582’ 9.3 E 
P07-53 felsic rock S 24º 29.753’ E 029º 52.582’ 5.2 E 
P07-54 metapelite S 24º 29.786’ E 029º 52.551’  
P07-55 metapelite S 24º 29.757’ E 029º 52.581’  
P07-56 metapelite S 24º 29.763’ E 029º 52.564’  
P07-57 quartzite S 24º 29.799’ E 029º 52.502’  
P07-58 felsic rock S 24º 29.748’ E 029º 52.599’  
P07-59 felsic rock S 24º 29.738’ E 029º 52.602’  

Sedimentary rocks 
LV2 sandstone S 25º 01.335’ E 030º 13.485’  
LV3 sandstone S 25º 02.437’ E 030º 13.461’  
LV4 sandstone S 25º 21.315’ E 030º 10.240’  
LV6 sandstone S 24º 56.978’ E 030º 13.395’  
VT1a shale S 25º 15.170’ E 030º 15.654’  

* Distance measured using steel measuring tape oriented perpendicular to the contact. 1032 
W=distance on the west side of the contact, E=distance on the east side of the contact 1033 

1034 
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Table 2. Mineral modes (volume percentage) of representative rock types 1035 
Sample P06-19 P07-28 P06-2 P07-32 P07-6 
Type Lakenvalei Lakenvalei Felsic Mafic Mafic 

 Quartzite Quartzite Rock Rock Rock 
 East West East West West 

Quartz 83.0 87.3 20.9 8.55 0.56 
K-feldspar 8.97 8.89 31.8 1.64 0.17 
Plagioclase 5.30 3.39 32.2 78.7 64.5 
Hornblende 0 0 13.3 7.20 23.9 

Clinopyroxene 0 0 0 0.68 3.77 
Orthopyroxene 0 0 0 0 5.57 

Muscovite 2.56 0.38 0 0.05 0.17 
Biotite 0 0 1.4 tr 0 

Chlorite 0.19 0.05 0 2.00 1.16 
Calcite 0 0.09 0 0.59 0 
Zircon tr* tr tr tr 0 
Apatite tr tr 0.05 0.55 0 

Monazite tr 0 0.05 0 0 
Ilmenite 0 0 0.05 tr 0.13 

Magnetite 0 0 0.14 0 tr 
Titanite 0 0 0 tr 0 
Rutile 0 tr tr 0 0 

      
Total points 2152 2126 2174 2200 2335 

* tr = trace amount, <0.05% 1036 
 1037 

 1038 

 1039 

 1040 

 1041 

 1042 

1043 
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Table 3. Plagioclase major element compositions (wt.%)           1044 
Sample P07-32 P07-32 P07-32 P07-32 P07-32 P07-6 P07-6

SiO2 51.80 51.55 50.81 50.57 52.53 49.52 50.15 
TiO2 0.00 0.01 0.00 0.00 0.00 0.00 0.00 
Al2O3 31.17 31.46 30.86 30.67 29.34 31.95 31.59 
FeO 0.08 0.11 0.08 0.01 0.07 0.08 0.06 
MnO 0.00 0.01 0.00 0.00 0.02 0.01 0.00 
MgO 0.02 0.04 0.01 0.04 0.00 0.00 0.00 
CaO 13.27 13.58 14.60 13.27 12.95 16.03 15.50 
Na2O 3.83 3.69 3.73 4.18 3.92 3.03 3.33 
K2O 0.11 0.20 0.10 0.08 1.39 0.10 0.09 
Total 100.3 100.6 100.2 98.81 100.2 100.7 100.7 
XAn 0.65 0.66 0.68 0.63 0.60 0.72 0.74 
XAb 0.34 0.33 0.32 0.36 0.33 0.28 0.25 
XOr 0.01 0.01 0.00 0.00 0.08 0.00 0.01 

 1045 
1046 
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Table 4. Oxygen Isotopic Compositions 1047 

Sample Rock Type Distance (m)§ 
δ18Oqtz 

(‰) 
δ18Opl 
(‰) 

δ18Owr 
(‰) 

East Phepane 06 Transect
P06-1 Felsic rock 108 6.93   
P06-2 Felsic rock 89 7.92   
P06-6 Felsic rock 58 7.09   
P06-8 Felsic rock 30 7.37   
P06-9 Felsic rock 17 7.33   

P06-14 Felsic rock 4.8 6.90   
P06-13 Felsic rock 2.1 7.80   
P06-15 Lakenvalei Quartzite 2.4 10.85   

   11.05*   
P06-16 Lakenvalei Quartzite 7.1 11.34   
P06-18 Lakenvalei Quartzite 9.0 11.27   

   11.41*   
P06-19 Lakenvalei Quartzite 12 11.21   

West Phepane Small Scale Transect 
P07-34 Mafic rock 33  8.02 6.60 

     7.05* 
P07-33a Mafic rock 26  8.04 7.39 
P07-33b Mafic rock 26   7.39* 
P07-32 Mafic rock 19  7.95 7.90 

    7.89† 8.08* 
P07-31 Mafic rock 0.8  8.59 8.27 

    8.59* 8.12* 
  8.54†

P07-30 Lakenvalei Quartzite 0.6 10.59   
   10.47*   
   10.57†   

P07-26 Lakenvalei Quartzite 42 11.05   
   10.83*   

P07-28 Lakenvalei Quartzite 51 11.06   
   11.08*   
   11.30†   
   11.09†*   

§ Measured distances corrected for dip of contact and for variations in elevation 1048 
* Same sample aliquot measured again 1049 
† Different aliquot of same sample 1050 

 1051 

1052 
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Table 5. Lithium Isotope Compositions and Concentrations 1053 
Sample Rock Type* Distance (m)§ δ7Li (‰) Li (ppm) 

East Phepane 06 and 07 Transects
P06-1 Felsic rock (2) 108 5.7 2.8 
P06-2 Felsic rock (2) 89 8.2 3.3 
P06-3 Felsic rock  79 4.7 4.4 
P06-6 Felsic rock  58 8.0 9.1 
P06-8 Felsic rock  30 2.5 4.7 
P06-9 Felsic rock (3) 17 5.2 4.9 

P06-14 Felsic rock  4.8 5.4 4.5 
P06-13 Felsic rock 2.1 1.5 1.5 
P06-15 Lakenvalei Quartzite (2) 2.4 18.9 18 
P06-16 Lakenvalei Quartzite (2) 7.1 21.5 11 
P06-18 Lakenvalei Quartzite (4) 9.0 17.6 18 
P06-19 Lakenvalei Quartzite 12 21.2 14 
P06-20 Vermont Metapelite (2) 80 2.3 48 
P07-49 Felsic rock (2) 67 8.1 5.7 
P07-59 Felsic rock  39 2.3 7.0 
P07-58 Felsic rock  27 5.1 6.4 
P07-52 Felsic rock  8.2 7.7 3.8 
P07-53 Felsic rock (2) 4.9 12.1 6.8 
P07-50 Lakenvalei Quartzite 0.1 12.8 19 
P07-51 Lakenvalei Quartzite (3) 3.5 21.0 12 
P07-55 Vermont Metapelite 3.6 7.4 44 
P07-56 Vermont Metapelite 34 3.2 105 
P07-54 Vermont Metapelite 69 8.2 94 
P07-57 Magaliesburg Quartzite 149 22.1 13 

West Phepane Small Scale Transect 
P07-34 Mafic rock (2) 33 3.6 10 
P07-33a Mafic rock 26 3.6 12 
P07-33b Mafic rock (2) 26 2.1 12 
P07-32 Mafic rock (3) 19 5.3 26 
P07-31 Mafic rock 0.8 3.4 19 
P07-30 Lakenvalei Quartzite 0.6 8.1 16 
P07-29 Lakenvalei Quartzite 19 9.5 13 
P07-26 Lakenvalei Quartzite 42 16.1 9.9 
P07-28 Lakenvalei Quartzite 51 19.3 17 
P07-27 Vermont Metapelite 74 5.4 44 

 1054 
 1055 
 1056 
  1057 
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Table 5. Lithium Isotope Compositions and Concentrations (cont.) 1058 
Sample Rock Type Distance (m)§ δ7Li (‰) Li (ppm) 

West Phepane Large Scale 
P07-12 Mafic rock 241 -0.2 19 
P07-11 Mafic rock 124 4.9 59 
P07-9 Mafic rock (3) 75 1.7 34 
P07-8 Mafic rock 60 3.3 56 
P07-7 Mafic rock(2) 35 5.0 51 
P07-6 Mafic rock(2) 20 6.0 41 

P07-15 Mafic rock 2.6 5.5 19 
P07-17 Lakenvalei Quartzite (2) 7.7 15.5 12 
P07-14 Lakenvalei Quartzite (2) 10 13.2 22 
P07-1 Lakenvalei Quartzite 50 10.6 19 
P07-3 Lakenvalei Quartzite (2) 52 9.2 14 
P07-5 Vermont Metapelite (2) 54 -6.7 104 

P07-16 Vermont Metapelite 71 1.9 85 
P07-18 Vermont Metapelite 98 4.0 14 
P07-23 Vermont Metapelite 264 4.0 70 
P07-24 Vermont Metapelite 303 4.9 67 
P07-25 Magaliesburg Quartzite 372 25.5 8.8 

Sedimentary Samples 
LV2 Lakenvalei Sandstone  21.7 9.1 
LV3 Lakenvalei Sandstone  12.4 8.3 
LV4 Lakenvalei Sandstone  9.8 2.3 
LV6 Lakenvalei Sandstone  17.3 13 
VT1a Vermont Shale  0.3 142 

Mineral Separates 
P06-18 Quartz separate  20.7 25 
P06-19 Quartz separate  22.7 21 
P07-26 Quartz separate  15.7 16 
P07-28 Quartz separate  18.4 18 

* Numbers in parentheses indicate the number of measurements (where greater than 1) made on 1059 
the sample. The numbers reported are averages from the measurements made on each sample. 1060 
§ Measured distances corrected for dip of contact and for variations in elevation. 1061 

 1062 

1063 
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Table 6. Constraints from Diffusion Models 1064 
 

Traverse 
Oxygen best fit 

 (m) 
Lithium best fit 

 (m) 
East Phepane 06 1.1 2.4 
East Phepane 07  6.1 

West Phepane small-scale 0.9 9.1 
West Phepane large-scale  10.6 

 1065 

 1066 

East Phepane 06 
Oxygen 

 1.1 m* 1.4 m† 
 D (m2/s) porosity Ke t (kyrs) t (kyrs) 

Dmelt 9x10-13 10-2 0.62 2600 4200 
Dfluid 10-8 10-3 1.86 7.1 12 
Dfluid 10-8 10-5 1.86 710 1200 

West Phepane small 

 0.9 m* 1.5 m† 
 D (m2/s) porosity Ke t (kyrs) t (kyrs) 

Dmelt 9x10-13 10-2 0.62 1800 4900 
Dfluid 10-8 10-3 1.86 3.4 13 
Dfluid 10-8 10-5 1.86 340 1300 

 1067 
*Best fit diffusive distances. 1068 

†Maximum diffusive distances. 1069 
1070 

DtK −1 DtK −1

DtK −1

DtK −1
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Figure Captions 1071 

 1072 

Figure 1. (a) Map of the Bushveld Complex in South Africa modified from Kinnaird et al. 1073 

(2005), (b) Close-up map of Eastern Lobe (dotted line in Figure 1a) showing each igneous zone, 1074 

the sedimentary rocks of the aureole, and the metasedimentary domes within the Bushveld 1075 

Complex modified from Clarke et al. (2005). 1076 

 1077 

Figure 2: Google Earth image of the Phepane Dome (dashed area in Figure 1b) showing the 1078 

location and topography as well as the rock types of the four transects collected. 1079 

 1080 

Figure 3: CL images on left, plane polarized light (PPL) on right. (a,b) Image of LV4, 1081 

Lakenvalei Sandstone. Arrow points to red luminescent authigenic quartz surrounded by non-1082 

luminescent cement. Three feldspar grains (F) show brighter (yellow) luminescence. (c,d) P07-1083 

14: showing bright blue regions (B) surrounded by darker blue luminescence (L) within larger 1084 

quartz grains. Note fluid inclusions at bottom (arrow) that coincide with the darker blue 1085 

luminescent overgrowth. (e,f) P06-19: non-luminescent (N) fracture cutting brighter luminescing 1086 

yellow feldspar and blue quartz. Fracturing is visible in PPL, but extent of recrystallization is 1087 

not. (g,h) P06-16: non-luminescent quartz (N) in fluid inclusion-free fractures (arrows). 1088 

 1089 

Figure 4: (a) Photo in crossed polarized light of texture with cuspate plagioclase indicating the 1090 

presence of partial melt and (b) photo of an equilibrium plagioclase (solid-state) with a dihedral 1091 

angle of 115 degrees. qtz= quartz, pl= plagioclase.   1092 

 1093 
Figure 5: Histograms of dihedral angle measurements. (top) 2-D angle measurements for 1094 

samples from the East (left) and West (right) side of the Phepane Dome.  The samples in the top 1095 
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row (P06-15 and P07-30) are within 2 m of the contact, the next two (P06-18 and P07-26) are 1096 

~10 m from the contact, and the third row has a sample at 13 m from the contact (P06-19) and 50 1097 

m from the contact (P07-1).  (bottom) 3-D angle measurements using a universal stage. 1098 

 1099 

Figure 6: Oxygen isotopic compositions are plotted with distance from the contact (at x=0) for 1100 

(a) the East Phepane 06 Transect and (b) the West Phepane Small Scale Transect. For both 1101 

graphs open squares represent measured δ18O values of quartz in quartzite. For the felsic rock, 1102 

filled triangles represent measured δ18O values of quartz in felsic rock. For the mafic rock, filled 1103 

squares represent calculated δ18O of quartz that would be in equilibrium with the measured δ18O 1104 

values of plagioclase at temperatures of 900°C. Measurement uncertainty shown is 2SD. If no 1105 

error bars are shown on a data point, the uncertainty is less than or equal to the size of the 1106 

symbol. Smaller inset graphs show the measurements and profiles modeled immediately adjacent 1107 

to the contact for each traverse. Diffusive distance results ( ) from the models are shown 1108 

which best fit to the data and these best fit model profiles for each traverse are shown as black 1109 

solid lines. The light gray solid lines represent model profiles with the greatest diffusive distance 1110 

permitted by the data.  1111 

 1112 

Figure 7: Li concentrations of the Bushveld Complex igneous rock (right) and Lakenvalei 1113 

Quartzite (left) (contact at x=0) in the combined transects on the (a) east side of the Phepane 1114 

Dome and (b) west side of the Phepane Dome. Points are averages of multiple concentration 1115 

measurements where available. Error bars are minimum of 10% of measured concentration. 1116 

Where multiple measurements were made and measured variability was greater, error bars 1117 

represent the range of the measured concentrations. If no error bars are shown on data point, 1118 

error is less than or equal to the size of the symbol. 1119 

DetKe
−1
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 1120 
Figure 8: Li isotopic compositions of the Bushveld Complex igneous rock (right) and 1121 

Lakenvalei Quartzite (left) in the four transects (contact at x=0). Error bars represent 2SD 1122 

uncertainty. a) East Phepane traverse 06, b) East Phepane traverse 07, c) West Phepane large-1123 

scale traverse, d) West Phepane small-scale traverse. The black lines represent model profiles 1124 

that best fit the data. 1125 

 1126 

 1127 
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