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 21 

Abstract 22 

 Magnetite is commonly found at sites on Mars explored by robotic spacecraft, yet is rare 23 

in martian meteorites and in experimental studies of martian magma compositions.  Iron redox 24 

systematics of the high FeO shergottitic liquids are poorly known, yet have a fundamental 25 

control on stability of phases such as magnetite, ilmenite, and pyroxenes.  We undertook 26 

experiments to constrain the Fe3+/ΣFe in high FeO (15-22 wt%) glasses as a function of fO2, melt 27 

P2O5, temperature and pressure.  We also performed a series of sub-liquidus experiment between 28 

1100 and 1000 °C and FMQ+0.5 to FMQ-1 to define magnetite stability. Run products were 29 

analyzed for Fe3+ and Fe2+ by Mössbauer spectroscopy and micro-XANES (x-ray absorption 30 

near edge structure) spectroscopy.  One bar liquids equilibrated at FMQ-3 to FMQ+3 show a 31 

much lower Fe3+/ΣFe than terrestrial basalts at the same conditions.  As melt P2O5 contents 32 

increase from 0 to 3 wt.% (at fixed pressure, temperature and fO2), Fe3+/ΣFe decreases from 0.07 33 

to 0.05, but this is within error on the measurements.  Temperature increases between 1200 and 34 

1500 °C cause little to no variation in Fe3+/ΣFe. Pressure increases from 1 to 4 GPa cause a 0.06 35 

decrease in Fe3+/ΣFe.  The trends with pressure and temperature are in agreement with results of 36 

previous studies.  Combining our new series of data allows derivation of an expression to 37 

calculate Fe3+/Fe2+ for high FeO melts such as martian magmas. 38 

ln(Fe3+/Fe2+) = = a lnfO2 + b/T + cP/T + dXFeO + eXAl2O3 + fXCaO + gXNa2O + hXK2O + iXP2O5 39 

This expression can be used to show that decompressed melts become slightly more oxidized at 40 

the surface (compared to 4 GPa).  Magnetite stability is suppressed by the lower Fe3+/Fe2+ of the 41 

high FeO melts.  Magnetite stability is a function of Fe2O3 and temperature and is stable ~50 °C 42 

lower than typical terrestrial basalt.  Difficulty in producing magnetite as a liquidus phase in 43 

magmatic systems suggests either that many martian basalts are more oxidized than FMQ (but 44 

not represented among meteorite collections), that the titano-magnetite only forms upon cooling 45 

below ~ 1000 °C at FMQ, or that the magnetite has a secondary origin. 46 

 47 

48 
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 49 

1.0 Introduction 50 

Recent exploration of martian surface mineralogy has revolutionized our understanding of 51 

the diversity of minerals present at the surface.  In particular, it is clear that magnetite hosts most 52 

of the iron in basaltic rocks at Gusev Crater (Morris et al. 2008a).   These authors make the 53 

reasonable argument that the magnetite is likely primary, based on its chemical composition and 54 

parameters derived from Mössbauer spectra.  This is, however, inconsistent with: a) the low 55 

modal abundance of magnetite in martian meteorites, and b) the current lack of knowledge of 56 

iron redox equilibria and phase relationsF in martian magmas.  For example, the nakhlites 57 

(clinopyroxenites) contain ~1% titanomagnetite as skeletal grains in the mesostasis (Treiman 58 

2005), and basaltic shergottites (pigeonite and plagioclase (maskelynite) bearing basalt) contain 59 

1 to 3.5 % titanomagnetite in the groundmass (e.g., Xirouchakis et al. 2002; Stolper and 60 

McSween 1979, Mikouchi 1998); these are relatively small amounts compared with the 61 

abundances in many rocks analyzed at Gusev Crater (~10 %).  Phase equilibria studies of 62 

shergottites have not reported abundant magnetite down to temperatures of ~1050 °C at the FMQ 63 

buffer (Stolper and McSween 1979; McCoy and Lofgren 1999), whereas in terrestrial basaltic 64 

magmas magnetite is stable with abundances between 5 – 10 % at 1050 to 1100 °C.  In fact, the 65 

only published 1 bar experiments to stabilize magnetite are those at higher fO2 - FMQ+4 66 

(McCoy and Lofgren 1999), and at higher pressures with water dissolved in the magma (Minitti 67 

and Rutherford 2000; Dann et al. 2001).  Furthermore, in terrestrial basalts magnetite stability is 68 

strongly influenced by fO2 and magnetite is stable at 1150 °C at FMQ+2, and as low as 1070 °C 69 

at FMQ-1 (Figure 1).  This dependence on fO2 is not predicted for shergottites such as Los 70 

Angeles, which has a magnetite field at low temperatures, but is apparently not fO2-dependent 71 
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(Xirouchakis et al. 2002).  However, the latter predictions are based on the MELTS algorithm 72 

that is calibrated using terrestrial magma compositions.   73 

Attempts to examine this problem from the perspective of Fe3+/ΣFe (defined as 74 

Fe3+/(Fe3++Fe2+)) ratio in silicate melts, which should control magnetite stability, are hampered 75 

by the lack of data on Fe3+/ΣFe for relatively FeO-rich and Al2O3-poor shergottite-like 76 

compositions (Figure 2). There are also no data for P2O5-bearing basaltic melts (like the 77 

shergottites) that can contain up to 3 wt% P2O5.  Existing data for Fe3+/ΣFe in melts are 78 

dominated by compositions within the terrestrial basalt and andesite fields (Kress and 79 

Carmichael 1991; Sack et al. 1980; Kilinc et al. 1983).  Of the few existing data for high FeO 80 

shergottitic melt compositions, some have low (below 0.1) Fe3+/ΣFe compared to values in 81 

terrestrial systems of well over 0.2 at similar oxygen fugacities (Morris et al. 2008a), whereas 82 

others are higher (McCanta et al. 2004; Fig. 3).  There is also some hint of non-linear 83 

dependence of Fe3+/ΣFe as FeO is increased in a given melt composition (Jayasuriya et al. 2004). 84 

These lines of evidence suggest that the Fe redox systematics of martian magmas are not 85 

fully understood, including the factors controlling the saturation of a martian magma with 86 

magnetite.  Our understanding of the variation of Fe3+ and Fe2+ in martian magmas is incomplete 87 

and deserves some attention.  We report here the initial results of a systematic approach to 88 

understanding 1) iron redox equilibria as a function of melt composition (P2O5), temperature, 89 

fO2, pressure and H2O, and 2) phase equilibria of shergottites to investigate magnetite stability.  90 

With this combination, the seemingly conflicting Fe3+/ΣFe results of McCanta et al. (2004) and 91 

Morris et al. (2008a) (higher and lower, respectively, than predicted values), can be addressed, as 92 

well as the question of whether there is a critical Fe3+/ΣFe required for magnetite stability, and if 93 

so, at what temperature, pressure and fO2.   94 
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2.0 Experimental techniques: 95 

Two synthetic basaltic shergottite compositions, one similar to the bulk composition of 96 

Zagami (sherg 1; Table 1) and the other more MgO-rich (sherg 6; Table 1), were prepared from 97 

high purity oxides and homogenized by repeated fusion and grinding.  Some experiments (series 98 

A and C) were carried out at 1 bar in gas-mixing furnaces with fO2 controlled by CO-CO2 99 

mixtures (Table 2).  Samples were held in the hot spot of the furnace using Re wire loops.  High 100 

pressure experiments (Series B) were carried out in piston cylinder and multi-anvil apparatuses 101 

at NASA-JSC (Righter et al. 2008; 2009; Table 2). 102 

Series A: This series was carried out at 1 bar between FMQ–3 and FMQ+3 at 1250 ºC and 103 

constrains the variation of Fe3+/ΣFe for a martian basaltic melt over a large fO2 range. Three 104 

additional compositions were prepared with variable P2O5 contents to explore the effect of P2O5 105 

at the FMQ buffer.  Oxygen fugacity of interest was achieved by CO-CO2 gas mixtures.  106 

Experiments were held at superliquidus temperatures for 3 days and then drop-quenched into 107 

water. 108 

Series B:  These experiments were designed to define the effect of pressure on the Fe3+/ΣFe in 109 

the shergottite, and were carried out at higher pressures in piston cylinder (following the 110 

approach of Righter et al. 2009) and multi-anvil apparatuses.  Multi-anvil experiments were 111 

carried out in the COMPRES G2 assembly (Figure 4) (Leinenweber et al. 2012).  Pressure 112 

calibration was achieved using the quartz-coesite transition at 1000 °C (Bose and Ganguly 113 

1995), the fayalite-gamma spinel transition at 1200 °C (Yagi et al. 1987), and the majorite-114 

perovskite transition of CaGeO3 at 1000 °C (Ross et al. 1986). Phases were identified using 115 

Raman spectroscopy of polished samples.  Sample pressure was determined using a simple linear 116 

fit to phase transition data.   Multi-anvil experiments were pressurized to 4 GPa, then heated to 117 
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1600 °C for 20 minutes, and quenched by shutting off heater power.  Some experiments were 118 

completed in capsules machined from a solid rod of high purity Mo metal.  These experiments 119 

buffer fO2 at the Mo-MoO2 buffer, near IW (O’Neill 1986).  Other experiments were carried out 120 

in a graphite capsule, with a pellet of a 50-50 mix of Co metal and CoO and MgO loaded above 121 

the capsule.  In these experiments, fO2 is monitored by a Co-(CoMg)O sliding sensor (Taylor et 122 

al. 1992) that equilibrated at FMQ-2 (Righter et al. 2009).   123 

Series C: This series was carried out at 1 bar at subliquidus conditions to define magnetite 124 

stability. Several experiments were carried out at FMQ-1 and variable temperature (1000 to 1100 125 

°C).  Others were carried out at fixed temperature (1050 °C) and variable fO2 (FMQ+0.5, FMQ, 126 

FMQ-0.5, and FMQ-1).  Samples were first heated to 1300 °C in order to melt the starting 127 

material, cooled by 10 °C per hour to the desired temperature, and held at the temperature and 128 

fO2 of interest for 7 days.  These experiments were carried out to supplement previous work 129 

(Stolper and McSween 1979; McCoy and Lofgren 1999) at these relatively low temperatures 130 

where magnetite may or may not be stable. 131 

 In addition to our three new series, we have used run products from several previous 132 

studies to help constrain the redox systematics of shergottitic liquids. First, several experiments 133 

from the study of McCoy and Lofgren (1999) were analyzed: two glasses produced at FMQ and 134 

FMQ+2, and one magnetite-glass pair equilibrated at FMQ+4.  Second, a series of glasses from 135 

the study of Righter et al. (2009) was used to constrain the effect of temperature, at fixed 136 

pressure of 0.8 GPa.  These latter glasses are of shergottite bulk composition equilibrated with 137 

sulfide liquids between 1200 and 1500 ºC, and contain between 2500 and 3500 ppm S (Righter et 138 

al. 2009).  139 

3.0 Analytical methods 140 
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Glasses and crystals from shergottite experiments, and oxides from the redox sensor 141 

experiments were analyzed by electron microprobe for major and minor elements using standard 142 

approaches (e.g., Righter et al. 2009).  Results for the glass and mineral phase analyses are 143 

presented in Tables 3 and 4.   144 

Mössbauer (MB) spectra were obtained at room temperature and in backscatter measurement 145 

geometry on the same thick sections used for electron microprobe analyses using spectrometers 146 

(ESPI, Inc) similar to the ones onboard the Mars Exploration Rovers (Klingelhoefer et al. 2003). 147 

This measurement geometry does not require sample preparation (e.g., removing the glass from 148 

the thick sections and grinding them to a fine powder) and preserves the thick sections for study 149 

at a later time. The computer programs MERView and MERFit were used, respectively, to 150 

velocity calibrate and least-squares fit the spectra (Agresti et al. 2006; Agresti and Gerkines 151 

2009).  The glass MB spectra were fit with two Fe2+ doublets and one Fe3+ doublet all with 152 

Lorentzian lineshapes (Table 5).  During the fitting procedures, the areas of peaks in each 153 

doublet were constrained equal, the peak widths of the Fe3+ doublet were constrained equal, and 154 

the peak widths of the two Fe2+ doublets were constrained to be the same. For glasses having low 155 

Fe3+ subspectral areas (all samples except Sherg1, FMQ+3) , values for the peak positions and 156 

widths were constrained to the values obtained from that sample. This model for the fitting 157 

procedure always converged and did not give physically impossible results (e.g., negative 158 

subspectral areas and linewidths <0.20 mm/s). The result that the backscatter spectra were fit 159 

with Lorentzian lineshapes implies that thickness effects, which can be important in transmission 160 

measurements if >10 mg/cm2 of Fe is present in the sample (e.g., Greenwood and Gibb, 1971), 161 

are unlikely. The values of the center shift (δ) are reported with respect to metallic iron foil at 162 



8 
 

room temperature. The uncertainties on the MB parameters (Table 5) are based on various 163 

independent fits described in more detail by Morris et al. (2006a).   164 

 The subspectral areas include a correction factor (the f-factor) to account for differences 165 

in the recoil-free fractions of Fe2+ and Fe3+ (f(Fe3+)/f(Fe2+) = 1.21 independent of mineralogical 166 

composition). The value of 1.21 is the average value of f-factors compiled by De Grave and Van 167 

Alboom (1991) for a variety of Fe-bearing silicate and oxide phases. Morris et al. (1995), using 168 

this value, report good agreement between Fe3+/ΣFe determined independently by Mössbauer 169 

and by wet chemistry (WC) for a series of impact melt rocks ((Fe3+/ΣFe)MB/(Fe3+/ΣFe)WC = 1.05 170 

± 0.06 for the mean value and average deviation from the mean). More recently, Wilke et al. 171 

(2005) reported values of Fe3+/ΣFe for basaltic glasses from WC and MB measurements, but 172 

without using a f-factor correction for the MB data.  From their data (7159V starting material), 173 

we calculate (Fe3+/ΣFe)MB/(Fe3+/ΣFe)WC = 1.15 ± 0.11 as the mean value and average deviation 174 

from the mean without the f-factor correction.  When we recalculate using the f-factor correction, 175 

the value for the ratio is 1.02 ± 0.06, bringing the two methods into significantly better 176 

agreement. In summary, the value of Fe3+/ΣFe calculated from Mössbauer spectra systematically 177 

overestimates the Fe3+ unless the f-factor correction is made, as pointed out previously by 178 

Ottonello et al. (2001). 179 

Measurements of Fe3+ and Fe2+ from high pressure glasses and samples that are a mixture of 180 

crystal and glass (series B and C) were also made using Fe K edge micro-XANES spectra (X-ray 181 

absorption near edge structure) obtained at the GSECARS 13-ID-C beamline at the Advanced 182 

Photon Source (Argonne National Lab).  XANES has the advantage of good spatial resolution – 183 

an important capability when analyzing smaller area high pressure glasses, and also samples with 184 

mineral – melt mixtures.  A monochromatic X-ray beam from a Si(111) double crystal 185 
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monochromator was focused onto the sample and the Fe Kα fluorescent X-ray yield was plotted 186 

as a function of incident X-ray energy (more detail on theory can be found in Bajt et al. 1994). 187 

The first derivative peak of Fe metal foil (7112 eV) was used to calibrate energy for the system.  188 

Spectra were collected between 7012 to 7493 in several regions with a 2 s dwell at each energy 189 

step: 5 eV steps from 7012 to 7102, 0.2 eV steps across the pre-edge peak from 7102 to 7137, 190 

and 2.0 eV steps from 7137 to 7163, and finally 3 eV steps from 7163 to 7493.  Typically 3 to 4 191 

scans were collected per sample, with each 10 minute scan averaged or merged in Athena (Ifeffit 192 

package; Newville 2001).  Spectra were fit using the PAN routine written by R. Dimeo (2002) 193 

for IDL. A damped harmonic oscillator (DHO) was used for the background (see e.g., Cottrell et 194 

al. 2009), and Lorentzian functions were used for the Fe2+ and Fe3+ peaks.  Energy fit range was 195 

limited to 7108 - 7119 eV and the FWHM of Lorentzians was fixed at 2.3 eV.  Fe-bearing 196 

glasses analyzed independently using Mössbauer spectroscopy (FMQ+3 to FMQ-3; Table 2) 197 

were used to calibrate valence vs. centroid energy (area-weighted average energy of the pre-edge 198 

multiplets) using a second order polynomial (Figure 5), and results are presented in Table 6.  199 

The 2σ uncertainty on the XANES measurements corresponds to ±0.025 Fe3+/ΣFe  which is a 200 

combination of the MB spectroscopy error and the uncertainty from the 2nd order polynomial fit. 201 

4.0 Results 202 

4.1.1 Redox state of iron for a shergottite at FMQ-3 to FMQ+3. 203 

The series of glasses produced at 1 bar and variable fO2 cover the range over which iron-204 

bearing glasses are converted from nearly all Fe2+ to nearly all Fe3+, and also cover the range of 205 

fO2 recorded in martian meteorites.  Over this range, Fe3+/ΣFe starts at as low as 0.01 at FMQ-3 206 

and becomes as high as 0.28 at FMQ+3 (Fig. 6).  The smooth curve from FMQ-3 to FMQ+3 is 207 



10 
 

in contrast to the various individual measurements that fall above and below these values from 208 

several previous studies.  Our new data suggest a more systematic variation with fO2, as one 209 

might expect and as has been observed for other terrestrial melt compositions, as discussed 210 

below. 211 

4.1.2 Redox state of iron in shergottite melt with variable P2O5 212 

From work on terrestrial systems, Fe3+-P5+ complexing is known to affect the overall 213 

Fe3+/ΣFe ratios independently of fO2 (Horng et al. 1999).  Therefore, a series of experiments with 214 

variable P2O5 contents, but constant temperature and fO2 (FMQ and 1250 ºC) was carried out.  215 

For this shergottite composition, the effect of P2O5 is small, but nonetheless systematic, causing 216 

a change in Fe3+/ΣFe of 0.03 across 3 wt% P2O5 (Figure 7).  However, it is important to note 217 

that the magnitude of this variation (0.03 Fe3+/ΣFe) is very close to the uncertainty associated 218 

with the measurements (0.02 Fe3+/ΣFe), so this is a relatively small effect.  Because shergottites 219 

can have as much a 3 wt% P2O5, (e.g., Kring et al. 2003; Dreibus et al. 1982) this may 220 

nonetheless be important to define when calculating Fe3+/ΣFe for martian melts. 221 

4.2: Effect of temperature and pressure 222 

The effect of temperature can be constrained using the series of samples from Righter et 223 

al. (2009) covering the temperature range from 1200 to 1500 ºC.  There is no detectable change 224 

in Fe3+/ΣFe  across this temperature range, with values ranging from 0.02 to 0.03.   The effect of 225 

pressure can be constrained from our series of experiments between 0.8 and 4 GPa.   Over this 226 

pressure range, Fe3+/ΣFe decreases from 0.080 (±0.025) to 0.025 (±0.025).  Therefore, pressure 227 

has a small negative effect on Fe3+/ΣFe, which will also be important to quantify for a full 228 
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understanding of Fe3+/ΣFe in martian magmas, because they may be generated at pressures as 229 

high as 4 to 5 GPa. 230 

4.3: Phase equilibrium results – magnetite stability 231 

For a Zagami bulk composition, McCoy and Lofgren (1999) reported magnetite at 232 

FMQ+4 and 1150 ºC, but no magnetite at FMQ+2 and 1150 ºC (Figure 8 A,B).  We measured 233 

the Fe3+/ΣFe in both of their glasses using micro-XANES, and found the FMQ+4 glass to be 234 

0.80, compared to 0.15 in the FMQ+2 glass.  In this fO2 range, the amount of Fe3+ increases 235 

substantially, making magnetite stable at > FMQ+2.  In the subliquidus series C experiments in 236 

this study, magnetite is stable at 1000 ºC and FMQ-1, but not present at 1050 ºC nor any fO2 237 

investigated between FMQ+1 and FMQ-1 (Figure 8 C,D).  At temperatures above 1000 ºC, no 238 

magnetite or ilmenite is observed using optical and/or back scattered electron imaging.  The 239 

glass co-existing with magnetite has a Fe3+/ΣFe of 0.03(±0.025).  Finally, for bulk composition 240 

“sherg6”, magnetite and ilmenite are stable at 1050 ºC and both FMQ-0.5 and FMQ-1 (Fig. 8 241 

E,F).  However, Fe3+/ΣFe of co-existing glass was not measured because the glassy areas are too 242 

small to analyze using even micro-XANES without overlap with neighboring phases.  However, 243 

the results from this more MgO-rich bulk composition will be used (section 5.6) together with 244 

the new results from Zagami-like compositions from this study and that of McCoy and Lofgren 245 

(1999) to help constrain the stability field of magnetite in martian basaltic compositions. 246 

5.0 Discussion 247 

5.1 fO2 dependence of Fe3+/ΣFe and comparison to terrestrial systems 248 

Comparison of our results to those of previous workers shows that there is some overlap 249 

with values predicted by the expression of Kress and Carmichael (1991), but the expression of 250 
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Jayasuriya et al. (2004) predicts values that are too high by a factor of 2 (Figure 3). This may 251 

result because Jayasuriya et al. (2004) used synthetic diopside-anorthite eutectic melt 252 

composition glasses with 1% FeO (total).   253 

However, in the low fO2 range, our new measurements of Fe3+/ΣFe at FMQ-3 to FMQ 254 

are lower than calculated values using the expression of Kress and Carmichael (1991) (Figure 255 

3).  This is a critical fO2 range for martian magmas because many shergottites fall within FMQ-3 256 

to FMQ (Righter et al. 2008; Herd 2008).  The lower values for the FeO-rich shergottites are 257 

evident when compared to particular terrestrial compositions like Juan de Fuca Plate basalt and 258 

Kilauea basalt (Fig. 6).  The Kress and Carmichael (1991) and Jayasuriya et al. (2004) 259 

expressions should not be used to calculate Fe3+/ΣFe ratios for martian magmas because they 260 

over-estimate by 100% the Fe3+/ΣFe for shergottites in the range of fO2 relevant to the natural 261 

setting. 262 

Our new results resolve discrepancies with previous work.  The results of Morris et al. 263 

(2008a) for basaltic glass having Mars-like compositions are consistent with our new results, 264 

with the exception of one glass sample at FMQ+2.5.  This sample has a Fe3+/ΣFe ratio that is 265 

much lower than these new results, as well as the previous work of McCanta et al. (2004).  This 266 

glass has a high FeO content like all the others, and there is no compositional difference that 267 

might explain the divergent results.  This data point is considered anomalous because it is in 268 

disagreement with several studies.  Similarly, the datapoint of McCanta et al. (2004) at FMQ is 269 

at a Fe3+/ΣFe value of nearly 0.  At this fO2, there should be a small percentage of ferric iron, as 270 

found in our systematic series (0.07), by Morris et al. (2008a) (0.03) and as measured by using a 271 

sample equilibrated at FMQ by McCoy and Lofgren (1999) (0.02).  This nearly Fe2O3 – free 272 



13 
 

result of McCanta et al. (2004) is also considered anomalous because it is in disagreement with 273 

the findings of the three other studies.   274 

5.2: Phosphorus 275 

The role of phosphorus (P) in FeO-bearing silicate melts is important to define (Horng et 276 

al. 1999).  Phosphorus is well known to stabilize Fe2+ (Horng et al. 1999; Mysen and Richet 277 

2005), and this is suspected in the case of martian magmas for several reasons.  First, martian 278 

magmas in general contain a significant amount of P2O5 – up to 5 modal % apatite (Mikouchi et 279 

al. 1998; Kring et al. 2003).  Second, in terrestrial ferrobasalts, P2O5 has been shown to suppress 280 

magnetite stability (Toplis et al. 1994).   281 

Our results for up to 3 wt% P2O5 show that there may be a small decrease in Fe3+/ΣFe 282 

from 0.07 (±0.02) to 0.05 (±0.02)  but the decrease is not significant within analytical error (Fig. 283 

7).  Even if the decrease is real, the magnitude of the range is small relative to the effects of fO2 284 

and pressure.  Instead, the effect of P2O5 on magnetite stability may be due to formation of Fe3+-285 

(PO4) melt complexes.  Magnetite de-stabilization may be due to complexing of Fe3+ and P5+ in 286 

silicate melt, rather than any increase or decrease in Fe3+/ΣFe due to addition of P2O5: 287 

Fe3O4  (mgnt) + P2O5 (melt) = 2Fe3+- (P5+O4)3- (melt) + FeO (melt) (1) 288 

Such melt complexing would explain the de-stabilization of magnetite in P2O5 rich melts, and at 289 

the same time be consistent with a slight to no chemical effect of P2O5 addition to melt Fe3+/ΣFe 290 

observed in our series of measurements on P2O5 variable glasses. 291 

5.3: Temperature 292 
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The effect of temperature observed in our series is similar to that calculated by Kress and 293 

Carmichael (1991), as indicated in Figure 9a where calculations are carried out for basalt at 1 294 

GPa and at the FMQ buffer.  This lack of temperature dependence (or very weak dependence 295 

that may be within the analytical uncertainty) is also seen in the dataset of Jayasuriya et al. 296 

(2004) (Figure 3) where curves calculated at 1000 and 1300 ºC are nearly identical. Our study is 297 

in agreement with these previous results and shows that temperature has only a small effect on 298 

the Fe3+/ΣFe in FeO-rich melts. 299 

5.4: Pressure 300 

The effect of pressure is larger, and potentially more important than temperature.  Our 301 

results at elevated pressures are similar to predictions and measurements in three previous 302 

studies.  Kress and Carmichael (1991) calculated a small decrease in Fe3+/ΣFe in terrestrial basalt 303 

compositions.  O’Neill et al. (2006) and Mysen and Virgo (1985) both calculated and measured a 304 

decrease in Fe3+/ΣFe, albeit at higher fO2.  However, the O’Neill et al. (2006) results are for a 305 

very high Fe3+/ΣFe (0.7 to 0.8) and therefore not relevant to many natural systems. The effect of 306 

pressure measured in our study is compared to the findings of Kress and Carmichael (1991) in 307 

Fig 9b, where Fe3+/ΣFe at 1400 ºC between 1 bar and 4.0 GPa is calculated for comparison (see 308 

also Fig. 3).   309 

Determinations of the partial molar volumes and compressibilities of Fe3+ and Fe2+ in 310 

silicate melts at low pressures (e.g., Kress and Carmichael 1991; Lange and Carmichael 1987), 311 

as well as the higher pressure (0.4 to 4 GPa) results of our study (and Mysen and Virgo 1985; 312 

O’Neill et al. 2006), indicate that: a) compression at constant Fe3+/ΣFe causes silicate melts to 313 

become more reduced (relative to FMQ), or conversely b) Fe3+ stability in melts is increased at 314 

higher pressure but fixed relative fO2.  This is because the low pressure partial molar volume of 315 
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FeO in silicate melts is much smaller than that of Fe2O3 in this pressure range (Kress and 316 

Carmichael 1991). 317 

5.5: New model for prediction of Fe3+/ΣFe in FeO-rich liquids. 318 

The mismatch between measured and calculated Fe3+/ΣFe for shergottites using either the 319 

Kress and Carmichael (1991) or the  Jayasuriya et al. (2004) predictive expression illustrates the 320 

need for developing an expression that is appropriate for high FeO martian basalt compositions.  321 

Our goal here is to develop a customized expression that is applicable to high FeO melts (15 to 322 

22 wt% FeO (total)).   323 

Our new glasses cover a systematic range of FMQ+3 to FMQ-3, 1250 to 1600 ºC, and 324 

0.0001 to 4 GPa, and we use these data to calculate a predictive expression for Fe3+/Fe2+ in FeO-325 

rich magmas.  Because there is some variability in FeO, P2O5, and alkalis, melt compositional 326 

effects must also be accommodated in the expression.  Following the procedure outlined by 327 

Kress and Carmichael (1991) we derive the following expression: 328 

ln(Fe3+/Fe2+) = alnfO2 + b/T + cP/T + dXFeO + eXAl2O3 + fXCaO + gXNa2O + hXK2O + iXP2O5 + j      (2) 329 

Fitting the above equation to our 22 experiments results in a series of regression coefficients that 330 

can be used to predict Fe3+/Fe2+ for martian melts (Table 7).  331 

To illustrate the utility of such an expression in application to martian magma genesis, we 332 

use two examples for martian meteorites – basaltic shergottite and a nakhlite parent melt which 333 

is similar to shergottites in composition but more oxidized (FMQ vs. FMQ-2 or FMQ-3.  We 334 

have calculated PT curves for a shergottitic melt composition that has a constant Fe3+/ΣFe ratio 335 

of 0.02, 0.03, 0.05 and 0.08 (Fig. 10).  As can be seen, a melt starting at a pressure of 4 GPa and 336 

rising to the surface will become more oxidized by approximately one log fO2 unit.  This 337 
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suggests that the nakhlite parent magmas, which equilibrated at shallow pressures near FMQ 338 

(Righter et al. 2008), may have originated at a lower fO2 in the deep martian mantle – perhaps 339 

FMQ-1.  Also, it suggests that a melt formed at a shallower depth in the martian mantle, such as 340 

primary shergottite liquid  (1 to 1.5  GPa; Filiberto et al. 2008; Musselwhite et al. 2006) will not 341 

become significantly oxidized as it ascends to the surface. 342 

5.6: Magnetite Stability 343 

Many previous experiments define magnetite stability in terrestrial melt compositions (Fig. 344 

1). Magnetite becomes stable at higher FeO content of silicate melts as Fe3+/ΣFe decreases.  This 345 

suggests that martian silicate melts with FeO (total) contents of ~ 20 wt% may be able to saturate 346 

or stabilize magnetite at Fe3+/ΣFe values as low as 0.05.  We can evaluate this possibility with 347 

experiments from series C.  All experiments with stabilized magnetite have very low Fe3+/ΣFe 348 

ratios, <0.05.  Toplis and Carroll (1995) showed that the temperature of magnetite stability in a 349 

ferrobasalt composition (13.4 to 14.6 wt% FeO (total)) is a strong function of fO2 (Fig. 11a).  350 

Comparison of our new results at FMQ-1, FMQ+2, and FMQ+4 show that high FeO (total) (15 351 

to 22 wt%) shergottite liquids stabilize magnetite about 50 °C lower than is observed for 352 

terrestrial magmas with lower FeO contents (Fig. 11a). 353 

Toplis and Carroll (1995) also showed that magnetite stability is dependent on temperature 354 

and melt Fe2O3 content (Fig. 11b).  Magnetite becomes stable at any given temperature at a 355 

certain threshold Fe2O3 content.  Toplis and Carroll (1995) utilize the expression of Kress and 356 

Carmichael (1991) to calculate Fe2O3 in the ferrobasaltic melts, as the latter expression was 357 

calibrated in this compositional range.  However, to compare our results to those of the terrestrial 358 

compositions, we will use our expression for Fe2O3 that is based on the high FeO shergottite 359 

melts.  The calculated Fe2O3 contents for our 1000 °C experiments and also for the 1150 °C 360 
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experiment (ZAG 064) from McCoy and Lofgren (1999) are shown in Fig. 11b and illustrate that 361 

the linear relation proposed by Toplis and Carroll (1995) holds at these high and low Fe2O3 ends 362 

of the series.    363 

In summary, magnetite saturation in shergottite liquids occurs at lower temperatures 364 

compared to terrestrial liquids because the Fe3+/ΣFe ratio of shergottite liquids remains lower 365 

than terrestrial basaltic liquids in the range between FMQ-3 to FMQ+1.  Both of these factors 366 

lead to the conclusion that it is more difficult to stabilize magnetite in martian melts than in 367 

terrestrial melts. 368 

5.8: Implications 369 

If the commonly observed surficial magnetite on Mars (e.g., at MER sites) is igneous in 370 

origin, it must originate in one of two ways.  First, it is not a near liquidus phase at any fO2 371 

between FMQ+1 to FMQ-3, but it becomes a liquidus phase at higher fO2, or possibly in more 372 

evolved or fractionated liquids, neither of which is represented in the martian meteorite 373 

collection.  That is, martian magmas with near-liquidus magnetite may have equilibrated at 374 

higher fO2 than is typically recorded in martian meteorites (>FMQ buffer).   This may not be 375 

surprising, because differences in ages, bulk compositions, and mineral phases between martian 376 

meteorites and findings of robotic missions have been noted before (e.g., Hamilton and Minitti 377 

2003; McSween et al. 2009).     378 

A second possibility is that the magnetite formed during cooling below 1000 °C, at 379 

typical fO2 for martian meteorites – FMQ to FMQ-1.  This is consistent with the presence of Ti-380 

bearing magnetite and/or by the occurrence of magnetite as skeletal crystals in mesostasis or 381 

inclusions in silicate mineral grains. In the literature, magnetite in martian meteorites is 382 
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ubiquitously reported as Ti-bearing magnetite and/or magnetite with skeletal and euhedral 383 

texture (e.g., Stolper and McSween 1979; Vieira et al. 1986; McSween 1994; Dyar et al. 2005; 384 

Treiman 2005; Morris et al. 2008b).  However, the modal abundance is only a few percent, 385 

which is lower than the amount observed at Gusev Crater (~ 10%). 386 

A third possibility is that the magnetite is secondary in origin.  We cannot exclude this 387 

possibility, but an igneous origin is evidenced by magnetic material sampled by the Mars 388 

Exploration Rover Spirit at the Gusev landing site that is chemically enriched in Fe and Ti, 389 

implying the presence of titanomagnetite (Morris et al. 2008a). In fact, Adirondack Class basalts 390 

at Gusev crater and martian meteorite MIL 03346 have comparable magnetite contents on the 391 

basis of Mössbauer measurements (Morris et al. 2006a, 2006b) and FeO (total) concentrations 392 

(both have ~19 wt. % FeO (total) (Gellert et al. 2006; Day et al. 2006)).  Five rocks at Gusev 393 

crater have 45 to 54% of their total iron present as magnetite for FeO + Fe2O3 concentrations 394 

between 17 and 21 wt.% (Morris et al. 2008a).  In addition, serpentinite and other secondary 395 

origins for magnetite usually are associated with nearly pure Fe magnetite, with little to no TiO2 396 

(e.g., Gahlan et al. 2006).  For these reasons, we favor a < 1000 °C igneous origin for the 397 

magnetite, perhaps formed upon cooling. 398 

If the redox state of martian magmas is controlled by polybaric carbon-iron equilibria, as 399 

proposed by Righter et al. (2008), it implies origination at greater depths (pressures of 3 to 4 400 

GPa).  Such melts, upon decompression, will become more oxidized.  Calculations based on the 401 

previous work of Kress and Carmichael (1991) suggested that fO2 may be increased by 402 

approximately 1 log fO2 unit, and our new work has confirmed this magnitude of an effect for 403 

FeO-rich martian melts.  Decompression of a high FeO melt will only lead to fO2 that is higher 404 

by one log fO2 unit (Figure 10).   Therefore decompression will allow some oxidation, but not as 405 
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much as expected from a terrestrial basalt.  Because dry deep magmas are likely to be too dense 406 

to ascend through the crust, deeper magmas would have to be volatile-bearing, perhaps with a 407 

few wt% H2O, so that the densities could be lowered enough to be buoyant and ascend through 408 

the crust (Figure 12).  Water has been suggested to be a factor in various aspects of martian 409 

magmas (e.g., Lentz et al. 2001; Dann et al. 2001; Medard and Grove 2006).  Hydrous conditions 410 

might also increase the Fe3+/ΣFe  ratio and thus expand the magnetite stability field (Minitti and 411 

Rutherford 2000).  Even though experimental evidence from basaltic systems suggests water is 412 

not a significant oxidant (Moore et al. 1995; Botcharnikov et al. 2005), the high FeO martian 413 

systems may have different behavior.  But, the higher FeO martian melts would require a 414 

proportionately larger effect of water on the Fe3+/ΣFe to alter the ratio significantly.  415 

Nonetheless, in future experiments, the effect of dissolved water on melt Fe3+/ΣFe will be 416 

explored.   417 

6.0 Summary and Conclusions: 418 

One bar shergottite composition glasses equilibrated at FMQ-3 to FMQ+3 show a 419 

significantly lower Fe3+/ΣFe than terrestrial basalts equilibrated at the same conditions.  As melt 420 

P2O5 contents increase from 0 to 3 wt% (at fixed pressure, temperature and fO2), Fe3+/ΣFe 421 

changes from 0.07 (±0.02) to 0.05 (±0.02), within analytical error.  Temperature increases 422 

between 1200 and 1500 °C similarly cause no measurable variation in Fe3+/ΣFe.  Pressure 423 

increases from 1 to 4 GPa causes a decrease of 0.06 in the Fe3+/ΣFe.  The trends with pressure 424 

and temperature are in agreement with results of previous studies.  Combining our new series of 425 

data allows derivation of an expression to calculate Fe3+/Fe2+ for high FeO melts such as martian 426 

magmas: 427 

ln(Fe3+/Fe2+) = a lnfO2 + b/T + cP/T + dXFeO + eXAl2O3 + fXCaO + gXNa2O + hXK2O + iXP2O5. 428 
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This expression can be used to show that decompressed FeO-rich melts become slightly more 429 

oxidized upon ascent to the surface (compared to 4 GPa).  Magnetite stability is suppressed by 430 

the lower Fe3+/Fe2+ of the high FeO melts, and low Fe3+/ΣFe in martian melts will have 431 

important controls on phase equilibria.  Magnetite stability is a function of Fe2O3 and 432 

temperature and is stable ~50 °C lower than typical terrestrial basalt.  Difficulty in producing 433 

magnetite in near liquidus magmatic systems indicates that many martian basalts could be more 434 

oxidized than FMQ (and not represented in meteorite collections), or that the magnetite formed 435 

upon cooling below 1000 °C, consistent with the presence of titano-magnetite in the groundmass 436 

of shergottites and the mesostasis of nakhlites.  Alternatively, magnetite may have a secondary 437 

origin, but such magnetites are expected to be TiO2-free; compositional measurements on 438 

magnetic particles indicate Ti-bearing magnetite at Gusev crater. 439 

 440 
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 647 

Figure Captions 648 

Figure 1: Experiments defining the stability of magnetite in terrestrial basaltic systems (Nielsen 649 

et al. 1994; Snyder et al. 1993; Thy and Lofgren 1994; Toplis and Carroll 1995) and Fe3+/ΣFe 650 

calculated using Kress and Carmichael (1991). 651 

Figure 2: FeO vs. Al2O3 for experimental data used to predict the Fe3+/Fe2+ in terrestrial basalt.  652 

Experimental data (from Kress 1988, Kilinc et al. 1983; Kress and Carmichael 1991; Sack et al. 653 

1980; shergottites data from Lodders and Fegley 1999 compilation) do not overlap with the 654 

FeO*  or Al2O3 of shergottite compositions. Shergottites are plotted as FeO* because they have 655 

not typically been analyzed for Fe2O3 since most (~95%) of the iron is likely FeO.. 656 

Figure 3: Fe3+/ΣFe calculated for a Zagami-like shergottite using the expressions of Kress and 657 

Carmichael (1991) and Jayasuriya et al. (2004) along with data for FeO-rich glasses from Morris 658 

et al. (2008) and McCanta et al. (2004).  Note curves are calculated whereas the plotted data 659 

points are measured. 660 

Figure 4: Linear fit pressure calibration to solid state phase transitions for the G2 assembly.  661 

Pressure calibration was achieved using the quartz-coesite transition at 1000 °C (Bose and 662 

Ganguly 1995), the fayalite-gamma spinel transition at 1200 °C (Yagi et al. 1987), and the 663 

tetragonal garnet-orthorhombic perovskite transition of CaGeO3 at 1000 °C (Ross et al. 1986).  664 

See text for more details about the assemblies. 665 

Figure 5: Centroid peak energy vs. Fe3+/ΣFe for  a suite of  high FeO silicate glass standards 666 

measured independently using Mössbauer spectroscopy.  Samples used were glasses “IW”, 667 

“FMQ” and “CO2” from Morris et al. (2008a) and samples FMQ+1, FMQ+2, and FMQ+3 from 668 

this study.  Data were fit with a second order polynomial: Fe3+/ΣFe = 227764.5361(eV)2 – 669 

3239724.4555(eV) + 11520468.0971.   Centroid energy is the area-weighted average energy of 670 

the pre-edge peaks. 671 
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Figure 6: New results for glasses measured using Mössbauer spectroscopy illustrating that the 672 

Fe3+/ΣFe in shergottite composition remains low relative to curves calculated for terrestrial 673 

basalts such as mid ocean ridge (JDFD2) and Hawaiian (Kil-2) basalts (from Kress and 674 

Carmichael 1991).  One high FeO glass from Morris et al. (2008) may be anomalously low 675 

(FMQ+2.4). 676 

Figure 7: Effect of P2O5 (wt%) on Fe3+/ΣFe measured using Mössbauer spectroscopy – all 677 

experiments at 1250 °C and FMQ buffer.  The small variation of Fe3+/ΣFe with P2O5 is within 678 

analytical error, and even if it is real, it is not likely to cause magnetite destabilization.   679 

Figure 8: Back scattered electron images of magnetite stability experiments.  Magnetite is the 680 

brightest phase in these images – white.  A: experiment ZAG 063 (FMQ+2, 1150 °C) from 681 

McCoy and Lofgren (1999) showing glass and pyroxene, but no magnetite; B: experiment ZAG 682 

064 (FMQ+4, 1150 °C) from McCoy and Lofgren (1999) showing glass, pyroxene, and 683 

magnetite (bright phase); C: experiment FMQ-1, 1050 °C, in which there is glass and pyroxene, 684 

but no magnetite; D: experiment FMQ-1, 1000 °C in which there is glass, pyroxene, and 685 

magnetite; E: FMQ-1, 1050 °C for sherg 6 composition shows glass, pyroxene, feldspar, 686 

magnetite and phosphate; F: FMQ-0.5, 1050 °C for sherg 6 composition shows glass, pyroxene, 687 

feldspar, magnetite, ilmenite, and phosphate.  688 

Figure 9a: Effect of temperature on Fe3+/ΣFe for shergottite glasses at 1 GPa, FMQ-2 and 689 

variable temperature (shown as solid circles).  This suite of glasses is from Righter et al. (2009) 690 

and contain between 1800 and 2800 ppm S.  Shown for comparison are calculations using the 691 

expression of Kress and Carmichael (1991) for 1 GPa at FMQ.  Figure 9b: Effect of pressure on 692 

Fe3+/ΣFe for shergottite glasses at 1500 ºC and variable pressure (solid circles).  Shown for 693 

comparison are calculations using the expression of Kress and Carmichael (1991) for 1400 ºC 694 

and FMQ-1.  1400 ºC was used for comparison because if 1500 ºC was used the data overlap 695 

entirely with our data making the plot difficult to read. 696 

Figure 10: Calculation of ΔFMQ vs. pressure (with adiabatic gradient of 0.18K/km), for four 697 

different values of Fe3+/ΣFe: 0.02, 0.03, 0.05 and 0.08.  All indicate that a melt that is 698 

decompressed will become more oxidized by the time it reaches the surface, by approximately 1 699 

log fO2 unit. Curves calculated using equation (2) and the constants derived from multiple linear 700 

regression in Table 7.  701 
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Figure 11a: Comparison of magnetite saturation conditions (T and fO2) for a terrestrial 702 

ferrobasalt (Toplis and Carroll 1995) and a martian shergottite (this study).  High FeO shergottite 703 

melts saturate magnetite about 50 °C lower than terrestrial basalt.  Solid line is upper limit for 704 

magnetite in terrestrial compositions, and dashed line is the upper limit for magnetite in high 705 

FeO shergottitic compositions.  Figure 11b: ln(Fe2O3) vs. 10000/T for terrestrial basalt studies 706 

(Snyder et al. 1993; Thy and Lofgren 1994; Toplis and Carroll 1994, 1995) and our results for 707 

high FeO shergottite melts.  The general trend defined by terrestrial studies holds true for martian 708 

melt compositions as well at higher and lower temperatures than the terrestrial work.  Solid line 709 

defines the boundary between magnetite-bearing and magnetite-free experiments. 710 

Figure 12: Deeper magmas will be denser, but that may be offset by having volatiles (e.g., H2O 711 

or CO2) dissolved in the magma that will lower the density by as much as 0.2 g/cm3.   Plotted are 712 

densities and Mg# for liquids derived from fractional crystallization of Yamato 980459 713 

composition (Shirai and Ebihara 2004) at 1 bar, 1.0 GPa (both no water), and with 3 wt% water 714 

at 1.0 GPa.  All calculations done with MELTS algorithm (Ghiorso and Sack 1995) with fixed 715 

relative fO2 of FMQ buffer.  Mars crustal density from Nimmo and Tanaka (2005).  Densities 716 

were taken from MELTS results, which are calculated using Lange and Carmichael (1987).      717 

 718 
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Table 1: Starting compositions 719 

Oxides Sherg 6  Sherg 1 

  

  

SiO2 50.0  53.00 
TiO2 1.3  1.30 
Al2O3 10.0  5.00 
FeO 18.5  21.00 
MnO 0.30  0.30 
MgO 8.5  5.00 
CaO 8.50  10.50 
Na2O 1.6  1.60 
K2O 0.3  0.30 
P2O5 0.6  0.60 

    
Total 99.60  98.60 

 720 

721 
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 722 

Table 2: Experimental run conditions 723 

Run # Δ FMQd Duration Pressure Temp. (ºC) composition Run products Capsule 
or loop 

        
Sh1-FMQ+3 +3 72 hrs 1 bar 1250 Sherg 1 glass Re loop 
Sh1-FMQ+2 +2 72 hrs 1 bar 1250 Sherg 1 glass Re loop 
Sh1-FMQ+1 +1 72 hrs 1 bar 1250 Sherg 1 glass Re loop 

Sh1-FMQ 0 72 hrs 1 bar 1250 Sherg 1 glass Re loop 
Sh1a-FMQ 0 72 hrs 1 bar 1250 Sherg 1 glass Re loop 
Sh1b-FMQ 0 72 hrs 1 bar 1250 Sherg 1 glass Re loop 
Sh1c-FMQ 0 72 hrs 1 bar 1250 Sherg 1 glass Re loop 
Sh1-FMQ-1 -1 72 hrs 1 bar 1250 Sherg 1 glass Re loop 
Sh1-FMQ-2 -2 72 hrs 1 bar 1250 Sherg 1 glass Re loop 
Sh1-FMQ-3 -3 72 hrs 1 bar 1250 Sherg 1 glass Re loop 

        
ZAG-053  a 0 72 hrs 1 bar 1260 Synth. Zagami Glass  Pt loop 
ZAG-063  a +2 72 hrs 1 bar 1150 Synth. Zagami Glass Pt loop 
ZAG-064  a +4 72 hrs 1 bar 1150 Synth. Zagami Glass + magt Pt loop 

        
IW c -3.5 16 hrs 1 bar 1300 Mars global avg. soil Glass  Pt cruc. 

FMQ c 0 16 hrs 1 bar 1300 Mars global avg. soil Glass  Pt cruc. 
CO2 c +7 16 hrs 1 bar 1300 Mars global avg. soil Glass  Pt cruc. 

        
Sh1-1050-FMQ-1 -1 96 hrs 1 bar 1050 Sherg 1 Glass, pyrox Re loop 

Sh1-1050-FMQ-0.5 -0.5 96 hrs 1 bar 1050 Sherg 1 Glass, pyrox Re loop 
Sh1-1050-FMQ 0 96 hrs 1 bar 1050 Sherg 1 Glass, pyrox Re loop 

Sh1-1050-FMQ+0.5 +0.5 96 hrs 1 bar 1050 Sherg 1 Glass, pyrox Re loop 
        

Sh6-1050-FMQ-1 -1 96 hrs 1 bar 1050 Sherg 6 Glass, pyrox, mgnt, ilm Re loop 
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Sh6-1050-FMQ-0.5 -0.5 96 hrs 1 bar 1050 Sherg 6 Glass, pyrox, mgnt, ilm Re loop 
Sh6-1050-FMQ 0 96 hrs 1 bar 1050 Sherg 6 Glass, pyrox Re loop 

Sh6-1050-FMQ+0.5 +0.5 96 hrs 1 bar 1050 Sherg 6 Glass, pyrox Re loop 
        

Sh1-1100-FMQ-1 -1 96 hrs 1 bar 1100 Sherg 1 Glass, phos, pyrox Re loop 
Sh1-1050-FMQ-1 -1 96 hrs 1 bar 1050 Sherg 1 Glass, phos, pyrox Re loop 
Sh1-1000-FMQ-1 -1 96 hrs 1 bar 1000 Sherg 1 Glass, mgnt, pyrox, 

phos 
Re loop 

Sh6-1000-FMQ-1 -1 168 hrs 1 bar 1000 Sherg 1 Glass, mgnt, pyrox, 
phos 

Re loop 

        
21 b -2.5 2 hrs 0.8 GPa 1300 Sherg 1 Glass  graphite
20 b -2.5 6 hrs 0.8 GPa 1300 Sherg 1 Glass  graphite
16 b -2.5 5 hrs 0.8 GPa 1350 Sherg 1 Glass  graphite
13 b -2.5 4 hrs 0.8 GPa 1400 Sherg 1 Glass  graphite
6 b -2.5 2 hrs 0.8 GPa 1450 Sherg 1 Glass  graphite
29 b -2.5 1 hrs 0.8 GPa 1500 Sherg 1 Glass  graphite

        
ShR-1 -3.0 3 hrs 1 GPa 1400 Sherg 1 Glass  Mo 
ShR-2c -2.5 3 hrs 1.5 1400 Sherg 1 Glass  graphite
ShR-2b -3.0 3 hrs 1.5 1400 Sherg 1 Glass  Mo 

612 -2.5 3 hrs 2.0 1500 Sherg 1 Glass  graphite
ShR-4a -3.0 2 hrs 3.0 1500 Sherg 1 Glass  Mo 
ShR-4b -2.5 2 hrs 3.0 1500 Sherg 1 Glass  graphite

BJJB-187 -3.0 22 min 4.0 1600 Sherg 1 Glass  Mo 
BJJB-188 -2.5 20 min 4.0 1600 Sherg 1 Glass  graphite
BJJB-189 -2.5 20 min 4.0 1600 Sherg 1 Glass  graphite

        
a- Experiments from McCoy and Lofgren (1999) 724 
b- Experiments from Righter et al. (2009) 725 
c- Experiments from Morris et al. (2008a) 726 
d- ΔFMQ is fO2 relative to the fayalite-magnetite-quartz buffer of O’Neill et al. (1987).727 
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 728 

Table 3: Analyses of experimental glasses (Fe3+/ΣFe determined by Mössbauer for 1 bar glasses and XANES for all others) 729 

 capsule T P ΔFMQ logfO2 SiO2 TiO2 Al2O3 FeO MnO MgO CaO Na2O K2O P2O5 Fe3+/ΣFe Total 
FMQ+3 Re loop 1250 1 bar 3 -4.76 55.33 1.3 4.27 19.3 0.26 5.05 10.34 1.81 0.26 0.36 0.28 98.27 
FMQ+2 “ 1250 1 bar 2 -5.76 55.76 1.27 4.48 19.2 0.24 5.17 10.33 1.76 0.26 0.37 0.21 98.82 
FMQ+1 “ 1250 1 bar 1 -6.76 55.15 1.24 4.56 19.8 0.26 4.87 10.23 1.82 0.26 0.36 0.13 98.58 

FMQ 0.69 
P2O5 “ 1250 1 bar 0 -7.76 55.99 1.2 4.5 19.5 0.38 4.83 10.34 1.7 0.27 0.31 0.07 99.00 

FMQ 1.0 P2O5 “ 1250 1 bar 0 -7.76 54.43 1.29 5.17 19.2 0.32 5.37 10.97 1.61 0.37 0.02 0.06 98.79 
FMQ 1.5 P2O5 “ 1250 1 bar 0 -7.76 54.22 1.22 4.96 19.3 0.42 4.96 11.09 1.41 0.33 1.4 0.07 99.30 
FMQ 3.0 P2O5 “ 1250 1 bar 0 -7.76 51.65 1.46 5.03 20.4 0.41 5.23 10.62 1.33 0.2 2.71 0.05 98.99 

FMQ-1 “ 1250 1 bar -1 -8.76 55.81 1.25 4.88 18.7 0.34 5.15 10.46 1.69 0.24 0.38 0.03 98.86 
FMQ-2 “ 1250 1 bar -2 -9.76 57.52 1.24 4.91 17.1 0.32 5.39 10.69 1.67 0.25 0.4 0.02 99.52 
FMQ-3 “ 1250 1 bar -3 -10.76 58.13 1.46 4.76 15.8 0.37 5.39 11.15 1.56 0.26 0.29 0.03 99.20 
ShR-2c C 1400 1.5 GPa -2.5 -8.37 54.12 1.37 4.77 18.7 0.25 5.61 10.1 1.79 0.25 0.39 0.06 97.39 

612 C 1500 2 GPa -2.5 -7.43 53.06 1.48 3.83 22.1 0.28 3.26 10.98 2.21 0.34 0.48 0.07 98.03 
ShR-4b C 1500 3 GPa -2.5 -7.15 53.60 1.24 4.56 18.9 0.3 7.11 9.4 1.69 0.25 0.39 0.06 97.233 

188 C 1600 4 GPa -2.5 -6.19 46.51 0.73 3.83 10.8 0.11 25.77 11.03 1.11 0.15 0.53 0.03 100.59 
6  C 1450 0.8 GPa -2.5 -8.16 52.4 0.76 4.6 17.7 0.2 10.2 10.76 1.48 0.3 0.63 0.02 99.03 
13  C 1400 0.8 GPa -2.5 -8.58 51.1 0.61 4.6 15.1 0.21 12.4 11.84 1.11 0.13 0.61 0.03 97.70 
16  C 1350 0.8 GPa -2.5 -9.02 53 0.78 5.8 14 0.22 11.8 11 1.16 0.19 0.63 0.02 98.57 
20  C 1300 0.8 GPa -2.5 -9.49 45.3 1.44 8.1 27.8 0.36 3.1 8.36 2.34 0.46 1.11 0.02 98.34 
21  C 1300 0.8 GPa -2.5 -9.49 49.5 0.66 7.6 18.1 0.34 9.2 11.78 1.18 0.2 0.64 0.02 99.17 
29 C 1500 0.8 GPa -2.5 -7.77 54.9 1.78 6.02 17.2 0.17 6.31 9.08 1.63 0.41 0.77 0.04 98.30 

189 C 1600 4 GPa -2.5 -6.19 46.75 1 2.93 15.9 0.21 18.1 10.92 1.49 0.2 0.45 0.03 97.98 
ShR-1 Mo 1400 1 GPa -3 -9.02 53.51 0.98 3.42 16.9 0.13 5.8 12.81 2.7 0.39 0.21 0.16 97.01 
ShR-2b Mo 1400 1.5 GPa -3 -8.87 53.10 1.02 3.48 21 0.31 5.49 10.09 1.87 0.25 0.41 0.07 97.02 
ShR-4a1 Mo 1500 3 GPa -3 -7.65 53.42 0.91 4.36 20.2 0.22 6.2 9.52 1.81 0.24 0.36 0.12 97.27 

187 Mo 1600 4 GPa -3 -6.69 53.59 0.94 5.43 18.9 0.34 4.83 9.74 1.79 0.26 0.41 0.05 96.19 
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 730 

Table 4: Subliquidus magnetite stability experiment phases 731 

 phase SiO2 TiO2 Al2O3 Fe2O3 FeO MnO MgO CaO Na2O K2O P2O5 Total 
FMQ-1, sherg1 gl 57.7 1.06 6.94 - 18.66 0.25 3.65 8.90 1.17 0.38 0.59 99.30 

1000 C px 49.28 0.60 0.61 - 26.84 0.43 8.40 12.40 0.14 0.01 0 98.72 
 Mgnt # 0.43 25.97 1.73 - 65.69 0.34 0.72 0.28 0 0.02 0 95.20 
     11.82 55.05       96.34 
              

FMQ-1, sherg1 gl 54.6 1.76 5.68 - 19.84 0.27 4.64 10.08 1.52 0.33 0.48 99.20 
1050 C px 50.38 0.59 0.61 - 22.69 0.46 9.31 15.34 0.23 0 0.05 99.66 

 qtz 98.87 0.12 0.65 - 0.64 0.01 0.08 0.20 0.25 0.02 0 100.84 
              

FMQ+0.5, sherg1 gl 57.07 1.85 7.59 - 20.86 0.26 1.59 7.33 2.35 0.47 0.67 100.03 
1050 C px 50.61 0.46 0.58 - 21.0 0.39 9.98 16.36 0.26 0.00 0.06 99.70 

 qtz 97.67 0.22 2.06 - 0.48 0 0 0.12 0.64 0.01 0.03 101.24 
              

FMQ-0.5, sherg1 gl 56.2 1.78 6.52 - 19.89 0.26 2.35 8.35 2.12 0.40 0.55 98.42 
1050 C px 50.76 0.64 0.48 - 23.06 0.43 9.02 15.64 0.16 0 0.03 100.21 

              
ZAG 063 gl * 48.8 1.12 8.66 - 19.8 0.52 5.60 9.95 2.01 0.19 0.85 97.47 

              
ZAG 064 gl * 59.9 1.07 9.58 - 9.48 0.43 4.95 8.23 2.31 0.26 1.08 97.29 

 Mgnt# 0.88 1.09 2.43 - 81.25 0.75 6.56 0.23 - - - 93.23 
     32.60 54.07       99.50 

 732 

*Analysis from McCoy and Lofgren (1999)  733 
# totals for magnetite are low due to presence of some Fe2O3 ; analyses were recalculated according to charge balance and stoichiometry and 734 
adjusted totals are shown on the line below each magnetite analysis. 735 

736 
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 737 

Table 5. P2O5 concentrations, Mössbauer parametersa, and Fe3+/ΣFe ratio for shergottite composition glasses. 

  Fe2+ Doublet Fe2+ Doublet Fe3+ Doublet  

 P2O5 

(wt.%) 
δ 

(mm/s) 

ΔEQ 

(mm/s)

FWHM 

(mm/s) 

A 

(%) 
δ 

(mm/s)

ΔEQ 

(mm/s) 

FWHM 

(mm/s) 

A 

(%) 
δ 

(mm/s) 

ΔEQ 

(mm/s) 

FWHM 

(mm/s) 

A 

(%) Fe3+/ΣFe 

Sherg1, FMQ+3 0.7 1.05 2.11 0.51 45 0.99 1.56 0.51 27 0.34 1.15 0.65 28 0.28 

Sherg1, FMQ+2 0.7 1.06 2.17 0.47 44 1.00 1.60 0.47 36 [0.34]b [1.15] [0.65] 20 0.20 

Sherg1, FMQ+1 0.7 1.06 2.14 0.49 49 1.00 1.58 0.48 38 [0.34] [1.15] [0.65] 13 0.13 

Sherg1, FMQ 0.7 1.06 2.15 0.50 51 1.00 1.58 0.50 42 [0.34] [1.15] [0.65] 7 0.07 

Sherg1a, FMQ 1.0 1.06 2.18 0.50 53 1.00 1.61 0.50 41 [0.34] [1.15] [0.65] 6 0.06 

Sherg1b, FMQ 1.5 1.06 2.19 0.51 50 1.00 1.60 0.51 43 [0.34] [1.15] [0.65] 7 0.07 

Sherg1c FMQ 3.0 1.05 2.15 0.50 54 0.99 1.56 0.50 41 [0.34] [1.15] [0.65] 5 0.05 

Sherg1, FMQ-1 0.7 1.06 2.15 0.50 55 1.00 1.55 0.50 42 [0.34] [1.15] [0.65] 3 0.03 

Sherg1, FMQ-2 0.7 1.06 2.14 0.49 54 0.99 1.56 0.49 44 [0.34] [1.15] [0.65] 2 0.02 

Sherg1, FMQ-3 0.7 1.05 2.12 0.50 57 0.99 1.53 0.50 40 [0.34] [1.15] [0.65] 3 0.03 

               

ZAG 053, FMQ --- 1.06 2.18 0.50 55 1.00 1.52 0.50 43 [0.34] [1.15] [0.65] 3 0.02 

               

Uncertaintyc --- ±0.02 ±0.02 ±0.02 ±2 ±0.02 ±0.02 ±0.02 ±2 ±0.02 ±0.02 ±0.02 ±2 ±0.02 

aMössbauer parameters: δ = center shift referenced to the midpoint of the spectrum of metallic iron foil at room temperature; ΔEQ = quadrupole splitting; 

FWHM = full width at half maximum intensity; A = subspectral area (f-factor corrected). 
bParameters in square brackets are initial values and were constrained to those values during the least-squares fitting procedure. The values δ, ΔEQ, and FWHM 

for the Fe3+ doublet subspectrum were calculated from the spectrum for  Sherg1 (FMQ+3)), and those values were used as fitting constraints for the other 
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spectra. 
cUncertainty for non-constrained parameters. 

 738 
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Table 6: XANES data for experimental glasses 739 

Sample 

 Area 1 Center 1 Area 2 Center 2 centroid Fe3+/ΣFe 

ZAG-064 0.1089 7.112790 0.4365 7.114280 7.113982 0.80 

ZAG-063 0.3944 7.112430 0.2487 7.114000 7.113037 0.15 

sh1-1000-FMQ-1 0.2677 7.112300 0.1192 7.113690 7.112728 0.03 

sh1-1050-FMQ  0.4104 7.112400 0.2073 7.113820 7.112876 0.08 

sh1-1050-FMW+0.5  0.4636 7.112370 0.1731 7.113720 7.112737 0.03 

sh6-1050-FMQ-0.5  0.2211 7.112380 0.0692 7.113540 7.112656 0.01 

6  0.2996 7.112350 0.1088 7.113660 7.112699 0.02 

13  0.3715 7.112390 0.1236 7.113720 7.112722 0.03 

16 0.4384 7.112370 0.1490 7.113670 7.112700 0.02 

20  0.44 7.1124 0.1490 7.113670 7.112700 0.02 

21  0.2954 7.112390 0.0942 7.113680 7.112702 0.02 

29  0.2825 7.112410 0.0997 7.113790 7.112770 0.04 

612  0.6256 7.112460 0.2432 7.113860 7.112852 0.07 

ShR-1 0.3078 7.112490 0.1687 7.114080 7.113053 0.16 

ShR-2B 0.3096 7.112470 0.1175 7.113870 7.112855 0.07 

ShR-2C 0.4346 7.112430 0.1659 7.113820 7.112814 0.06 

ShR-4A 0.3275 7.112490 0.1503 7.114030 7.112975 0.12 

ShR-4B 0.3709 7.112340 0.1685 7.113860 7.112815 0.06 

BJJB-187  0.2557 7.112400 0.0972 7.113790 7.112783 0.05 

BJJB-188 0.1307 7.112260 0.0816 7.113960 7.112913 0.10 

BJJB-189 0.2995 7.112330 0.1196 7.113730 7.112730 0.03 

 740 

741 
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Table 7: Fit parameters for equation (2); n = 22, r = 0.931; std. err = 0.41 742 

Constant value error

a (lnfO2) 0.22 0.039

b  (1/T) 3800 580

c (P/T) -370 35

d (XFeO) -6.6 1.7

e (XAl2O3)  7.3 3.1

f (XCaO)  17.3 9.8

g (XNa2O)  132.3 25.8

h (XK2O) -147.8 32.5

i (XP2O5) 0.60 0.21

j (constant) -4.26 0.55

  

  

  

  

  

 743 

 744 
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